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Preface

Over the past decade or so, stratospheric ozone has been a subject of intense research
that has vastly improved our understanding of the subject. And although it cannot
be said that a scientific subject is ever completely “solved”, there is little argument
that our understanding of stratospheric ozone is far better now than it was even 5
years ago. Further, as our knowledge and understanding have matured, there has
been a natural slowing in the rate of discoveries and in the development of new
theoretical insights. The field has progressed to the stage that the theories are
adequate not only to explain past experiments but also of accounting for most new
experimental findings. As a result, [ feel that it is now possible to write a textbook
detailing our knowledge of stratospheric ozone that will (hopefully) remain relevant
for some years.

In this book I present an account of what I have learned in the past 11 years about
the physical processes that regulate stratospheric ozone. The presentations assume
knowledge of the atmosphere at the level of an advanced undergraduate in atmos-
pheric sciences, but it requires no specialized knowledge of chemistry or the strato-
sphere. To help those not famuliar with stratospheric chemistry. a glossary is
provided at the end of the book that defines commonly used terms i the field.

Deciding what material to include and exclude was a difficult task, and I regret
that there are several subject areas that reccive only fleeting coverage. In particular,
I would have liked to include more about stratospheric dynamics, radiative transfer,
and kinetics. | take some solace, however, in the knowledge that no book is ever truly
complete—~-any attempt on my part at writing a book that included everything about
a subject would have meant the book would never have been written.

vii
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Chapter 1 The Ozone Problem

The atmosphere is traditionally divided into layers on the basis of temperature
(Figure 1.1). The lowest layer of the atmosphere, the troposphere, is character-
ized by decreasing temperature with increasing altitude. It contains ~90% of the
muass of the atmosphere, as well as most of the Earth's clouds and weather. The
temperature minimum located between 10 and 15 km altitude (~100 and 200 hPa
pressure) is called the tropopause, and it demarcates the boundary between
the troposphere and the layer above 1t, the stratosphere, In the stratosphere, the
temperature increases with altitude, primarily because of heating from the
absorption of ultraviolet radiation by ozone. The stratosphere contains ~9.9% of
the mass of the atmosphere. The temperature maximum near 50 km (~1 hPa) is
called the stratopause, and marks the boundary between the stratosphere and the
layer above it, the mesosphere. In the mesosphere, the temperature again
decreases with altitude, primarily because of radiative cooling by carbon diox-
ide (CO,). The top of the mesosphere is bounded by a temperature minimum
called the mesopause. Above the mesopause sits the thermosphere. In this book,
we are concerned almost exclusively with the stratosphere.

Molecular nitrogen (N,) and molecular oxygen (Q,) make up ~99% of the mass
of the atmosphere. Because N, is about four times more abundant than O,, the
average molecular weight of the atmasphere 15 ~29 g mol”'. Of the remaining
~1%, there are several gases whosce abundunce in the atmosphere is small but
whose impact on the atmosphere is not. Many of these gases absorb photons with
wavelengths in the thermal infrared (between a few and ~20 pm), where O, and
N, are essentially transparent. As a result, these trace gases, which include CO,,
witer vapor (H.0O), and ozone (O;), exert an important influence on the Earth's
climate.

The atmosphere also filters the solar radiation reaching the surface. Most solar
radiation incident on the top of the atmosphere is in the wavelength range
between ~100 nm and a few micrometers. Wavelengths less than 200 nm are
absorbed fairly high in the atmosphere (50-150 km altitude) by O,. N,, and O
(see Chamberlain and Hunten [1], Section [.5.1), while wavelengths greater than
~300 nm can penetrate to the Earth’s surface. For wavelengths between 200 and
300 nm, ozone (0O,) is the primary absorber, and without O; much of this



2 1 The Ozone Problem

Pressure (hPa)

0.01 0.1 1 10 100 1000
100—1|llllll 4. lllllll[ 1 llllllll 1 lSllllI' 1 IIIHU‘ 1 llllllll
- Temperature
. Mesopause «vees Pressure
80
Mesosphere
£ 60 —
53
@
kel
3
2 w0 )
< -]
Stratosphere Stratopause
20 —
Tropopause
T
o Troposphere
- T T 1 I I
200 220 240 260 280

Temperature (K)

Figure 1.1 Typical temperature and pressure profiles. Based on the 1976 US Standard
Atmosphere,

radiation would reach the ground. The role O, plays in absorbing these photons
18 crucial because a photon of 250 nm wavelength has an energy of ~5 eV,
enough to break chemical bonds in DNA or interferc in other ways with bio-
logical processes {2—4].

Luckily for the Earth’s various life forms, O; has a prodigious ability to absorb
radiation with wavelengths between 200 and 300 nm. At its maximum at 250 nm,
the absorption cross-section of O, is 1.15x {0""" cm’?, dropping to 3.4x 107" cm®
at 300 nm (see DeMore ¢r al. |5], Table 7). To get an idea of how etfective O,
is as an absorber, we can estimate the transmission of radiation through a typical
atmospheric column using the Lambert--Beer exponential absorption law:

Tr = exp(—0C) (L.1)
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where Tr is the fraction of the incident beam that is transmitted, ¢ is the cross-
section of Oy at that wavelength (cm*), and € is the total column abundance of O,,
which is typically around 10" molecules cm’. At 250 nm, the transmission is
~107%, This is a phenomenally small number, and indicates that essentiaily none
of the 250 nm radiation incident on the top of the atmosphere makes it through
the O, to the surface. At 300 nm, where the O, cross-scction is considerably small-
er, about 3% of the incident beam makes it to the surface.

The study of O, has become a subject of public interest since it was noted that
the effluents of our society might lead to a gradual lowering of the amount of O,
in the atmosphere. This reduction, in turn, would lead to enhanced ultraviolet radi-
ation at the surface of the Earth, which would be detrimental to various life forms
at the surface. Much of the research detailed in this book was performed with
the poal of better understanding the processes by which mankind affects the abun-
dance of O,. For a history of the ecarly research into O,, see Dobson {6} and
Nicolet |7}.

O, is also an important component of the atmosphere for other, less politically
charged reasons. One of these is the role O, plays in the energy balance of the strat-
osphere. As discussed above, O, is a prodigious absorber of ultraviolet photons. In
addition, O, also absorbs strongly in the infrared, especially near 9.6 pm [8]. This
absorption of solar and infrared radiation heats the stratosphere, and is one of the
main reasons the temperature of the stratosphere increases with height.

On an annual and global mean, the stratosphere is approximately in radiative
equilibrium. The absorption of solar and infrared radiation by O; exceeds the emis-
sion of infrared radiation by O, by about 15 W m™. Thus, O, is a net heat source for
the stratosphere. This net heating of the stratosphere is balanced by the net infrared
cooling of CO, and H,0 [9].

Stratospheric O, alsu causes a net heating of the troposphere—surface system.
Solar absorption by stratospheric O reduces the input of solar energy to the
troposphere—surface system by 7 W m °. Downward infrared emission by stratos-
pheric O, on the other hand, warms the troposphere—surface system by 2 W m™%.
Enhanced infrared emission from stratospheric CO, and H,0 owing to the high-
er stratospheric temperatures warms the troposphere-—-surface system by 7 W m *.
The net effect is a warming of the troposphere-surface system by about
2 Wm '’ [9]. Depletion of stratospheric O, will therefore tend to cool the
surface [10], although the exact magnitude and sign of the effect is dependent
on the altitude of O, changes [11].

O, is indeed an important molecule in the stratosphere. Because it plays a role in
s0 many aspects of the stratosphere, an understanding of O, requires the develop-
ment of an integrated view of the dynamical, chemical, and radiative processes of the
stratosphere. Such a view bridges traditional disciplines of chemistry and physics,
and is emblematic of the necessity of thinking broadly in order to understand the
problems confronting Earth.
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1.1 The Ideal Gas Law

Before talking about O, let us first discuss the ideal gas law, which relates pressure,
density, and temperature:

pressure = constant x density X temperature (1.2)

In stratospheric research, pressure is usually expressed in hectopascals (hPa) or mil-
libars (mb), which are equivalent units, e.g. 1 hPa = 1 mh. Pressure is also occa-
sionally expressed in torr (1 torr = 1.3332 hPa). When using the ideal gas law, how-
ever, pressure must generally be converted to the MKS unit pascal (Pa; 1 Pa =
0.01 hPa =1 kg m™' s7). Temperature is always expressed in degrees kelvin (K). The
constant used determines the form of density. If the constant is the universal gas con-
stant (R = 8.31 I mol™ K"') then the density is in moles per cubic meter (mol ' m™).
If the constant is the gas constant for dry air (R = 287 ] kg™' K'') then the density is
in kilograms per cubic meter (kg m™). Finally, if the constant is Boltzmann's con-
stant (k = 1.38 % 10> J molecule ' K '), then the density is in molecules per cubic
meter—also known as the number density. It should be obvious that it is crucial to
make sure that the units in the equation are consistent. Failure to do so can result in
errors of several orders of magnitude and cause you to look foolish in front of your
colleagues. Trust me.

The most common form of density used in stratospheric rescarch is number den-
sity, almost always with units of molecules per cubic centimeter. If the pressure used
in the ideal gas law is the partial pressure of a gas, then the density determined will
be the density of that particular gas. The number density of constituent X (X = O,,
N,, O,, H,O, etc.) 1s generally denoted {X]. If the total pressure is used in the ideal
gas law, then the total number density, denoted [M], is determined. We will also use
the symbol M in chemical equations to refer to “any molecule”, without regard to its
elemental make-up. In practice, this means that M refers to N, and O,. A useful
shortcut to calculating number density is

{X] (in molecules cm ) = 7.25 x 10™P/T (1.3)

where pressure P is the partial pressure of X in hectopascals and temperature T is in
Kelvin. If P is the total pressure, then the total number density [M] is calculated.
Note that the sum of the number densities of the individual components of the
atmosphere must sum to the total number density—just as the sum of the partial
pressures must sum to the total pressure.

Another useful way of expressing the abundance of a constituent is the volume
mixing ratio (VMR). Conceptually, the VMR of constituent X is the fraction of mol-
ecules in a given volume that are X. Mathematically, the VMR is the ratio of the
number density of X to the total number density: | X}/[M]. VMRs are dimensionless
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and never exceed 1. Because the VMR is typically small, it is usually multiplied by
10°, 10°, or 10" to obtain parts per million by volume (ppmv), parts per billion by
volume (ppbv), or parts per trillion by volume (pptv), respectively. For example, a
VMR of 5x 10 “ or 5 ppmv of O, means that 5 out of every 1 x 10° (or 1 out of every
200,000) molecules in a sample is an O, molecule. Finally, the sum of the VMRs of
all of the constituents in an air mass must equal 1.

Why is the VMR useful? Assume that the number density of X in an air parcel
at pressure P, and temperature 7, is [X],. Now assume that the air parcel moves
to a new location in the atmosphere and the temperature and pressure change to
P.. and T,.. According to Boyle’s law and Charles’ law, the number density of

new mwews

X changes to

Xl = [X], 22 Lo (1.4)
new T 0 P(] ,rncw .

Now consider the VMR. The initial mixing ratio of X is [X]/[M],, where [M], is the
initial total number density. The VMR at the new temperature and pressure Is
[X}/tM ], where [X],... is given in Equation 1.4 and

new

M}, = [M]} — — (1.5)

new

new

Combining Equations (1.4) and (1.5), the VMR at the new location is

Xl _ X,
lMJnn\ lM]O

(1.6)

Thus, while the number density of a constituent changes when temperature or pres-
sure in an air mass change, the VMR does not. In other words, the VMR is conserved
for changes in the pressure or temperature of a parcel. This property makes VMR
useful. It should be noted that one can also define a mass mixing ratio (see problem
4 at the end of the chapter), but this is rarely used in stratospheric research.

1.2 Ozone Morphology

Figure 1.2 shows contours of both the number density and VMR of O, in the lati-
tude~height plane. O, reaches maximum values of both number density (4.6 x 10"
molecules cm * at ~25 km) and VMR (10 ppmv at ~32 km) over the equator. As one
moves away from the equator, the number density peak moves to lower altitudes, but
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Figure 1.2 Contours of (a) O; volume mixing ratio (ppmv) and (b) conlours of O, number
density (102 molecules cm™) in December 1992, Data are from the UARS Reference
Atmosphere Project (W. J. Randel, personal communication, 1998).

remains approximately constant at around 4 x 102~ 5 x 10" molecules cm *. The
peak in the VMR rises to higher altitudes as one moves away from the equator, and
the magnitude of the peak decreases.

Another quantity widely used in stratospheric science is “column O, This quan-
tity is the total number of molecules of O, in a column of unit cross-sectional area
(usually a square centimeter) running from the Earth’s surface to the top of the
atmosphere. Typical values of column O, range from 10" to 10" molecules of
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O, cm™. For simplicity, column O, is almost always expressed in Dobson Units
(DU). The Dobson Unit is the height of the O, in the column (in millicentimeters) if
compressed to standard temperature (273 K) and pressure (1 atm = 1013 hPa). For
example, I x 10" molecules of O, cm * would, if compressed to STP, form a volume
I cm by | cm in cross-sectional area and 0.37 ¢cm in height—which is 370 DU. From
Figure 1.2b. one can see that most of the O, in the stratosphere is located between
100 and 10 hPa. Because of this, this region has come to be known as the “ozone
layer”. Only a small fraction of the O, column lies above about 35 km, and about
10% of the O, column resides in the troposphere.

There are two reasons why column O, is of interest to researchers. First, it is rel-
atively easy to measure from the ground and from space. As a result, there is an
extensive record of column O, measurements, some of it extending back to the
1930s. Second. as mentioned earlier, the O, in the atmosphere screens the biologi-
cally dangerous short-wavelength portion of sunlight before it reaches the surface of
the Earth. It is the total column of O, that is the most important determinant of how
much of the harmful radiation is screened by the atmosphere—with how the O, is
distributed in the column being of less importance. Thus, column O is a crucial
quantity in determining how changes in the atmosphere affect the biosphere [4.3].

Figure 1.3 shows contours of northem hemisphere column O, on March 21, 1992,
The plot shows that, in general, colamn O, increases as one moves from the equator
toward the pole. In addition, there is significant longitudinal variability. At 60°N, for

Latitude

0 50 100 150 200 250 300 350
Longitude

Figure 1.3 Northern hemisphere mid-latitude column O, distribution on March 21, 1992
(black lines). Also shown are geopotential height contours on the 300 hPa surface (dotted
lines, no labels) from the UKMO analysis. Column O, values are version 7 TOMS data.
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example, column O; ranges from about 275 DU at 50° longitude to about 525 DU at
290° longitude,

Also shown on the plot are contours of geopotential height on the 300 hPa surface.
Much of the longitudinal variability in column O is associated with the lifting or
lowering of the upper troposphere by tropospheric weather systems. The reasonably
close correspondence between the column O, and the passage of weather systems
was first noted by Dobson [6], and will be discussed further in Chapter 5.

Figure 1.4a shows the annual cycle in column O, in 1979, Minimum column O,
values are found over the equator (~275 DU), with column O, increasing as one
moves away from the equator. At mid- and high latitudes there is a strong seasonal
cycle in column O;. At 60°S, average column O, varies from 315 DU in March, the
southern hemisphere late summer/early fail, to 425 DU in October, the southern
hemisphere early spring. A larger cycle occurs at 60°N, with average column O,
ranging from 320 DU in September, the northern hemisphere late sumimer/early fall,
to over 500 DU in March, the northern hemisphere late winter/early spring. Also
note that the high-latitude column O, maximum is larger in the northern hemisphere
(500 versus 425 DU), and appears near the pole in the northern hemisphere but con-
siderably off the pole in the southern hemisphere. These hemispheric differences in

:ﬁfﬁfﬁ) g
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~ 400
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——350
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column O, distribution are caused by differences in the stratospheric circulation in
the two hemispheres.

There are several aspects of these plots that might strike the reader as puzzling.
First, as we will discuss in Chapter 3, O, is produced by sunlight. Because the equa-
torial region receives considerably more sunlight than the poles, one might expect to
find higher column O, over the equator. This is not the case—instead, the regions of
high O, abundance do not correlate with the regions of high O, production. The
region with the highest production rate (the tropics) actually contains the lowest col-
umn O, abundances. Second, the high-latitude column O; maximum occurs in the
late winter and carly spring. after these regions have experienced several months of
total or near-total darkness. Again, this seems inconsistent with the fact that O, is
formed by sunlight.

These peculiarities in the column Oy distribution underscore the importance of the
transport of O, for understanding the O, distribution. O, is indeed predominantly

90 —
(b) 4!’:0 Q 275
300

80 | (

e 400
75 325
——— 30— 350 300 -
———— 3725 T2
30 —

) \ p

.é 0 275

S 275

Month of 1989

Figure 1.4 Contours of zonally and monthly averaged column O, (DU) in (2) 1979 and (b)
1989, Tick marks represent the middle of the month. The “H" symbol located in October at
high southemn latitude in 1989 marks the location of the ozone hole. Colurnn O, values are
version 7 TOMS data. TOMS requires sunlight for its measurements; the heavy solid line
marks the region where total darkness prevents data from being obtained.
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produced near the equator. However, poleward transport moves this O to higher
latitudes. The magnitude of the transport has a seasonal cycle which is a primary
contributor to the seasonal cycle in mid- and high-latitude column Os. The rate of
transport is largest in the winter, and this leads to the build-up of O, during the dark-
ness of high-latitude winter. We discuss stratospheric transport of O, in Chapter 5.

An aside: can you breath in the stratosphere?

Imagine that you are designing a high-speed supersonic passenger aircraft to fly in
the stratosphere at, say, 25 km. You might think that, to save weight, you would not
carry oxygen for the passengers to breath, but will instead compress stratospheric air
up to 1000 hPa and fill the cabin with that. Is this a good idea?

Probably not. First, air compressed adiabatically to 1000 hPa would have a tem-
perature equal to its potential temperature. Air at 25 km has a potential temperature
of about 600 K, so you would need to cool this air after compression but before it
was sent into the cabin—otherwise, the passengers would cook.

Second, it is generally believed that breathing high levels of O, can be harmful to
human health. Values of O, of over 100-150 ppbv are generally considered
unhealthy and to be avoided. In the stratosphere, O, abundances of ~4-7 ppmv, or
about 50 times greater than the unhealthy level, are typical. Obviously, you would
need to scrub this O, out of the air before it is sent into the cabin—otherwise you
would poison the passengers. And O, is not the only toxic constituent in the strato-
sphere: there are several others that would have to be removed prior to breathing the
air.

From this it is clear that the stratosphere is a surprisingly toxic place, and you
would not want to breath it without treating the air to make it more hospitable.

1.3 The Decline of Qzone

Over the past few decades, the abundance of stratospheric O, has been declining.
Depending on the timing. magnitude, and location of the O, decline, the decrease of
stratospheric O is traditionally divided into several different scientific problems. We
will discuss these now.

1.3.1 The Antarctic “ozone hole”
One of the most important events in atmospheric science was the publication by

Farman ef al. [12] of measurements of column (3, taken over Antarctica between the
late 1950s and mid-1980s. Their data showed that the spring values of column O; in
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the mid-1980s were 50% lower than column O, measurements taken in the 1960s.
Further research showed the dramatic evolution of what has come to be known as the
Antarctic “ozone hole”. The Antarctic O, profile in late August 1993 Jooks normal
(Figure 1.5), with a column abundance of 287 DU. By mid-October, however, virtu-
ally all of the O, between 14 and 19 km altitude has been destroyed, reducing the
column to below 100 DU. The area of the ozone hole (as defined by the 220 DU con-
tour) in 1992 and 1993 was about 25 x 10° km* (see WMO [13], Figure 1.28), or
about 10% of the southern hemisphere. The ozone hole can also be seen in Figure
{.4b in October.

Farman er al. [12] correctly postulated that this depletion of O, was related 1o the
build-up of man-made chlorofluorocarbons (CFCs), although it took several years
for the exact mechanisms to be deduced. Both scientifically and politically, this
observation of significant lower stratospheric O, loss was a shock. Prior to the
Farman et al. observation, state-of-the-art models had predicted that the continued
release of CFCs would result in decreases of O, in the upper stratosphere near 40 km
(see WMO [15], Chapter 13), with little effect lower in the atmosphere. Because

10
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Figure 1.5 O, profiles measured in the Antarctic vortex by balloon sondes in 1993 {14]. O,
abundance is expressed in partial pressure (mPa); dividing by the pressure yields the VMR
(e.g. 20 mPa at 100 hPa is 2 ppmv).
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little of the column’s O, is located in the upper stratosphere, trends in column O,
would only become observable sometime in the twenty-first century,

The unexpected observation of significant loss of O; in the lower stratosphere,
where the majority of the O; column resides, meant that something scientifically
interesting as well as potentially disastrous was occurring. The Antarctic ozone hole
1s now one of the most thoroughly studied and well-understood phenomena in the
atmosphere. It turns out that the unique meteorological properties of the southern
hemisphere polar region, in particular the low temperatures, combined with part per
billion concentrations of anthropogenic chlorine lead to unique polar chemistry that
results in rapid destruction of O,. It should be noted that this polar chemistry also
occurs in the Arctic, but, owing to differences in the meteorology of the hemispheres,
less O, loss occurs in the Arctic. This topic is discussed in detail in Chapter 7.

1.3.2 Mid-latitude trends

The Antarctic ozone hole is a dramatic and disturbing event, but its remote location
renders it effectively irrelevant to much of the world’s population, most of whom live
at northern mid-latitudes. Of great concern to this majority, however, is the rcaliza-
tion that O; is also decrcasing at mid-latitudes in both hemispheres. Figure 1.4a
shows the annual cycle of column Oy in 1979. A comparison with Figure 1.4b, the
annual cycle of column O; in 1989, shows definite differences. In general, the mid-
and high-latitude column O is about 5% lower in 1989 than it is in 1979. At low
latitudes, there is little or no difference in column Q.

It 1s important to not infer too much from the comparison between Figures 1.4a
and 1.4b. First, when comparing atmospheric measurements, one must take care not
to interpret random variability as a trend. We have not provided any evidence to
show that the differences in these column O, maps could not result from year-to-year
variability. Second, one must consider other factors, such as the solar cycle or peri-
odic meteorological phenomenon such as the quasi-biennial oscillation (QBO). The
observed differences between 1979 and 1989 column O, abundances might not be a
trend but part of a repeating cycle.

To identify trends in the data, researchers process the time series of column O,
data using statistical medels that remove all of the known sources of cyclical vari-
ability (e.g. solar cycle, annual cycle, quasibiennial oscillation) as well as random
variability [16,17]. Changes in O, that remain are attributed to chemical destruc-
tion by anthropogenic trace gases. Figure 1.6 shows the latitudinal distribution of
the column O, trend determined from such a model. It shows, in agreement with
our eyeball estimate, that column O, has decreased by 3-99% per decade at mid-
and high latitudes, with little change at low latitudes. The large erosion of column
O, at high southern latitudes is attributed to the growth of the ozone hole during
this period.
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Figure 1.6 Annually averaged column O, trend versus latitude. The trend was determined
from TOMS data (version 7) covering the time period between 11/78 and 10/94. (After
McPeters et al. [18], Figure 4a.)

Figure 1.7 shows the altitude dependence of the O, trend. In agreement with
Figure 1.6, there is little change in O, over the equator. The O, trends increase as one
moves away from the equator in both hemispheres. The large O, trend in the high-
latitude southern hemisphere near 100 hPa is again due to the growth of the Antarctic
ozone hole over the time period of the study.

As predicted in the mid-1980s (see WMO [15]. Chapter 13), there is indeed sig-
nificant loss of O, in the upper stratosphere (~2-1 hPa, ~45--50 km). As previously
discussed, however, only a few percent of the O, column is found in the upper
stratosphere, so significant reductions in O, in this region cause relatively small
changes in column O,. lnstead, most of the column O, resides in the mid- and lower
stratosphere, so it is the changes in this region that primarily determine changes in
the colummn.

Figure 1.8 shows the average northern mid-latitude trend between 1980 and 1996.
Over most of the stratosphere during this time, a statistically significant decline in
O, occurred. The greatest loss of O, (7% decade ) occurred in the upper and lower
stratosphere, with the least loss occurring in the mid-stratosphere. (See¢ also Randel
et al. [20].)
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Figure 1.7 Contours of annually averaged O, trend (% decade ') measured by the Nimbus-
7/SBUV instrument. The trend is calculated using data measured between 11/78 and 6/90
(see Hood er al. [19] for details on the statistical model used).
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Figure 1.8 Estimate of the mean trend (1980-96) using four instrument systems (SAGE,
Umbkehr, SBUV, and sondes) at northern niid-latitudes (thick line). The thin lines are the com-
bined 1- and 2-G uncerlainties. (After SPARC {21}, Figure 3.54)
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1.3.3 The eruption of Mount Pinatubo

The eruption of Mount Pinatubo, a volcano in the Philippines (15°N, 120°E), on
June 15, 1991 injected ~20 x 10'% g (20 Mt) of SO, into the stratosphere [22,23]. This
S0, is oxidized to sulfate, and this in turn leads to the formation and growth of small
liquid droplets comprised primarily of H,O and H,50,. These droplets, which are
known as stratospheric sulfate aerosols, can perturb the chemical composition of the
stratosphere two ways. First, they provide surfaces on which chemical reactions can
take place. Second, they intercept and scatter solar and infrared radiation, which
changes the heating of the stratosphere and the rates of photolytic reactions. The net
result of the increase in acrosols after the eruption of Mount Pinatubo was a decline
in column Oy over most of the globe.

Figure 1.9 shows globally averaged column O measurements between 1991 and
1993, the period 6 months before to about 2% years after the cruption. Also shown
are average, maximum, and minimum monthly averages for the period 1979-90.
Column O, was very close to the average in 1991, Starting in early 1992, about
6 months after the eruption. column O, begins a noticeable decline. By late 1992,
column O, was about 3% lower than pre-Pinatubo average column O, a difference
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Figure 1.9 Column O, (DU) averaged between 65°N and 65°S versus month of year.
Monthly averaged data for 1991, 1992, and 1993 are shown as the heavy solid line. The heavy
dashed hine is the monthly average for 1979-1990. The light dashed lines are the maximum
and minimum monthly averages between 1979 and 1990. Data are a combination of version
7 Nimbus 7/TOMS and Meteor/TOMS.
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that falls below the 1979-90 variability. By 1994 (not shown), column Oy began
recovering to its pre-eruption values. See also [24-26].

There is now a consensus that the low values of column O, in 1992-93 are
causally related to the injection of SO, into the stratosphere by the 1991 eruption of
Mount Pinatubo. We will discuss this further in Chapter 6.

1.4 In this beok ...

We hope that this brief introduction has sparked an interest in stratospheric O,. In the
rest of this book, our goal is to describe the chemical and physical processes that
determine the distribution and abundance of O, in the stratosphere, as well as the
chemical and physical processes that cause the Antarctic ozone hole, the mid-lati-
tude trends. and the decline of O, after the eruption of Mount Pinatubo. In so doing,
we hope to give the reader a sense of the beauty and elegance of stratospheric O,.

Problems

1. Show how the constant 7.25 x 10" in Equation (1.3) is derived. What would the
constant be if one expressed pressure in torr and wanted the density in mol em *?
And in g cm™®?

2. Unit-mania. Determine the density in the form requested, given the pressure and
temperature:

Form of density Temperature Pressure
molecules cm™ ~80°C 75 torr
kgm? 230K 30 mb
mol cm ™ 250 K 2 hPa

3. Mixing ratio.

(a) The VMR of O, in the upper stratosphere (3 hPa, 240 K} is 2 ppmv. What is the
number density of O,?

(b) If a parcel of this air is moved to the lower stratosphere (50 hPa, 210 K), what
is the VMR and number density of O, at the new location of the parcel? Assume
that there are no chemical changes in the parcel.

4. VMR and MMR. There are really two types of mixing ratio: volume mixing ratio
(VMR) and mass mixing ratio (MMR). As described above, the VMR of constituent
X is the ratio of number density of X to the ambient number density: [ X}/[M]. MMR
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is, analogously, the ratio of the mass density of X to the ambient mass density:
P/Pw- Write an expression to convert from VMR to MMR for H,0.

5. Pass the sunscreen! Assume column O, decreases by 50%. How does the number
of 250 and 300 nm photons reaching the surface change? If you were a sunscreen
manufacturer, would you be more concerned with changes in surface radiation at
250 or 300 nm? Assume that the absorption cross-section of O, is 1.153x 10 7 em®
and 3.4 x 10" cm? at 250 and 300 nm, respectively, and column O, is 350 DU before
it is halved.



Chapter 2 Fundamentals of Stratospheric Chemistry

Before we discuss the stratosphere in detail, we first review some of the fundamental
concepts of atmospheric chemistry and stratospheric science.

2.1 Kinetics

Thermodynamics reveals whether a process will occur spontaneously or not. For
example, at a pressure of 1 atm, ice is stable below 273.15 K. At higher temper-
atures, thermodynamics reveals that ice will spontaneously convert to water.
Common experience tells us that the time for an ice cube to melt at room tem-
perature 18 a few minutes. Surprisingly, thermodynamics also tells us that the dia-
mond form of carbon s unstable under typical atmospheric conditions and will
spontancously convert to graphite. Whoever said that “diamonds are forever”
apparently did not look up the free energy of the various forms of carbon. In
defense of the advertising executive who came up with the slogan, however, our
daily experience tells us that the conversion from diamond into graphite is slow,
occurring over time-scales much longer than advertising executives’ careers. In
other words, thermodynamics provides information about the eventual outcome of
a process. But it provides no mformation about the rate of the process. For stud-
ies of the chemistry of the atmosphere. however, a knowledge of the rate of a
process is crucial. In this section. we discuss what determines the rates of chem-
ical reactions, a field referred to as chemical kinetics.

2.1.1 First-order reactions

A first-order reaction is one in which a reactant spontaneously transforms itself into
one or more products. Examples of this include radioactive decay and isomerization.
The rate of a first-order reaction is equal to the product of a rate constant and the

abundance of the rcactant X:

rate = k[ X] (2.1)

h
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where £ 1s the first-order rate constant for the reaction, and it has units of inverse sec-
onds (s ). [X], the abundance of X, can be expressed in either number density or VMR
units. If [ X] is expressed in number density (molecules crn™), then the rate has units
of molecules per cubic centimeter per second (molecules cm * s ). If [X] is expressed
in volume mixing ratios (VMRs), then the rate is in VMR per second (VMR s57).

If there are no other sources or sinks of X, then the time derivative of [ X] is equal
to the instantaneous rate of the reaction:

X
———— = fate = —k[X] (22)
dt

The rate of a reaction is always a positive number, so the minus sign indicates that
X is being consumed.

Rearranging and integrating Equation (2.2) with the initial condition that the con-
centration of X at z = 0 is [X], yields an expression for {X] as a function of time #:

[X1(5) = [X]pe « (2.3)

Note that over any time interval 1/k, |X] is reduced by a factor of 1/e (1/2.72 =
0.368). As a result, 1/k 1s often referred to as the e-folding time or lifetime of X. The
concept of lifetime will be discussed at length later in this chapter.

Photolysis  Sunlight is composed of ultraviolet, visible, and near-infrared radiation
simifar to that emitted by a black body at ~5700 K (see Goody and Yung (8],
Appendix 9). These solar photons carry energies of 1 to a few electronvolts, enough
to break bonds in many molecules. As a result, the absorption of solar photons by
molecules in the atmosphere often results in the molecules being split into frag-
ments. This process, known as photolysis, is an important process i the strato-
sphere. A typical photolytic reaction is the photolysis of nitric acid (HNO.):

HNO, + Av — OH + NO, (2.4)

where fiv represents the energy of a photon.

Photolysis is usually treated as a first-order process, so that the rate at which a
molecule is split into fragments is the product of a photolysis frequency (typically
designated /) and the concentration of the molecule. The rate of Equation (2.4) is:

rate = J{HNO, ] (2.5
J. of course, has units of inverse seconds.

The photolysis frequency J at a given point in space and time is the integral of the
product of the photon flux ¢{4), the absorption cross-section o(A), and the quantum
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yield &(4). The integral extends over the portion of the solar spectrum whose pho-
tons have sufficient energy to dissociate the molecule:

I =13 goeAydA 2.6)

As indicated, all of the terms in the integral are generally functions of wavelength.
The photon flux ¢(A) is also a function of many other variables, including the total
amount of ozone located above the point, the albedo (reflectivity) of the surface, and
solar zenith angle (SZA). The absorption cross-section o(4) will often vary with
temperature. The quantum yield &A), the fraction of photons absorbed that leads to
fragmentation of the molecule, can also be a function of temperature. In most cases
the quantum yield is nearly 1, but it is often less at wavelengths near the energetic
cut-off for dissociation of the molecule. For more discussion of photolysis, see
Brasseur and Solomon [27], Chapter 4.

As mentioned above, the photolysis frequency is generally a strong function of the
SZA. The SZA is the angle between the Sun and the point located directly over the
observer’s head (the zenith). Thus, an SZA of 0° means that the Sun is directly over-
head, while an SZA of 90° means that the Sun is near the horizon. SZAs greater than
~90° mean that the Sun is below the horizon, i.e. it’s night-time. At night, photoly-
sis does not occur. It should be noted that for an observer in the stratosphere the sun
does not set exactly at 90° owing to the observer’s great height above the surface.
Instead, the Sun can still be seen several degrees past 90°, with the exact SZA of sun-
set depending on the observer’s altitude.

Figure 2.1 shows altitude profiles of the daytime-averaged photolysis frequencies
of several important trace constituents in the stratosphere. The change in the photo-
lysis frequency with altitude provides information about the wavelength dependence
of the absorption cross-section of the molecule. For example, NO, absorbs visible
radiation (wavelengths between 400 and 900 nm) strongly. Because the atmosphere
is essentially transparent to visible radiation, the radiation field is fairly constant
with height, and the photolysis frequency for this constituent shows little altitude
dependence. For species that absorb shorter-wavelength ultraviolet radiation, on the
other hand, the photolysis frequency shows significant dependence on altitude. This
arises because O, efficiently absorbs ultraviolet radiation, so there is more ultravio-
let radiation above the ozone layer, leading to higher photolysis rates there than at
lower altitudes. The photolysis frequency for HNO,, for example. decreases by more
than 2 orders of magnitude as one descends from the upper to the lower stratosphere.

Note that the Earth, clouds, and atmosphere radiate similar to a black body at
~200-300 K. These photons of terrestrial origin have wavelengths greater than
~4 pm and generally do not have enough energy to break bonds in molecules. The
absorption of these photons can, however, excite rotational and vibrational modes in
a molecule, and the interaction of these photons with the atmosphere has important
consequences for the Earth’s climate.
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Figure 2.1 Daytime average photolysis frequencies versus pressure for selected species. The
rates arc for typical mid-latitude conditions. The O, photolysis rate is the sum of the rates of

the OC'P) and O('D) product channels. The rates are calculated by the photolysis routine from
the Goddard three-dimensional Chemical Transport Model [28].

2.1.2 Second-order reactions

A second-order reaction 18 one with two reactants, such as the reaction between
chlorine monoxide (ClO) and atomic oxygen (O):

ClIO+ 00— Cl1+ 0, (2.7

and whose rate i1s the product of a rate constant and the concentrations of the
reactants:

rate = k{Cl1O][O] (2.8)

Second-order reaction rate constants have units of cubic centimeters per molecule
per second (¢cm® molecule ! s ), and are generally functions of temperature. Unlike
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first-order reactions, the abundances of the reactants in Equation (2.8) must be
expressed in number density units. If there are no other sources or sinks of the
reactants or products, then by the conservation of mass,

B d[ClO] _ d{O} _ d[Ch} _ diQ,]
dt dt dt dt

rate = 2.9)

Temperature dependence of reactions  Svante Arrhenius first suggested in 1887 that
second-order rate constants vary exponentially with inverse temperature. The func-
tional form of a second-order rate constant is often written

RT

k=Aexp |- (2.10)

The pre-exponential factor A, which has the same units as the rate constant, is relat-
ed to the fraction of collisions between the reactants that results in a successful reac-
tion. Reactions in which essentially every collision results in a reaction have A fac-
tors of ~107" cm’ molecule’ s !, Reactions in which the reactants must have very
specific orientations only occur for a small fraction of the collisions, and can have A
factors as small as 10" ¢m’ molecule ' s .

In addition to this constraint on orientation, there is also in general a repulsive
force between the reactants that must be overcome for a reaction to take place. This
is expressed in Equation (2.10) as E,, the “activation energy” of the reaction. The
term exp(—E,/(RT)), where R is the gas constant and T is the temperature (K), is pro-
portional to the number of molecules whose average translational kinetic energy
exceeds the threshold E,. It is these molecules that are able to surmount the repul-
sive force and react.

E, can be as large as 20 kJ mol". For these reactions, the rate constant will
increase by ~50-70% for a 10 K increase in stratospheric temperature. Other reac-
tions, especially those involving a molecule with an unpaired electron (known as
a radical), have an £, of zero. Some second-order reactions even have negative
activation energies or show a dependence on pressure in addition to temperature.
These reactions are more complicated than simple two-body bimolecular reactions,
and involve the formation of reaction intermediates prior to formation of the prod-
ucts.

The NASA Panel for Data Evaluation [5] publishes tables of A factors and E /R
for virtually every second-order reaction of stratospheric interest. This indispensable
resource is widely used by stratospheric modelers.
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2.1.3 Association reactions

An association or three-body reaction is one in which two reactants combine to form
a single product molecule. An example of such a reaction is the formation of chlorine
nitrate (CIONO,)

CIO + NO, - CIONO, Q.1

These reactions typically take place in two steps. First, the reactants collide to form
an excited intermediate molecule:

CIO + NO, ——> CIONO,* (2.12)

where the asterisk signifies an excited state. The CIONO,* molecule contains too
much internal energy for it to exist for more than a few vibrational periods, and two
things can subsequently happen to it. First, the CIONO,* molecule can collide with
a third body, denoted M, but generally N, or O,, which carries away some of the
internal energy of the excited molecule, thereby stabilizing it:

CIONO,* + M —— CIONO, + M (2.13)

Alterpatively, it can decompose back into C10O and NO,, in which case there is no net
reaction:

CIONO,* — CIO + NO, (2.14)

If the pressure is sufficiently high, in other words [M] is large, then every excited
intermediate that is formed will collide with a third-body M, and form the stable
molecule. In this case, the formation rate of CIONO, is equal to the rate of forma-
tion of the excited intermediate CIONQ,*. This is known as the “high-pressure limit™
of the reaction. At low pressures, |M] is small and the excited intermediate CIONO,*
usually decomposes back to ClO and NO.. In this case, the formation rate of
CIONOQ, is set by the collision rate between CIONO,* and M. This is known as the
“low-pressure limit”". At pressures between these limits the rate of the reaction is set
by a combination of the two processes.
The rate of an association reaction is often written as

rate = k*[X]1Y] (2.15)
where &* is the effective second-order rate constant (with units of cm® molecule 's 1)

tor the three-body reaction, and [X] and [Y] are the abundances of the reactants in
molecules per cubic centimeter. It must be remembered that for these reactions, k*
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depends oot only on temperature but also on pressure. The NASA Panel for Data
Evaluation publishes tables of kinetic data and a formula for calculating the effec-
tive second-order rate constant k* of a reaction given the temperature and pressure
(see DeMore et al. 5], pp. 8-11).

2.1 4 Other types of reactions

Thermal decomposition Thermal decomposition occurs when a molecule splits
into fragments following nonreactive collisions with other molecules—usually N, or
O,. An example is the thermal decomposition of the chlorine monoxide dimer
(CIOOCH:

Cl00C1 =% CIO + ClO (2.16)

This reaction is the opposite of a three-body association reaction. First, collisions
between CIOOCI and M transfer energy to CIOOC! and create the excited interme-
diate CIOOCIH*. This excited intermediate can either collide with another M and have
some internal energy taken out, leading to the restabilization of the intermediate, or
the excited intermediate can fall apart into fragments:

ClI00C — C10 + CiO (2.17

At stratospheric temperatures, this type of reaction breaks bonds in only the most
weakly bound molecules (such as CIOOCI).
The rate of reaction (2.16) is generally written as a first-order process:

rate = &'[CIOOCH] (2.18)

where k' is the thermal decomposition rate constant with units of inverse seconds. In
practice, k" must be calculated from the rate of the assaciation reaction and the equi-
librium constant between the reactant and products (see DeMore et al. [5], Table 3).

Heterogeneous reactions Reactions can also occur on the surfaces of liquid and
solid particles. For example, an important heterogencous reaction in the stratosphere
is

particlke

CIONO, + HCI ™% Cl, + HNO, (2.19)

Much like association reactions, this simple-looking reaction actually represents a
far more complicated process [29-32]. Typically, one of the reactants is first



2.1 Kinetics 25

absorbed onto/into the particle (in this case, HCI). Then, reactions occur as the other
reactant (in this case, CIONO,) collides with the particle. Because of this, heteroge-
neous reactions are usually written as a first-order loss process for the constituent
that reacts on collision:

rate = AM[CIONO.] {2.20)

where &' is a first-order rate constant with units of inverse seconds. Using simple

collision theory, we can write k™ as

_VAy
4

k" (2.21)

V is the thermal velocity of the molecule, in this case CIONO,. For a typical mole-
cule at stratospheric temperatures, V is several hundred meters per second. A is the
particle surface area per unit volume, also known as the surface area density (abbre-
viated SAD). ¥, called the reactive uptake coefficient, 1s the fraction of collisions
between the reactant and the particle that result in a reaction. yis therefore dimen-
sionless and always between 0 and 1. In general, yis a function of temperature, pres-
sure, particle radius, water vapor abundance, and the gas phase abundance of the
absorbed constituent (in this example, HCI) [29,33].

There are two general types of particles in the stratosphere: sulfate acrosol and
polar stratospheric clouds (PSCs). Sulfate acrosol particles are the more common.
First characterized by Junge et «l. [34], these particles are liquid, and their compo-
sition varies with temperature (Figure 2.2). Above ~215 K, H,50, makes up 70-80%
of the mass of the aerosol, with water making up virtually all of the remainder. As
the particles cool. they absorb water vapor, decreasing the relative abundance of
H,S0O,. At temperatures below ~200 K, the particles absorb significant amounts of
HNO, [35,36]. The majority of the aerosol particles in the stratosphere are found in
the lower stratosphere in the so-called “Junge layer™.

Aerosol particles are initially formed (“nucleated™) in rising tropical air masses
[38]. This produces large numbers (~10° particles cm™) of extremely small (a few
angstroms in radius) H,50,/H,O particles [39]. Then, on a time-scale of a day or so,
these particles coagulate, resulting in the formation of fewer (10°-10° particles
cm™), larger particles. A binary phase droplet, such as these H,S0,/H,O particles,
can, in general, achieve equilibrium with the vapor phase of one of its components,
but not both. Because of the much greater abundance of H,0O compared to H,SO, in
the stratosphere, these H,50,/H,O particles are in equilibrium with respect to water,
but are subsaturated with respect to H,S0,. H,50, produced in the stratosphere from
the oxidation of sulfur-bearing species is therefore rapidly absorbed by the particles.
This causes the composition of the aerosol particles to change, and to regain
equilibrium the particle absorbs water. Through this process, and coagulation. the
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Figure 2.2 Composition of stratospheric aerosols versus temperature. The remainder of the
aerosol mass is made up by water. (After Carslaw et al. [37], Figure 7d.)

particles grow. Aerosol particles are lost when they are transported back into the tro-
posphere as part of the mean stratospheric circulation (see Chapter 3), which occurs
on a time-scale of 1 or 2 years [40]. For a more detatled discussion of the life cycle
of nonvolcanic stratospheric aerosols, see [39].

One source of the H,50, in acrosols is SO, and OCS produced at the surface from
biogenic and anthropogenic activities. These species are transported into the strato-
sphere as part of the overall general circulation (see Chapter 5) and are oxidized
there to H,SO, [41,42]. This source of sulfur can produce an aerosol SAD of about
0.8 pm® cm * at around 20 km (see Yue et al. [43], Figure 7a), decreasing rapidly
with altitude. We refer to these nonvolcanic sources as “background” sources of
aerosols.

Volcanic eruptions are capable of episodically injecting huge amounts of sulfur,
usually in the form of SO, or H,8, directly into the stratosphere. The SO, is subse-
quently oxidized to H,SO, [42] on a time-scale of about | month [22,44]. This
H.SO, is rapidly absorbed by aerosol particles, allowing the acrosol particles to
absorb water and grow. Because aerosol particles are flushed out of the stratosphere
in 1-2 years, most of the acrosol surface area due to a volcano will have been flushed
out of the stratosphere after a few years.

The eruption of Mount Pinatubo in June of 1991, for example. injected
~20x 10" g of SO, into the stratosphere in just a few days [22,23}. This increased
the lower-stratospheric SAD by a factor of 30 or more over background [45].
Figure 2.3 shows northern hemisphere profiles of acrosol SAD for background
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Figure 2.3 Sulfate aerosol surface area densily versus pressure. The dashed line is an
estimate of the background aerosol amount. The solid line is a high-latitude northern
hemisphere profile obtained in March 1992, and shows enhanced aerosol amounts resulting
from the eruption of Mount Pinatubo. (After Dessler et ul. [46), Figure Ic.)

conditions and after the eruption of Mount Pinatubo. Most of the impact on SAD
was in the lower stratosphere, with the volcanic enhancement rapidly decreasing
with altitude. We will discuss the implications of this on the chemistry of the strat-
osphere in Chapter 6.

There are ~10 acrosol particles ¢cm™ in the lower stratosphere {47]. Under back-
ground conditions these acrosol particles have typical radii of 0.1-0.2 mm [39,45 48].
After the eruption of Mount Pinatubo the typical radii of the particles increased to
~0.5 nm [45.48]. The distribution of particle sizes around these typical sizes is usually
described by unimodal or bimodal lognormal distributions {49,50]. These are simple
analytic functions of the total number of aerosol particles and one or two “effective
radii”. The effective radius is the third moment of the size distribution divided by the
second moment, and can be thought of as a typical value for the distribution.

PSCs are found in the polar regions during the winter and early spring. The cold



28 2 Fundamentals of Stratospheric Chemistry

temperatures there (less than ~196 K) permit the condensation of water vapor and
nitric acid into various liguid and solid forms. These clouds serve as sites for het-
erogeneous reactions that are necessary for polar O, destruction and the formation
of the Antarctic ozone hole. We will discuss PSCs in detail in Chapter 7.

2.2 The Continuity Equation

In order to understand the chemistry of the stratosphere, one must understand the
continuity equation. At a given point in the stratosphere, the continuily equation for
a constituent X is
X
é%t—l =P -LIX]-V (VIX]) (2.22)

P 1s the photochemical production term—the amount of X produced per unit volume
per second. Photochemical loss is written as the product of a loss frequency L, typ-
ically with units of inverse seconds, and the abundance of X. This convention is
adopted because the rate of destruction of X is generally proportional to its
abundance (there are exceptions to this, however). Production, on the other hand, is
generally independent of the abundance of X. The far-right termy on the right-hand
side of Equation (2.22) is the divergence of the flux of X. This term represents net
transport of X in or out of the unit volume by the wind. Typically. each term in
Equation (2.22) (P, L{X], etc.) will have units of molecules per cubic centimeter per
second or VMR per second.

The continuity equation is the atmospheric equivalent of balancing a checkbook.
The terms on the right-hand side of the equation represent the sources and sinks of
X in the unit volume. If the sources and sinks balance, then there is no net change in
the abundance of X, and d[X]/0¢ is zero. If, on the other hand. the sources and sinks
of X do not balance, then the abundance of X must be changing in response. Note
that photochemical production (P) always leads to a positive time rate of change,
while loss (L[ X]) always leads to a negative time rate of change. The transport term,
however, can be either positive or negative.

Depending on the location, time of year, and species in question, the right-hand
side of the continuity equation might be dominated by one or two of the terms—and
the remaining term(s) can be neglected. A common situation in stratospheric chem-
istry is the case where the photochemistry terms (P and L[X1) are much larger than
the transport term (V - (V[X])). In this case, the transport of X can be neglected, and
Equation (2.22) can be written as

diX] _
o

P - L{X] (2.23)
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Let us further assume that P = P (1+sin(ar)), where P, (molecules cm™ 57!} is a con-
stant, and L (s7') s a constant. In other words, the production varies over the time
period 1/, while the loss frequency L is constant. In the real atmosphere, produc-
tion and loss will often vary over periods of 24 h (although in this example only pro-
duction is varying), so a typical value of @ is 2n/(24 h). The general solution to
Equation (2.23) is then

(X|(0) = Pyw? + L*P, — LPyw cos(ax) + L2P, sin{ax) ¥ Ot 2.24)
LY+ o)

The right-hand side of Equation (2.24) has two terms: a perturbation term (C,e )
and a “steady-state” term (P> + . . J/(L(L? + @*)). The stecady-state term represents
the abundance of X that is consistent with the photochemical production and loss
rates—it is important to realize that this term is not necessarily constant with time.
The perturbation term accounts for departures of [X] from its steady-state
abundance. Note that the value of the perturbation, initially C,, is reduced by a factor
of 1/e every 1/L units of time, i.e. 1/L is the “e-folding time” of the perturbation. As
t—>oo, the perturbation term goes to zero, and X achieves its steady-state abundance.

The e-folding time /L. turns out to be a crucial parameter for understanding the
behavior of [X] as a function of time. The perturbation term does not change
significantly over time periods much shorter than 1/L; we will show later in this sec-
tion that the steady-state term will also not change significantly over time periods
much less than /L. As a result—and this is an important point---the abundance of X
does not change significantly over lengths of time much shorter than 1/L. For these
time-scales, we say that constituent X is “conserved”. On the other hand, over lengths
of time much longer than 1/L, the concentration of [X] can change significantly.

The implications of this are important. For example, /L for CIONO, in the lower
stratosphere is a few hours. i two measurements of [CIONQ,] are made in the same
air parcel a few minutes apart, the abundance of CIONO, will be about the same,
regardless of what happens to the air parcel between the measurements—the
chemistry 1s simply not fast enough to change |CIONQ,]. However, if the time
between measurements is a few days, then we cannot expect [CIONQO.} to be
unchanged. We define 7= I/L to be the “lifetime” of the constituent. As we will
discuss in the next section, this quantity is widely used in stratospheric chemistry.
Note that this lifetime is the same as that derived for first-order reactions (Equation
(2.3)).

There are two limiting cases for the steady-state term of Equation (2.24). If
L >> w, then the lifetime of X is much shorter than the time scale for production
to vary. From Equation (2.24). [X],,, the steady-state abundance of X, is

L*P, + L°P, sin(r)  P(1 + sin(a)) P
LL? L L

[XIs(t) = (2.25)
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Remember that P is a function of time (P = Py(1 + sin{@x))), while L is constant. In
this case, [X],, 1s set by the instantaneous production rate and loss frequency, and
will vary throughout the day as the production rate varies. In other words, the
chemistry is so fast that the abundance of X reacts essentially instantly to the
variation of P with time, and [X],, is determined by the instantaneous values of P and
L. This is often referred to as “photochemical steady state™.

If L << @, then the lifetime of X is much longer than the time-scale for produc-
tton to vary, and

Py@* ~ LPyw cos(wr) _ Py
Lw? L

Xl = (2.26)

where we have used the fact that P,@” >> LP,w cos{wr) in the simplification. In this
case, the chemistry is slow compared to the rate of variation of production. As a
result, the abundance of X is determined by the average value of P and L. In other
words, the production rate equals the loss rate when averaged over l/w. The
instantaneous production rate will not, in general, cqual instantaneous loss rate. We
refer to this condition as “diurnal steady state”.

As stated earlier, production and loss rates both tend to vary strongly during the
day as photolysis rates change. This means that if the loss lifetime 1/L is much short-
er than this, then the system will be in photochemical steady state, and | X] can vary
during the day—i.e. [X] will display a diurnal cycle. If the loss lifetime 1/L is
comparable to or longer than 24 h, then the system will be in diurnal steady state,
and [X] will not vary significantly during the day—i.e. [X] wiil display little diurnal
variations. Note that in no case can {X] change significantly over periods of time
much shorter than {/L.

Finally, this example was based on the assumption that the transport term of the
continuity equation was small compared to the production and loss terms, a situa-
tion that arises frequently in the stratosphere. However, it is worth emphasizing
that this assumption does not mean that transport is, in general, unimportant. Even
for species for which transport of that species is unimportant, transport can be
important for other constituents that determine the production rate and loss fre-
quency for X.

2.3 Lifetimes, Time-scales, and Time Constants

In the last section we introduced the term “lifetime”. In this section we discuss
this further and introduce the related quantities “time-scale” and “time constant™.
These three quantities, which have units of time and are often used inter-
changeably, are important and used frequently in the literature and in colloquial
contexts.
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Previously, we saw how the abundance of a constituent cannot change over
lengths of time much shorter than the lifetime 1/L of a constituent. This leads us
to a general definition of the terms “lifetime”, “time-scale”. and “time constant™
the length of time over which a quantity can change or a process operates. For
example, if one puts a pot of cold water on the stove and wants to know when it
starts to boil, how often does one check the pot (remembering, of course, that a
watched pot never boils)? One could check the pot every S s, or one could check
the pot every 5 days. But we know from experience that it takes a few minutes
10 boil water on a stove, and so you would likely check the pot about that often.
In this example, we would say that the time-scale for water to boil is a few
minutes. As another example, the time-scale for paint to dry is several hours. So
it you are asked to determine when a painted surface has dried, you would not
check every few minutes or every few weeks, but every hour or so. In both of
these cases, the titne-scale gives you an idea of about how long the processes
under investigation take.

It turns out that a knowledge of the time constants of a problem is invaluable for
isolating its important aspects. For example, we discussed in Chapter | that column
O, declined over much of the Earth during the 1980s. It is also well known that the
arrangement of the Earth’s continents affects the circulation of the stratosphere and
thercby helps determine the distribution and amount of stratospheric ;. We also
know that the arrangements of continents can change. Could the decline in column
O, during the 1980s be caused by changes in the arrangement of the continents? Of
course not, and the reason is based on time-scales. The topography of the Earth does
change, and this might indeed change the distribution of stratospheric ;. but
significant change takes tens of millions of years. Thus, over the time period of the
O, changes under investigation (a decade), we know that there were no significant
changes to the topography of the Earth, We can therefore neglect continental drift
and mountain building as a cause of O; loss over the last decade or so. Instead, we
search for those processes that can affect O, and were changing on a time-scale of
decades. This method-—identifying relevant time-scales and ignoring processes
whose time-scales are too long or too short—is a uscful approach that is used
throughout science.

In the previous section, the lifetime 1/L of a constituent was derived from the solu-
tion of a simplified continuity equation (Equation (2.23)). However, there is a sim-
pler way to define the lifetime of a chemical constituent: the “replacement lifetime™.
The replacement lifetime 1s equal to the total abundance of the constituent divided
by the rate at which the constituent is produced or destroyed. One can therefore
define a replacement lifctime with respect to loss, 7,

(X1 (Xr 1
o= = = - (2.27)
(total loss rate) L[{X] L
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or with respect to production, T,.

Tp= X = (2.28)
{total production rate) P

Note that the replacement lifetime with respect to loss in Equation (2.27) gives the
same 1/L lifetime as was derived carlier in this chapter. At photochemical steady
state the lifetimes of X with respect to production and loss are equal. It is also pos-
sible to define a replacement lifetime with respect to transport Tr, but it is rarely
used. Throughout this book and most of the literature, the lifetime of a constituent
generally refers to the reciprocal of the loss frequency, 1/L.

2.3.1 Multiple-loss processes

If a constituent X has several loss pathways, then the total loss frequency is the sum
of the loss frequencies of the individual pathways: L, =L, + L, + ...+ L. For each
individual loss process, we can define a loss lifetime for that process 7, = 1/L,. The
lifetime with respect to the combined loss pathways is

= = 1 (2.29)

Note that lifetimes add in the same way that resistors in parallel add.

It should be clear from Equation (2.29) that one can ignore loss pathways
whose loss frequency is much smaller than other loss frequencies for the
constituent. Stated another way, one can ignore any loss process if the loss
lifetime for that process is much longer than the loss lifetimes of other loss
processes.

2.3.2 Global lifetimes

The 1/L lifetime that we have discussed up to this point is a “local” lifetime: it is the
length of time that a molecule will survive at a given point in space before being
chemically destroyed. For long-lived species, meaning species whose local lifetime
in the lower stratosphere is years or longer (1/L > 10% s), transport of the species is
an important determinant of its stratospheric distribution. For these species the
“global lifetime” is often of interest. The global lifetime can be thought of as the
average length of time between the emission or formation of a molecule and its
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destruction. 1t is equal to the total atmospheric burden divided by the total atmos-
pheric loss rate:

total atmospheric burden I 1X1av
total loss rate f LIX]dV

(2.30)

rglulv:\l =

where the integral extends over the entire atmosphere. Note that this is analogous to the
simple “replacement lifetime” discussed in the previous section (see Equation (2.27)).

One can also calculate a “stratospheric lifetime” where the integral in the denom-
inator of Equation (2.30) extends only over the stratosphere. Many species, such as
the chlorofluorocarbons (CFCs), are destroyed only in the stratosphere and above.
Their global and stratospheric lifetimes will therefore be the same. Species with sig-
nificant tropospheric sinks, such as CH,, have global lifetimes shorter than their
stratospheric lifetimes. Table 2.1 shows the stratospheric lifetimes of several gases
of importance in stratospheric chemistry.

Table 2.1 Stratospheric lifetimes.

Gas Lifetime (years)
N,O 122+24

CH, 93+ 18
CFC-12 (CCLF) 87+ 17
CFC-113 (CCL,CFY) 10032

cal, 32%6

CH,CCl, 34+7

H-1211 (CBrCIE,)) 24+ 6

Based on the CFC-11 lifetime of 45 + 7 years.
From Volk er al. [S1], Table 5.

2.4 Coordinate Systems

In order to analyze and interpret a set of atmospheric measurements, one must first
put those measurements into a coordinate system. For example, if one is studying
polar O, loss, then the measurements of most interest are those in the lower strato-
sphere and at high latitudes—and one must be able to sclect those measurements out
ol any data set of interest. In this case, pressure and latitude might be the coordinates
of choice.

2.4.1 Vertical coordinates

The most obvious vertical coordinate is geometric altitude, e.g. how many meters
above some reference level (such as mean sea level) an air parcel is. Altitude,
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however, turns out to be difficult to measure from balloon or aircraft platforms, and
as a consequence is rarely used. Pressure, however, is easily measured by in situ
instruments, making it the most common vertical coordinate. The pressure at the
tropopause ranges from ~300 hPa at high latitudes to 100 hPa over the equator.
Pressure decreases monotonically with altitude, and at the stratopause its value is
~1 hPa.

A quantity that is related to pressure is pressure altitude Z*. The pressure altitude
of a given pressure p is calculated using the equation

TN La
Z*=-Hln (p“) (2.31)

where H is the scale height, a constant with a typical value of ~7 km. p, 1s a refer-
ence pressure (often 1000 hPa, and in the same units as p).

Another commonly used vertical coordinate is potential temperature. The concept
of potential temperature is based on an adiabatic process, one in which no heat flows
into or out of the air parcel. If an air parce] moves adiabatically to a lower pressure,
then the parcel will expand. Because no heat flows into the parcel, the work done to
expand the parcel is provided by the internal energy of the parcel, and the tempera-
ture of the parcel decreases. Conversely, if an air parcel moves adiabatically to a
higher pressure, the parcel is compressed. The work done on the parcel by the atmos-
phere during the compression increases the internal energy of the parcel, leading to
a temperature increase.

The potential temperature of an air parcel is the temperature that the parcel would
have if it were moved adiabatically to a reference pressure, usually the surface pres-
sure (1000 hPa). It can be shown (for example, see Houghton [52], p. 22) that

0=T (,%) (2.32)

where 0 is the potential temperature (often referred to simply as “theta”), which has
units of kelvin. T and p are the temperature (K) and pressure of the parcel, respec-
tively. p, is the reference pressure. Note that the units on p and p, can be anything
as long as they are the same. k. which is numerically equal to 2/7, is the ratio
(c~c,)Mc,, where ¢, and ¢, are the heat capacities of air at constant pressure and
volume, respectively. The potential temperature of the tropopause ranges from 320 K
at high latitudes to 380 K over the equator. Potential temperature increases
menotonically with altitude, and at the stratopause its value is ~2000 K.

The advantage of potential temperature over pressure can be seen in Figure 2.4,
which shows a 15 day time series of pressure, temperature, and potential
temperature for a typical mid-latitude air parcel. While flow in the stratosphere is
approximately horizontal, individual parcels can cxperience significant changes in
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Figure 2.4 Time series of potential temperature, temperature, and pressure for a typical mid-
latitude air mass at the equinox, as determined from a trajectory model [53].

pressure on time-scales of | day. These short-term fluctuations are, however, adi-
abatic. Thus, when the pressure of the parcel is increasing (decreasing), the tem-
perature of the air parcel is increasing (decreasing) in such a way that the poten-
tial temperature remains constant. The result is that the potential temperature
changes by only a few percent over the 15 day time series, despite large changes
m pressure. In the parlance of stratospheric science, potential temperature is bet-
ter conserved than pressure. It is this quality that makes potential temperature a
useful vertical coordinate.

This leads to an important question: over what time-scales are the potential tem-
perature of an air parcel conserved? The assumption underlying the concept of
potential temperature is that the air parcel is adiabatic: heat flow into or out of the
air parcel is zero. As we will show in Chapter 5, however, air in the tropical strato-
sphere is being heated (i.e. the potential temperature of parcels increase with time),
while the mid- and high-latitude stratosphere 1s being cooled (i.e. the potential tem-
perature of parcels decreases with time) [54]. The time series in Figure 2.4, for
cxample, shows that potential temperature of the mid-latitude parcel is indeed
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decreasing with time, albeit slowly (36/dt = 1 K day '). Figure 2.5 plots the zonally
and annually averaged radiative damping time-scale, which is the time-scale over
which a temperature perturbation is damped. This damping time can be considered
the lifetime of potential temperature (much as the damping time for a chemical
perturbation can be thought of as the lifetime). Over periods shorter than this damp-
ing time, potential temperature is conserved. Potential temperature is conserved for
~30 and ~5 days in the lower and upper stratosphere, respectively.

This discussion brings up an interesting point. It is often said that flow in the strat-
osphere is generally horizontal. From the previous discussion, however, it should be
clear that flow in the stratosphere actually occurs close to surfaces of constant poten-
tial temperature, also known as isentropic (constant entropy) surfaces. However,
because the surfaces of constant potential temperature on average lie close to sur-
faces of constant geometric altitude, flow in the stratosphere is indeed approximate-
ly horizontal.

2.4.2 Horizontal coordinates

Winds in the stratosphere are predominantly horizontal and zonal (east—west).
Components of the wind velocity in the meridional (north—south) and vertical
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Figure 2.5 Contours of zonally and annually averaged radiative damping time-scale (days).
(After Newman and Rosenfield {55].)
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directions, while critically important to the distribution of trace gases in the strato-
sphere, are smaller than the zonal component of the wind velocity. The dominance of
zonal flow means that the air tends to be well mixed in the zonal direction, In other
words, air at different longitudes but the same latitude and altitude is more similar than
air at different latitudes or different altitudes. For this reason, data from the same lati-
tude and altitude but different longitudes are often averaged together to obtain a “zonal
average”. Many of the plots in this book are zonal averages (e.g. see Figure 2.5).

While flow in the stratosphere is predominantly zonal, individual air parcels can
experience significant changes in their latitude on a time-scale of a day. Such dis-
placements are caused by planetary-scale waves, and are often reversible, so that the
air parcel will retumn to its original latitude after one to a few days. At a given lati-
tude, one therefore often finds that some of the air parcels have a chemical compo-
sition characteristic of other latitudes. This means that latitude is often not the best
choice of horizontal coordinate.

We have, however, a horizontal coordinate that is conserved during reversible
meridional transport by planetary-scale waves. It is known as potential vorticity (PV)
[56]. Thus, while the latitude of a parcel might change during transport by planetary-
scale waves, its PV remains constant. Mathematically, PV is related to the curl of the
wind field, the rotation of the Earth, and the local thermal gradient, and may be thought
of conceptually as a fluid dynamical analog of angular momentum. PV is normally
positive in the northern hemisphere and negative in the southern hemisphere, consis-
tent with the sense of the Earth’s rotation, and increases in absolute magnitude with
latitude on surfaces of constant potential temperature. PV is conserved on time-scales
similar to the time-scale over which potential temperature is conserved (Figure 2.5).

As a result, air at the same altitude and PV tends to be more similar than air at the
same latitude, making PV a superior horizontal coordinate [57,58). For simplicity,
PV is often expressed in units of equivalent latitude. The equivalent latitude of a PV
value is the latitude circle that encloses the same area as the PV contour. Because of
its convenience, equivalent latitude will be used frequently in this book-—often in the
context of a zonally averaged equivalent-latitude plot. In this type of plot, data at the
same equivalent latitude and altitude are averaged together, regardless of longitude,
to obtain a two-dimensional view of the atmosphere. Because equivalent latitude
more accurately separates different air masses, this type of plot will better capture
strong meridional gradients in the data—such as those found around the polar vor-
tex (discussed in Chapter 7). Finally, it should be noted that equivalent latitude can
be calculated from geophysical parameters other than PV [59,60).

2.4.3 Tracers of atmospheric motion

A long-lived tracer is a constituent that has a stratospheric lifetime of years or longer.
The sources of most long-lived tracers are in the froposphere, while their sinks are
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primarily in the stratosphere. A good example is nitrous oxide (N,O), which is pro-
duced near the surface through both natural and anthropogenic activities. It enters
the stratosphere with a VMR of ~310 ppbv, and it is destroyed in the middle and
upper stratosphere. The local lifetime of N,O is ~100 yeuars at 20 km, ~10 years at
25 km, ~1 year at 30 km, and a few months at 40 km.

The distribution of N,QO is in general determined by a combination of chemistry
and dynamics. Figure 2.6 shows a zonal average distribution of the N.O VMR. Note
the strong gradients in N,O VMR in both the horizontal and vertical. The vertical
gradient results primarily from the rapidly increasing loss rate of N,O with altitude
combined with relatively slow vertical transport in the stratosphere. The horizontal
gradients occur in regions of slow horizontal mixing. This will be discussed further
in Chapter 5.

Because of these gradients, we can use the abundance of N,O to help determine
the recent history of air masses [61,62]. The tropical lower stratosphere, for exam-
ple, contains N,O VMRs greater than ~250 ppbv, a higher value than found at high-
er latitudes or altitudes. Thus, a measurement of N,O VMR of greater than 250 ppbv
in the mid-latitudes suggests that this air is of tropical origin and has recently been
transported to mid-latitudes. Similarly, an observation of lower stratospheric air with
less than 100 ppbv of N,O suggests that this air was likely recently transported from
higher altitudes.
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Figure 2.6 Zonal-average contours of N,O VMR (ppbv) for December 1992. Data are from
the UARS Refercnce Atmosphere Project (W. J. Randel, personal communication, 1998).
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Problems

1. Equation (2.24) was derived based on production rate P = P (sin(w¢)+1) and loss
rate L = L,{ X], where P, (molecules cm™ s7') and L, (s ') are constants. The first term
on the right-hand side is the “steady-state” part of the solution. The second term
(C, exp(—Ly)) is the perturbation term that damps with a lifetime of 1/L,. For the rest
of this problem, we will assume that C, is 0.

(a) What is the time-scale for the production of X to vary? (In other words, the aver-
age production is P,, but instantancous production varies about this average
value. What is the characteristic time-scale for P to vary about P,7)

(b) What is the time-scale of the loss chemistry of X? (In other words, what is the
lifetime of X with respect to loss processes?)

From the form of Equation (2.24) it should be obvious that [X] is a sinusoid that
shows no long-term trends. Thus, it must be in some form of steady state.

{c) To satisfy yourself of this, calculate J[X](z)/dt and show that the long-time
average of this quantity is zero (by long time, I mean that the time over which
we average > 1/m). Also, calculate the long-time average production and loss
rates of X. Are they equal?

The next thing you’re probably asking yourself is: is the system in “photochemical
steady state” in the strictest sense? In other words, does the production equal loss at
all points in time, or just in the average?

Let’s look at two cases: first, assume that L, > .

(d) In words, what does this condition mean?

{e) Calculate the loss rate for this condition. Is it equal to production? Does this
make sense?

Now, let's assume that L, <€ .

() In words, what does this condition mean?

{g) Calculate the loss rate for this condition. Is it equal to production? Does this
make sense?

(h) Explain, in a few sentences, under what conditions a system is in the strict
photochemical steady state—i.e. instantaneous production equals loss at all
points in time.

2. Under certain conditions, the reactive uptake coefficient ¥ for loss of CIONO, on
an aeroso] is 0.05. What is the lifetime of lower-stratospheric CIONO, for
background and volcanically perturbed conditions with respect to reaction on an
aerosol? How do these lifetimes compare with the lifetime of CIONQ, with respect
to photolysis?

3. Which constituents in Figure 2.1 are primarily photolyzed by visible radiation?
Which are primarily photolyzed by ultraviolet radiation?
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4. Assume there is some constituent X which is produced at a constant rate of
P = 10° molecules cm * 5. Constituent X is lost through photolysis, and the photo-
lysis rate constant J, is 0.1 57",

(a) What is the steady-state concentration (neglecting transport)?

(b) What are the replacement lifetimes with respect to production and loss at the
steady state?

(¢} Suppose that the J value for loss of X suddenly doubles t0 0.2 s ' (for example,
if the air parcel goes over a reflective cloud). What is the new steady-state con-
centration of X?

{d) The concentration of X cannot instantaneously achieve this new steady-state
value. Instead, after the J value changes the concentration of X will tend toward
its new steady-state value. Write the equation that describes how the abundance
of X achieves its new steady-state value. How long does it take for X to achieve
its new steady-state value?

5. The atmospheric lifetime of a constituent was defined in Equation (2.30). The
stratospheric lifetime is defined (by analogy) to be

[X]dV

atm

total atmospheric burden

st

total stratospheric loss rate L[X]dV

slrat

where the integral in the numerator is over the entire atmosphere, and the integral in

the denominator is over the stratosphere.

(a) The atmospheric lifetime of CH, is ~10 years, while the stratospheric lifetime is
~100 years. What does this tell you about where in the atmosphere CH, is
destroyed?

(b) The main loss process of CH, is through reaction with OH radicals. This reac-
tion has a large temperature dependence. How does this explain the answer to
(a)? Assume [OH] is approximately constant throughout the atmosphere.



Chapter 3 Ozone Production and Loss

3.1 Chapman Chemistry

The first successful attempt to quantitatively understand the photochemistry of ozone
(O;) was made by Chapman in 1930 [63]. He proposed that O, is created by the dis-
sociation of O, to form O atoms, followed by the reaction between O and O,:

O, +ht—>0+0 @a.n
2x(0,+0—4—0,) (3.2)
net: 30, + hv——— 20, (3.3)

Most of the photolysis of O, in the stratosphere occurs at wavelengths in the
Schumann—Runge bands (175-200 nm) and the Hertzberg continuum (extending to
242 nin) [64].

O, is destroyed by ultraviolet photons:

O, +hv—0,+0 (3.4)

O produced in reaction (3.4) can be in one of two electronic states: P (“triplet P"')
or 'D (“singlet D). O('D) is an excited electronic state, and is produced when the
incident photon has a wavelength of less than ~300 nm. For wavelengths longer than
~325 nm, the O atom is produced in the ground state O(’P). For incident photons
with wavelengths between 300 and 325 nm, both O¢'D) and O¢*P) are produced [65]
{see also DeMore et al. [5], Table 8). Because of their higher internal energy, O('D)
atoms are more reactive than O¢'P).

O('D) is rapidly converted to O(C'P) through collisions with molecules such as O,
and CO,. As a result, the abundance of Q('D} is between 10°° and 107 of the abun-
dance of O(’P) in the stratosphere. We will hereafter refer to O(°P) atoms simply as
O atoms; reactions specifically requiring O('D) atoms will be so designated.

The last important Chapman reaction is the direct reaction between Q5 and O:

O, +0—— 0, + 0, (3.5)

41
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In addition to these, Chapmun discussed several other reactions now known to be
unimportant. This set of reactions, known as the Chapman reactions, form the
cornerstone of stratospheric O, chemistry.

3.2 The Odd-oxygen Family

Considering just the Chapman reactions, the lifetimes [/L of O, and O for typical
mid-latitude lower-stratospheric conditions are

1 1
T, = 7= 7—————=— = 1000 s 3.6
4= L7 To, + Koy [O] 00

1 1
Ty = — = = 0.002 s 37
0= L= oo [0, + Koo 104] @7

It turns out that J,,, > ko, [0], so the loss of Oy is dominated by photolysis, while
Koo lO:] k()*_(,B[O;), so the loss of O atoms is dominated by reaction with Q, to
form O,.

The lifetime of O, is 10°-10° times greater than the lifetime of O in the strato-
sphere. Other constituents have lifetimes of days, weeks, months, or longer-—many
orders of magnitude longer than the lifetime for O,. In addition, many phenomena
of interest, such as the Antarctic ozone hole, mid-latitude trends, and perturbations
from volcanoes, occur on time-scales of months to decades. As a result, the “ozone”
problem involves time-scales ranging over 15 orders of magnitude. This leads to
both conceptual and computational difficulties.

Let us define a new constituent, odd oxygen (O}, to be the sum of O, and O (each
of these has an odd number of oxygen atoms. hence the name). The number density
of odd oxygen, [O ], is defined to be the sum of the number densities of }O,] and [O].
Similarly, the volume mixing ratio (VMR) of O, is defined to be the sum of the
VMRs of O, and O.

To understand why this is useful, let us write the continuity equation for O, and
O:

8[0”] = k(,H-,Z[O][OzJ - J()}[O%] - k()_‘)%[ol[oxl
at G5
an=-&MJOMOA—hm40H0d+LJOJ+ZMJOJ
¢

Note that we have neglected transport in this example. Summing these equations, we
obtain a continuity equation for O
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9[0:) 4 00} _ (0] + [OD
ot ot ot (3.9)
A0J _
ot

26,10:1 ~ 2kop,0,[O11O4]

The right-hand side of Equation (3.9) has two terms. The first term, 2/, [O,], is equal
to twice the rate at which O, is photolyzed to form O (reaction (3.1)). This is the rate
at which O, is being produced. The second term, 2k, [O][O;], 1s twice the rate at
which O, and O react to form O,. This is the rate at which O, is being destroyed. The
factor of 2 in front of these terms accounts for the fact that each of these reactions
creates or destroys two members of O,. The net rate of change of O, is the difference
between these terms.

Notable by their absence in Equation (3.9) are the terms representing the reaction
between O and O, to form O, (reaction (3.2)) and the photolysis of O, to form Q,
and O (reaction (3.4)). These reactions destroy one member of O,, but create another.
Reaction (3.2), for example, results in the loss of an O atom but the creation of an
0O, molecule. Because the abundance of O, is the sum of the abundances of O and
0;, these two reactions produce no net change in the abundance of O,.

Let us now calculate the lifetime of O, in the lower stratosphere. When calculat-
ing the lifetime of a chemical family, one cannot generally calculate it as 1/L because
the loss rate of the family is generally not proportional to the abundance of the
family. For O, the loss rate is 24q.,,[0:]{O]. Instead, we calculate the lifetime as the
abundance of O, divided by the total loss rate:

N
2k0+03l03”01 2k()+01[01

T

X

= 5§ years (3.10)

We have used the approximation [O,] = [0] to go from the first expression for 1,
to the second; we will show this approximation is accurate in the next section. It
turns out that this estimate of the lifetime of O, is too large by a factor of about
10-20 because we have neglected several reactions that destroy O,—these will also
be discussed in the next section. A more accurate calculation would reveal that the
lifetime of O, in the lower stratosphere is several months, decreasing to days in the
upper stratosphere.

To review: O, is created by the photolysis of O, (reaction (3.1)) and destroyed
by the reaction of O, and O (reaction (3.5)) on time-scales of months in the
lower stratosphere, decreasing to less than a day in the upper stratosphere. On
time-scales that are short compared with this, the sum of the abundances of O,
and O is constant. While their sum is constant, however, O, and O are inter-
converting on a time-scale of tens of minutes or less. Figure 3.1 shows a
schematic of this.
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Figure 3.1 Schematic of the Chapman odd-oxygen system.

3.2.] Fartitioning of odd oxygen

An important question still remains: what fraction of Q. is in the form of O, and how
much is in the form of Q7 In other words, how is O, partitioned among its
constituents? Considering just the reactions that interconvert O, (reactions (3.2) and
{3.4)), and assuming photochemical steady state, then production of O, equals its
loss:

J6,105] = k6.0, O:110] (3.11)

where the left-hand side is the loss rate of O, and the right-hand side is the produc-
tion rate of O, (alternatively, production of O equals its loss; the left-hand side is the
production rate of O atoms and the right-hand side is the loss rate of O atoms).
Rearranging Equation (3.11), we get:

©r_

= (3.12)

(0,1 ko*oz[ozl
Figure 3.2 shows that this ratio ranges from 10 7 in the lower stratosphere to 1077 in
the upper stratosphere. Thus, nearly all O, in the stratosphere is in the form of O;.
This justifies our assumption (used in Equation (3.10)) that [O,] = {O,]. Note that, at
night, photolysis ceases (J,, = 0) and all of the O atoms are converted to O, via
reaction (3.2). Thus, all of O, is in the form of O, at night.
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Figure 3.2 Calculated profiles of the O, and O number density (solid lines, bottom axis), and

the ratio {OJ/{O,] (dashed line, top axis). Calculation is for 45°N equinoctial conditions based
on daytime-average constituent abundances and photolysis rates.

In the previous calculation, we assumed photochemical steady-state conditions for
the members of O,. How good an assumption is this? To study this question, let us
revisit the continuity equations for O, and O atoms {Equation (3.8)). Assuming that
the reactions that interconvert Q, (reactions (3.2) and (3.4)) are much faster than the
reactions that produce and destroy O,, we can rewrite Equation (3.8), neglecting the
O, production and loss terms:

a O} -

0] = k()*(sztouo:’,] - Jmlozl

ot ’
20 (3.13)
‘[5‘1 = —kou0, ON1O:] + S, 104]

¢ 3 :

These differential equations are appropriate for time periods short compared to the
lifetime of . Over longer time periods, the terms representing production and loss
of O, (as well as transport) can have a significant cumulative effect.
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The differential equations in Equation (3.13) can be solved analytically to obtain:

S U S : 1Y L Koo [O:]
[0,}(0) = o %o (0] (exp(—(lm + k(,,oz[():])t) + —"—fl:owm)c

S0,

(3.14)

\

1 / W
[0]() = koo l0 (1 ~ exp~{Jo, + kmz[ogl)r))c

Yo,
where we have assumed that [O] =0 at ¢ = 0 and C is a constant of integration that
is determined by the concentration of O, Deviations from the steady state are
represented by the exponential terms in Equation (3.14). The system approaches its
steady-state value with an e-folding time of [/(J, +k,0,[0,]), which is the
reciprocal of the sum of the loss frequencies of O, and O. Because the lifetime of O
is much shorter than the lifetime of O, 4, [0,] * Jos. and 1/Uq, +ko.0,10:])
= W(kgo,1051). Thus, the perturbation term is damped on a time-scale equal to the
lifetime of O atoms, which is much less than a second in the stratosphere. Conditions
in the atmosphere do not change significantly on such short time-scales, so it is rea-
sonable to assume that O, and O are always in the photochemical steady state.

Taking the limit of Equation (3.14) as time goes to infinity, the perturbation terms
in Equation (3.14) are zero. In this case, the [O}/[O,] ratio becomes J(, /(k¢,,0,[O0,1),
which is the same result as was obtained when considering the solution to Equation
(3.14).

Why have we spent time and effort in this chapter defining O.? The reason is that
O, offers conceptual advantages versus thinking about the species O, and O as
separate entities. The lifetime of O is minutes or less in the stratosphere. Thus, one
would expect that on time-scales much longer than this, the abundance of O, can
change significantly. In this chapter, however, we have shown that (1) the lifetime of
0, is much longer than the lifetirne of O, and (2) virtually all of O, is in the form of
0,. As a result, the abundance of O, can in reality only change on time-scales
comparable to or longer than the lifetime of O,. This is true because photolysis of O,
creates an O atom that almost all of the time reacts with O, to reform O,. Therefore,
photolysis of O, does not represent a net sink of O,

It is, in fact, quite common in both formal and colloquial situations for people to
use “ozone” where they really mean “odd oxygen”. For example, the literature is fitled
with statements such as: “the lifetime of ozone in the lower stratosphere is months.”
Strictly speaking, this is incorrect. Photolysis destroys O, rapidly, with a typical life-
time 1/L of minutes or less throughout the stratosphere. However, the lifetime of O,
is months. and virtually all of O, is in the form of ozone. Thus, if you follow an air
parcel in the lower stratosphere, you will see that its O, abundance is constant on time-
scales shorter than the lifetime of O,. This does not mean that O is not being destroyed
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in the parcel. On the contrary, all of the O, in the parcel is destroyed many times every
day that the parcel is in sunlight. However. O, is reformed in the parcel at almost exact-
ly the same rate. Only on time-scales of the lifetime of O, are the effects of the imbal-
ance between production and loss of O, large enough for its concentration to change
noticeably. Thus, the statement that the lifetime of O, in the lower stratosphere is
months, while technically incorrect, is true in a practical sense.

In addition, there is a computational advantage to using O, for numerically
modeling the stratosphere. To predict the abundance of constituent X at a given
point in time and space, models of the stratosphere integrate the differential
equation

[Xl,:f@%{—] dr+[Xl()='/’l(P—L[X!—V-(V[X])) di+{X], (3.15)
y 0 )

To numerically solve Equation (3.15), the integral is broken into short time segments
of length As and converted into a summation—a process often referred to as “dis-
cretization” (the literature on numerically solving differential equations is extensive,
c.g. sce Press ef al. [66], Chapter 15). The difference in lifetimes of the stratospheric
constituents means that there are several very different time-scales over which the
dependent variables (O, O, and other constituents) arc changing (this 1s known as a
“stiff”” set of differential equations). In order to maintain stability of the integration,
one is required to follow the variation in the solution on the shortest time-scale, in
this case the lifetime of O. Thus, a model of the lower stratosphere that considered
O; and O as separate and independent species would have to have a time step Af of
less than T, (less than a millisecond in the lower stratosphere). With such a small
time step, it 1s impractical for a model to integrate Equation (3.15) for seasonal or
yearly time periods, and therefore it would be impossible to simulate many of the
phenomena that are of interest. By modeling O, instead of both O, and O, however,
one can take advantage of the much longer lifetime of O, and use a bigger time step
in the model.

3.3 Catalytic Loss Cycles

Calculations of O, abundance based on just the Chapman reactions yield estimates
of O, that are considerably larger than measurements. The reason for this is that we
have neglected an important O loss pathway: radical catalysis [67].

A catalyst is defined as a substance, often used in small amounts relative 1o the
reactants, that increases the rate of a reaction without being consumed in the process.
With this definition in mind, consider the chemical reaction sequence first suggested
by Stolarski and Cicerone [68]:
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Cl+0;,—-ClO+0,
ClO+0 - Cl+ 0, (3.16)

0,+0-0,+0,

In this reaction set, Cl acts as a catalyst by facilitating the conversion of O, to O,
without being consumed. For this catalytic cycle to be important, it has to destroy O,
at a rate comparable to or faster than the rate at which O and O, directly react.
Otherwise the catalytic cycle will have little impact on the overall rate of O, destruc-
tion. Thus, we have to evaluate how fast the catalytic cycle (3.16) destroys O,.

3.3.1 Rate-limiting step

What determines the rate that a catalytic cycle destroys O,? To figure this out, let us
look more closely at the cycling between Ci and CIO (Figure 3.3). C1O is formed
only through reaction of Cl with O,. CI is reformed when ClO reacts with either O
or with NO.

When the cycle is completed by ClO + O, then two O, are destroyed, as shown in
reaction (3.16), When ClO reacts with NO, however, the following cycle results:

Cl1+0,->Ci0O+0,
ClIO + NO — Cl + NO,
NO, + v - NO + O

O+ —0,+0

3.17

Note that this reaction scheme does not destroy O; instead it merely converts O,
to O.

In other words, every reaction between ClO and O leads to the loss of two O But
not every reaction between Cl and O, leads to O, loss; if the resulting CIO reacts with
NO, then a null cycle (reaction (3.17)) results. Therefore, the rate of O, loss in
reaction (3.16) is set by the rate of the reaction between ClO and O, and not by the
rate of reaction between Cl and Os. In general, the rate at which a catalytic cycle
destroys O, is determined by the slowest reaction in the cycle, which is known as the
rate-limiting step. We can therefore write the rate of O, loss through reaction (3.16)
a8 2kei6.0l CIOJO]. The factor of 2 accounts for the fact that every trip through the
catalytic cycle destroys two O, members (one O, and one O).

Figure 3.4 shows the ratio of the rate of O, loss through the CIO-Cl catalytic cycle
(Zk10,0l CIOY[OD) to the rate of O, loss through the O+0 reaction (2k,,,[O5]{O]) as
a function of ClIO abundance. If this ratio is much less than 1, then loss through the
CIO-CI catalytic cycle is insignificant compared with loss through the direct 0+0
reaction. If the ratio is much greater than 1. then the catalytic loss dominates the
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Figure 3.3 Schematic of the Cl-CIO system. Arows depote pathways for conversion
between Cl and C1O. Each arrow is labeled by the reactant that accomplishes the conversion
(c.g. the arrow going from C} to CIO labeled with O, means that Cl is converted to ClO
through reaction with O,).

direct reaction. Figure 3.4 shows that these two loss pathways are equal for a CIO
mixing ratio of ~20 parts per trillion by volume. Typical stratospheric abundances of
CIO are tens to hundreds of parts per trillion by volume [46,69-71], indicating that
destruction of O, through this catalytic cycle is important. The importance of this
conclusion cannot be overstated: the ClO radical, even in abundances as small as a
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few tens of parts per trillion by volume, is capable of destroying significant amounts
of O, despite O, abundances of several parts per million by volume.

3.3.2 Other catalytic cycles

The CI-CIO cycle is just one of several catalytic cycles that destroy odd oxygen in the
stratosphere. There is an NO-NO, cycle [72] that is quite similar to the CI-ClO cycle:

NO + O, - NO, + O,
NO, + 0 — NO + 0, (3.18)

0,+0-50,+0,

The rate-limiting step of this cycle is the reaction between NO, and O. There is also
an analogous OH-HO, cycle:

OH+ O, > HO,+0,
HO,+ 0O —->0H + 0, (3.19)

0:,+0->0,4+0,

The rate-limiting step of this cycle is the reaction between HO, and O.

Note that these three cycles (reactions (3.16)—(3.19)) are rate limited by reactions
involving O atoms. Other cycles, rate Iimited by reactions involving other species,
tend to be (relatively) more important in regions where O atoms are rare (such as the
lower stratosphere). The cycle

OH + O, —» HO, + O,
HO, +0; - OH + 0, + 0O, (3.20)

0,+0,—-20,+0,+0,

is rate limited by the reaction between HO, and Os. Another important cycle in the
fower stratosphere is

HO, + Z0 — HOZ + O,

HOZ + hv - OH + Z

Z+0,->7Z0+0, (3.2D
OH+ O, - HO, + O,

0,+0, 50,4+ 0,+ O

where Z is either Cl or Br. The rate-limiting step is the reaction between HO, and
Z0.
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The reaction between ClO and BrO has three product channels:

CiO + BrO — BrCl + O, (3.22a)
CIO + BrO — CIO0 + Br (3.22b)
ClO + BrO — OCIO + Br (3.22¢)

If the reaction follows either reactions (3.22a) or (3.22b), then net loss of O,

ocours:

Cl+0,->ClI0O+0,
Br+ O; — BrO + O,
ClO + BrO — BrCl + O, (3.23)
BrCl + hv — Br+ Cl

0,+0,250,+0,+ 0,

Cl1+0; - ClO+Q,

Br + O, — BrO + O,

ClO + BrO — CIOO + Br (3.24)
ClOO+M - Cl+0,+M

0,+0,—-0,+0,+ 0,

These BrO-CIO cycles are both rate limited by the reaction between BrO and C10.
Cycles (3.23) and (3.24) are important in the formation of the Antarctic ozone hole,
which we will discuss in detail in Chapter 7.

If the reaction between BrO and ClO follows reaction (3.22¢), then there is no net

loss of O:

Cl+0, - ClIO+0,

Br + O, = BrO + O,

CiO + BrO — OCIO + Br (
OCIO + Av > CIO+ 0O

O,+hv—>0,+0

(993
to
99
2

There are two more O, -destroying reaction sequences that rely on the production of
NO and O, from the photolysis of NO,:

NO + 0, - NO, + O,
NO. + 0, » NO, + O,
NO. + hv — NO + O, (3.26)

0,+40,50,+0,+0,
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CIONQO, + hv — Cl + NO,
NO; + hv - NO + O,

NO + 0, - NO,+ 0,
Cl+0, > ClO+0,

ClO + NO, -5 CIONO,

0,40, 2 0,+0,+0,

(3.27)

The rate-limiting step of both of these reactions is the rate of photolysis of NO; to
NO. Note that if NO, is photolyzed to NO, and O, then these cycles lead to no net
loss of O—because the O atom produced will react with O, to reform O,. These last
two cycles are of limited importance in regulating O,.

3.4 Odd-oxygen Production and Loss Rates

The continuity equation for O, can be written

(—)LQ—‘J =P, ~L[O]-V - (V[O,D (3.28)
ar )
Production of O, is almost entirely due to photolysis of O,, so P =~ 2/, [O,]. The fac-
tor of two accounts for the fact that cach O, molecule photolyzed produces two O,.
Figure 3.5a shows the annually averaged P, . Production increases with altitude over
most of the stratosphere, reaching a maximum over the equator at about 2 hPa. The
increase with altitude of P, occurs because the photolysis rate Ji, increases with
altitude faster than [O,] decreases, so their product increases with altitude. Above
2 hPa, J,, ceases to increase rapidly with height, so the decrease in [O,] causes their
product to decreasc with altitude. Also note that P, at a given pressure is greatest
over the equator. This is consistent with the fact that the lower latitudes receive, on
average, more sunlight. Figure 3.5b shows the lifetime of O, with respect to produc-
tion (T, =[O, }/P).

The total loss rate of O, is the sum of two times the rates of the rate limiting step
of each catalytic cycle plus two times the rate of the reaction between O, + O: L|O,}
= k0.0l ClIOJIO] + 2kN()_,+()[NOz“Ol + zkl-i()z'()[HOZ][O’ + oo+ 2kG,,0l 0401
Again, the factor of 2 accounts for the fact that each O, destruction pathway destroys
two Q.. Figure 3.6a shows the annually averaged loss rate of O Figure 3.6b shows
the hifetime of O, with respect to loss (O, J/(L[O,]) = 1/L). The hemispheric asym-
metry in the lower stratosphere of Figure 3.6 is due to the rapid loss of O, associated
with the Antarctic ozone hole.

As with production, Figure 3.6a shows that the loss rate of O, increases rapidly
with altitude throughout most of the stratosphere, reflecting the increase with
altitude of the abundances of O and the O,-destroying reactive radicals. Below about
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Figure 3.5 Contours of annually averaged (a) O, production rate (in 10° molecules cm™ s7')
and (b) O, lifetime with respect to production ([OJ/P), in days. These calculations are from
the Goddard two-dimensional climatological circulation model [73].

30 km, Figures 3.5a and 3.6a show that the annually averaged production and loss
rates are generally not equal. Production exceeds loss in the tropics, while loss
exceeds production in the extratropics. Transport of O, from the tropics to higher
latitudes closes the budget, and ensures that the annually averaged change of lower-
stratospheric O, is close to zero. This will be discussed in detail in Chapter 5.
Above 30 km. the rates of production and loss are approximately equal. In this
region, chemistry is much faster than transport of O, so we can assume that O, is in
steady state. Between about 10 and 2 hPa, the lifetime of O, is greater than a day. so
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Figure 3.6 Contours of annually averaged (a) O, loss rate (in 10° molecules cm ™ s7') and
{b) O, lifetime with respect 1o foss (1/L) (in days). These calculations are from the Goddard
two-dimensional climatological circulation model {73].

P, and L]O,} are equal when averaged over 24 h; the system is therefore in the
diurnal steady state. Above ~2 hPa, the lifetime of O, is much less than a day, and
wstantancous production and loss of O, can be considered equal throughout the day;
the system is therefore in photochemical steady state.

Figures 3.7 and 3.8 show the contributions of the various catalytic cycles to the
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total loss rate of O,. The O, line represents the contribution from the direct reaction
between O, and O (reaction (3.5)). This reaction is responsible for a few percent of
total loss in the lower stratosphere, increasing to a maximum of ~30% of the total
loss in the upper stratosphere. Note that this explains why our estimate of lower
stratospheric O, lifetime earlier in this chapter was too large. By considering only
the OO reaction in our calculation of the O, loss rate, we underestimated the lower
stratospheric loss rate by a factor of ~20, leading to an estimate of O lifetime that
was a factor of ~20 too large.

Virtually all of the O, loss attributed to NO, chemistry occurs through the
NO,-NO catalytic cycle (reaction (3.18)). NO,-catalyzed loss is most important in
the mid-stratosphere near 10 hPa (~30 km), where it causes two-thirds of the O, loss.
The HO, line represents the sum of the two OH-HO, cycles (reactions (3.19) and
(3.20)). The cycle rate limited by HO,+0; 1s more important in the lower strato-
sphere [74], while the cycle rate limited by HO,+O is more important in the upper
stratosphere. Together, these two cycles dominate O, loss in both the lower and
upper stratosphere, where they are responsible for about half of the O, loss.

The Cl, line represents the sum of the catalytic cycles that are rate limited by
ClO+0, CIO+HO,, and CIO+BrO (reactions (3.16), (3.21), and (3.23), respectively).
Together, these Cl, cycles are responsible for about 15-25% of O, loss throughout
the stratosphere. It should be noted that mankind is responsible for approximately
80% of the chlorine in the stratosphere in the late 1990s, and is therefore responsible
for the vast majority of the loss due to the Cl, cycles. In this way, human society has
significantly increased the total loss rate of O, in the stratosphere.

Finally, the Br, line (not shown in Figure 3.8) represents the sum of the bromine
catalytic cycles, which are rate limited by BrO+HQO, (reaction (3.21)) and BrO+0.
The cycle limited by BrO+0O was not discussed previously; it is the bromine analog
to the CIO-CI cycles. The Br, cycles are responsible tor ~20% of odd-oxygen loss
around 50 hPa (~20 km), declining rapidly with increasing altitude.

These relative rates should be considered a general guide. The importance of the
various catalytic cycles to O, loss rate as well as the total O, loss rate varies with {at-
itude, season, aerosol surface area deunsity, and other geophysical parameters.

Also plotted in Figure 3.7 are the 24 h average total O, production and loss
rates. In the lower stratosphere, production exceeds loss. This is not troubling
because the lifetime of O, is weeks to months (e.g. see Figure 3.6), so the system
is not in the photochemical steady state, and we do not expect production and loss
to be equal.

As one goes to higher altitudes, the O, lifetime decreases. Above ~10 hPa
(~3( km), the system is in a steady state, and one expects average production and
loss to be equal. Between about 30 and 40 km, this is indeed the case. Above
~40 km, however, predicted loss significantly exceeds predicted production. This is
a long-standing problem with our understanding of upper stratospheric photo-
chemistry and is known as the model “ozone deficit” [64.71,75,76]. Simply stated,
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models of the upper stratosphere tend to predict lower O, abundances than measure-
ments indicate. The reasons for this remain a topic of active research.

Problems

1. It has been suggested that one way to combat the decrease in stratospheric O, is

to manufacture O, and transport it to the stratosphere. Let’s look further at this idea.

(2) Estimate the total number of molecules of O, in the atmosphere. Given this
many O, molecules, how many molecules of O, are there in the atmosphere?

(b) Estimate how much energy (in joules) it took to produce this number of mole-
cules of O.. (Hint: two O, molecules are produced when an O, molecule is dis-
sociated by a photon.)

{c) Given a lifetime of O, of 3 months, what is the power required to maintain the
atmosphere’s O,.

{(d) The total energy consumed by society during 1987 was ~80 % 10 J. How does
this rate of power consumption compare with the power necessary 1o maintain
the ozone layer. Would it be feasible (just from an energy point of view) for
mankind to maintain the ozone layer?

2. The rate-limiting step. Assume a simple system composed of the following con-
stituents: C10, Cl, O,, O, and NO, and the following reactions:
ClO + NO — Cl + NO,

ClO+0 —~>Cl+0,
Cl+0, - ClO+0,

Assume that [O;], O], [NOJ, and [Cl,] are fixed. Values typical of the mid-latitude
upper stratosphere are:

Constituent Value (daytime average)
[C1] = [CIO] + (1} 9 107 molecules cm-
[04] 6.5 % 10" molecules cm™*
[O}10,} 0.0008

[NOY} 7 x 10* molecules cm™
kcwreno 2x 10 ' cm® molecule™ 5!
koo 4x 107" om® molecule™ s
kereor, 10 "' ¢em® molecule 's™!

(a) Calculate [Cl} and [CIO}]. assuming the photochemical steady state.

(b) The “rate-limiting step” of the ClO-Cl catalytic cycle is the reaction between
ClIO and O. Calculate the rate of this reaction using the value of [ClO] calculated
mn {(a).
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(c) Assume kg, is doubled (to 2x 107" cm’ molecule™ s7'), with all other rates as
given above. Recalculate [Cl], [C1O], and the rate of C1O + O. How much of an
impact on the rate of odd-oxygen loss does this reaction rate have?

(d) Assume k., is doubled (to 8 x 107" cm’ molecule™ s, with all other rates as
given above. Recalculate [Cl], [CIO], and the rate of C1O + O. How much of an
impact on the rate of odd-oxygen loss does this reaction rate have?

(e) In words, explain why this result is consistent with the concept of a “rate-
limiting step”.

3. Let us estimate the abundance of upper stratospheric ozone. In this problem, we
start by making the assumption of photochemical steady-state conditions between O,
and O.

(a) Using just the Chapman reactions, write an equation in terms of the relevant ks,
Js, and [O.], [O}. and [O,] that equate production and loss of odd oxygen.

{b) The equation in (a) contains the concentrations of both [0,] and [O]. Using the
stecady-state relation between them, eliminate [O] from the equation.

(c) Solve this equation for [O,] using typical values for the upper stratosphere
(at 35°N; 3.1 hPa; equinox conditions, 3x 10" s for J, (daytime aver-
aged), 2x 10" s for Jo, (daytime averaged), 2x 10 cm’ molecule™' s for
ko.op 8x 107 cm® molecule 's ' for Koo, (effective bimolecular rate). and
1.8 x 10" molecule cm™ for [O,]).

(d) From this, calculate [O].

Measurements of ozone from the UARS MLS instrument reveal O, concentrations
of ~6.5 % 10" molecules cm * at 3.1 hPa.

(e) How does this compare with what you calculated? Why are these not the same?

(f) Recalculate [Os] after including another loss process: ClO + O. Assume that

[CIO] = 5 x 10" molecule cm *, and kq,0= 3.8 % 10" cm® molecule's .

4. Estimate J,,, in the lower stratosphere given that the lifetime of O, is 3 months.
Assume the photochemical steady state (and neglect transport). Based on this
estimate, what is the lifetime of O, with respect to photolysis in this region?

5. Around 40 km (where all of the major O, loss pathways involve O atoms), the life-
time of O, is a day, and the lifetime of O, is a minute. Based on this, what fraction
of O atoms that are formed from O, photolysis react with O, to reform 0,7
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In the previous chapter we saw how O, production and loss rates are determined hy
the concentrations of O, and O, a few key radicals such as HO,, OH, NO,, CIO, and
BrO, and several rate constants and photolysis rates. The transport term is deter-
mined from the wind velocity and O, fields. Substituting estimates of these values
mto the continuity equation and then integrating,

v " 9l0 ! ,
1= [ 420 arvion= [ (po -L01-v- WO @s10), @b
¢ 0

produces an estimate of [O,]. By integrating Equation (4.1) over a sufficiently long
time (usually several years), an estimate that is insensitive to the initial guess of O,
(represented by [O,],) is obtained. Note that Equation (4.1) determines [O,] at one
point in space—models of the stratosphere simultaneously integrate Equation (4.1)
at many points throughout the stratosphere in order to determine the {O,] field for the
entire stratosphere.

Many of the important questions in atmospheric sciences today revolve around
estimating how man is changing the atmosphere. For example. the release of
chlorofluorocarbons (CFCs) at the ground leads to an increase in the abundance of
ClO in the stratosphere (we will discuss this in detail later in this chapter). If one
knows by how much the abundance of ClO increased due to the release of CFCs,
then Equation (4.1) can be integrated two times: once using the natural level of CIO
(the abundance of CIO without the influence of CFCs) and a second time using the
perturbed level of ClO (taking into account the influence of CFCs). Comparison of
the [O,] determined using these different scenarios shows how the release of CFCs
affects O,.

This simple sounding recipe. however, proves far more difficult to perform in
practice. Determining the abundances of radicals such as ClO and how the abun-
dances of these radicals change in response to atmospheric perturbations 1s a com-
plicated and nontrivial task, and one which is the primary focus of this chapter. Only
with an understanding of the mechanisms that regulate the abundances of radicals.
however, is one able to predict the response of the O, abundance to various pertur-
bations, both man-made (like the addition of CFCs to the stratosphere) and natural

59
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(like the addition of sulfur compounds to the stratosphere from the eruption of
Mount Pinatubo, or the 11 year cycle in ultraviolet radiation from the Sun).

4.1 Chemical Families

In the previous chapter we defined the odd-oxygen family {O,), whose members are
O, and O. In a manner analogous to O,, we will define several new families in this
chapter whose members include the radicals that are involved in O, loss: inorganic
chlorine, Cl,; odd nitrogen, NO,; odd hydrogen, HO; and inorganic bromine, Br,.

Before continuing, we will summarize some important characteristics of chemical
families.

4.1.1 Source

For every chemical family, there is a source gas whose destruction by photolysis or
oxidation leads to the formation of a member of the chemical family. The source gas
for O,, for example, is O, (reaction (3.1)):

O, +hv—> 0O+ 0

4.1.2 Cycling

Members of a chemical family interconvert rapidly, compared to the rate at which
the family is created or destroyed. For O, for example, the reactions

0, +0-¥5 0,

O, +hv—0,+0

convert one torm of O, into another, without changing in the total abundance of O,,
at a rate much faster than O, is created and lost. An equivalent way of saying this is
that the lifetimes of the members of a chemical family are much shorter than the life-
time of the family.

Normally, the lifetime of a constituent is defined to be [XJAL[X]) = 1/L, where L
is the loss frequency for the constituent and [X] is its abundance. Note that this is
true because the loss rate for an individual constituent is almost always proportional
to the abundance of the constituent. For a chemical family, however, the loss rate 1s
proportional to the abundance of one or more members of the family, and as a result
the lifetime is [ X JALIZ]), where [X,] is the abundance of the chemical family and
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L{Z] is the loss rate of the tamily, written as the product of a loss frequency L and
the abundance of 7, a member of family X,. The lifetime of O, for example, is
O
To, = 0] 4.2)
2K{O4]10] + 2k[CIONHO] + 2(other RLS)

where “other RLS” represents the sum of the rates of the rate-limiting steps of the
other catalytic cycles. Note that we have included in the denominator of Equation
(4.2) only those reactions that are net losses for O_. Thus, the reactions O,+ O and
O, photolysis are not included.

The members of a chemical family can also be generally divided into two groups:
reservoirs and active species. Active species are reactive-—they are often radicals—
and are the members of a family involved in the catalytic cycles that destroy O, (e.g.
Cl, CI0O, NO, NQO,). Reservoir species, on the other hand, are more stable molecules
(e.g. HCI, HNO,) that do not react with O, and therefore do not catalyze loss of O..
How a chemical family is partitioned between these active and reservoir species is
crucial for determining how effective it is in destroying O,.

4.1.3 Loss

A chemical family is destroyed through chemical reactions that destroy members of
a chemical family without creating other members of the family. Again using O, as
an example, reaction (3.5),

0,+0—0,+0,

destroys two O, constituents and reforms the source gas O,. Not all chemical fami-
lies have loss reactions. If a family does not have any chemical loss processes. then
its concentration continues to build up until the source gas has been depleted.

4.2 Odd chlorine—Cl,

4.2.] Source

In the early 1970s, measurements of CFCs [77] in the troposphere showed that CFCs
were present in abundances corresponding to their total integrated production. CFCs,
it was inferred, were not being destroyed, but were simply accumulating in the
troposphere. Based on this observation, Molina and Rowland [78] postulated that
CFCs could be transported into the stratosphere where they would be destroyed by
high-energy ultraviolet photons. This would result in chlorine atoms being released
from the CFCs in the stratosphere, and these CI atoms could participate in the
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catalytic cycles that destroy O,. Based on the work of Molina and Rowland [78], as
well as the discovery of the Antarctic ozone hole, the United Nations Environmental
Program (UNEP) organized the Vienna Convention on the Protection of the Ozone
Layer. This resulted in the signing of the Montreal Protocol in 1987 and the
Copenhagen Amendment in 1992, which committed the signatories to cease pro-
duction of many of the CFCs implicated in O; loss by the end of 1995. For their con-
tributions to stratospheric research, Mario Molina. F. Sherwood Rowland, and Paul
Crutzen were awarded the 1995 Nobel Prize for chemistry.

It is now known that the scenario suggested by Molina and Rowland [78] is essen-
tially correct. Halogenated organic molecules, most of which are man-made, are
released at the ground. These molecules all have long tropospheric lifetimes, and
therefore survive long enough to be transported into the stratosphere. It should be
noted that much of the chlorine in the troposphere, such as that in sea salt or volcanic
ejecta, is water-soluble |79} and therefore rapidly washed out by rain. As a result,
chlorine from these sources does not reach the stratosphere.

Figure 4.1 shows a time series of the abundance of organic chlorine in the
troposphere. The amount of tropospheric chlorine increased nearly exponentially
between 1960 and the mid-1990s, reflecting the rapidly increasing use of these
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Figure 4.1 Total tropospheric chlorine. From Table 6.3 of WMO [13], and assuming CH,Ci
to be 0.6 ppbv. Chlorine amounts prior to the mid-1990s are based on measurements,
Chlorine amounts after this time are estimates based on adherence to the Montreal Protocol
and its amendments.
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useful molecules. Tropospheric chlorine peaked near the beginning of 1994 [80]. and
is presently decreasing, owing primarily to the reduction in CFC production stipu-
lated by the Montreal Protocol.

Because transport time between the troposphere and stratosphere is slow. the
concentration of total chlorine in the stratosphere corresponds well to the tropos-
pheric concentration of 35 years earlier [81-83]. This suggests that the amount
of chlorine in the stratosphere is expected to peak between 1997 and 1999 and
decline thereafter.

Measurements indicate the abundance of organic chlorine in the troposphere
peaked in early 1994 at ~3700 pptv [80]. Of this, about 3 ppbv of chlorine was con-
tained in the major CFCs, chlorinated hydrocarbons, hydrochlorofluorocarbons
{(HCFCs), and halons. Virtually all of these molecules result from human activities.
Most of the rest was attributable to CH,Cl (methyl chloride), the main natural source
of chlorine in the stratosphere, which is produced from algal growth in the
marinefaquatic environments (see WMO [13], Section 2.2.3). Satellite data have also
confirmed that the dominant sources of chlorine in the stratosphere are man-made
organic chlorine molecules [84]. Table 4.1 lists the major organic chlorine molecules
and their tropospheric abundances.

Table 4.1 Tropospheric abundances of chlorine source gases for the stratosphere in the mid
1990s.

Industrial Tropospheric Cl atom Fraction of
Species name abundance (pptv) abundance (pptv)*  total Cl (%)
CCLF CFC11, R11 272 816 22.1
CCLF, CFC12,R12 532 1064 28.8
CCl, CFC10,R10 103 412 111
CF,CClL, CEC1H13,R113 84 252 6.8
CH,CCL, — 109 327 8.8
CHE.CL HCFC22, R22 117 117 32
CH,CI — 600 600 16.2
Others ~100 3.0
Total ~3700

From Table | of Montzka et al. [80], cxcept for CH,CI, which is from Table 2.1 of WMO [13].
* Cl atom abundance = the tropospheric abundance of the molecule times the number of CI
atoms in the molecule.

We will define the total abundance of Cl atoms tied up in long-lived organic mole-
cules to be CCl,;

[CCL| = 2 X [CCLF,] + 3 X [CCLF] + [CH,Cl] + 4 x [CC,]

4.3
+ 3 x |[CH,CCL ] + 3 x [C.CLJF,} + [CHCIFE.] @.3)
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Note that we have multiplied the abundance of each molecule by the number of
chlorine atoms in the molecule to determine the concentration of chlorine atoms.
Species not listed in Equation (4.3) make up only a few percent of CCl,. Hereinafter,
we will refer to the chlorine-bearing organic molecules as CCI,. '

Once in the stratosphere, CCl, is destroyed primarily through photolysis by ultra-
violet photons, with a minor fraction of loss occurring through oxidation. The local
lifetime 1/L for several CCI, species, as well as N,O and CH,, is plotted in Figure
4.2. In general, the local lifetime decreases from decades in the lower stratosphere
to weeks or months in the upper stratosphere because the abundance of ultraviolet
photons and oxidizing radicals both increase rapidly with altitude. Note that life-
times of species that are destroyed primarily by oxidation (e.g. CH,) decrease more
slowly with increasing altitude than the species that are destroyed primarily by
photolysis (e.g. N,O, F12, F11).

An aside: do CFCs really make it into the stratosphere? Or, when I jump out a
window, 1 hit the ground

Some people object to the idea that CFCs, emitted near the surface, are trans-
ported into the stratosphere. They point out that CFCs generally have molecular
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Figure 4.2 Daytime-average local photochemical loss lifetime 1/L versus pressure for
several long-lived species. Values are an annual and global average (from the Goddard two-
dimensional climatologicat circulation model [73]).
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weights of 100 or more, while the average molecular weight of air s 29. Thus,
CFCs are heavier than air and, the argument goes, such molecules should stay
near the ground.

Fortunately, this line of reasoning is false. It is true that heavier molecules do sink
toward the ground while lighter molecules rise towards the top of the atmosphere.
Opposing this separation, however, are mass-independent mixing processes that tend
to homogenize the atmospheric column. Whether the atmosphere separates into lay-
ers on the basis of mass is determined by the relative time-scales for these processes.

For the atmosphere to separate into layers based on mass, molecular diffusion
must be the dominant process. It turns out that this process is extremely slow. The
kinematic viscosity of air at the surface is v = 0.2 cm’ 5. We can estimate the time-
scale for air to diffuse through a scale height (H = 7 km), which is approximately the
height of the troposphere, as /{%/v = 8 x 10" years. Thus, if undisturbed by other
processes, the atmosphere would diffusively separate into layers by mass on a time-
scale of tens to hundreds of thousands of years.

Opposing molecular diffusion arc mass-independent mixing processes such as
convection in the troposphere and gravity-wave breaking in the stratosphere. In the
troposphere, bulk mixing processes are rapid, homogenizing the troposphere on a
time-scale of a month or so. Transport into the stratosphere occurs on a time-scale
of years. Thus, these processes mix the atmosphere much faster than it can
diffusively separate. The net result is that CFCs do not stay near the ground but are
transported into the stratosphere, where they are destroyed.

It should be noted that the kinematic viscosity is inversely proportional to density.
Thus, at 120 km, where the density is about 107 of the surtace, the time-scale for
molecular diffusion through a scale height of 7 km is about H3/v = § x 10~ years
= 3 days. Under these conditions, molecular diffuston can become important, and the
atmosphere does indeed begin to separate into layers based on mass at these
altitudes.

A few paragraphs carlier we wrote “Fortunately, this line of reasoning is false.”
Why is it fortunate that the atmosphere does not separate by mass? Argon (atomic
weight 40), for example, makes up about 1% of the atmosphere. If the atmosphere
did separate by layers, Ar would make up a layer several tens of meters thick near
the ground. Since we cannot breathe Ar, it is indeed fortunate that the line of rea-
soning presented at the beginning of this section is false.

4.2.2 Partitioning

When a CCl, molecule is destroyed in the stratosphere the chlorine atoms that are
bound up in it are released. They are subsequently converted into one of several
inorganic chlorine-bearing species. The sum of these species is defined 1o be odd
chlorine or Cl:



66 4 Chemical Families and Partitioning

[CL] = [HCI] + [CIONQ,] + [CIO] + [HOCI] + [C1] + 2 x [CIOOCi]  (4.4)

Loss of CCl, through photolysis and oxidation is exactly compensated for by an
increase in the abundance of Cl,. Thus, the sum of [C1 ] and [CCL] in an air mass
remains constant over time. CIOOCI is only important in the polar wintertime lower
stratosphere, and we will therefore ignore it until our discussion about polar O, loss
in Chapter 7. Additionally, the destruction of CCl, also releases fluorine atoms. The
chemistry of fluorine will be discussed later in this chapter.

Figure 4.3 shows the local lifetimes 1/L of the members of the CI, family. It is
immediately obvious that Cl and ClO have lifetimes that are much shorter than the
other members of Cl,. Such short lifetimes arise because ClO and Cl interconvert
with each other rapidly—much like O and O,. In analogy to O,, we define a new
constituent Cl.:

[CL] = [CIO] + [Cl] (4.5)
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Cl, can be thought of as a “family within a family”. The lifetime of Cl, is much
longer than the lifetimes of ClO and Cl for the same reason that the lifetime of O, is
much longer than the lifetime of O, and O. Therefore, on time-scales that are short
compared to the lifetime of Cl,, the abundance of Cl, remains constant, while the
ClO and CI molecules are rapidly interconverting. On time-scales that are long com-
pared to the lifetime of Cl,, Cl, will be interconverting with the other members of
Cl,.

Cl, comprises the active components of Cl —i.¢. those members of Cl, involved
in the catalytic cycles that destroy O ~—and is generally referred to as “reactive” or
“active” chlorine. Cl, is also referred to as ClO, or C1*. The remaining members of
Ci, (mainly HCI and CIONQ,) are reservoir species.
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Figure 4.3 Lifetime of the components of Cl,. Calculated for 45°N equinoctial conditions
based on daytime-average constituent abundances and photolysis rates: Tey, ~ 1/ke ol NOJ
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Figure 4.4 shows in more detail the chemistry between these species. ClO is con-
verted to Cl in the reactions

ClO + NO—— C1 + NO, (4.6)
CloO+0——Cl+ 0, (4.7)

while Cl is converted to ClO in the reaction
Cl+0,—— ClO+Q, (4.8)

Because the lifetimes of both ClO and Cl are short, the CIO-Cl system reaches equi-
librium rapidly compared to the rate that conditions in the atmosphere change. It is
therefore a standard assumption that CIO and Cl are always in the photochemical
steady state.

Using the assumption that ClO and CI are in the photochemical steady state, we
can calculate the ratio

[Cl] - k('l(HN()[NO] + k("l()*()[O]
[CIO] koo [0]

(4.9)

During the day, this ratio is ~10 in the lower stratosphere, rising to ~0.1 in the
upper stratosphere. In other words. [ClO] = [Cl]. so that to a good approximation
[Cl,] = [ClO} in the stratosphere. In the lower stratosphere, the term k¢, o[NO] >
ko0l O Above ~35 km, the atomic O term becomes important.

At night, the abundances of NO and O are very small. Thus, after sunset, Cl is
converted to ClO through reaction with O,, but there is no competing reaction to
reform Cl. As a result, at night Cl, is composed entirely of CIO. This is predicted by
Equation (4.9), which predicts a [C1]/[ClO] ratio of 0 when [NO] and [O] are 0.

NO, O

N

CIO Cl
_

O3

Figure 4.4 Schematic of the partitioning between the constituent components of Cl: ClO
and Cl. Each arrow is marked with the reactants that facilitate the conversion indicated by the
arrow.
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The reactions that interconvert ClOQ and Cl (reactions (4.60)—(4.8))} have no
effect on the abundance of Cl, because they are converting one form of Cl, to
another. Instead, Cl, is only lost when ClO or Cl are converted to the Cl, reser-
voir species HCI, CIONO,, or HOCL Figure 4.5 shows a schematic of the par-
titioning among the Cl, reservoir species. Note that, in general, the reservoir
species only interconvert with ClI. Only under rare circumstances will the reser-
voir species react with each other; these circumstances will be discussed in
Chapters 6 and 7.

Formation of reservoirs from CI, CIONQ,; is formed from Cl, in the three-body
reaction

C10 + NO, - CIONO, (4.10)
HCl is formed from Cl, primarily in the reaction

Cl + CH, ——> HCl + CH, 4.1
with a few percent of the production from

Cl+H,—— HClI+H (4.12)

CIONQO: = Tomg
AN

HCI+OH
photolysis Clx H C '
~—
Cl+CHy4
CIO+HO2 photolysis

HOCI

Figure 4.5 Schematic of the conversion pathways between species of the Cl, family.
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The reaction between ClO and OH generally forms Cl and HO, as products.
However, a small fraction (~7%) of the reactions between ClO and OH also form
HC1 [85]:

ClO + OH —— HCI + O, (4.13)
While this reaction occurs throughout the stratosphere, it is primarily important in

the upper stratosphere [64,86,87].
HOCT 1s formed from Cl, primarily in the reaction

ClO + HO, — HOCI + O, (4.14)

In rare circumstances, formation of HOCI in heterogeneous reactions can be
important. This will be discussed further in Chapters 6 and 7.

Formation of Cl, from reservoirs CIONO, is converted to Cl, through the photo-
lysis reaction

CIONO, + hiv——> Cl + NO,
—~——3 ClO + NO,

(4.15)

The majority of CIONO, molecules photolyze to produce Cl and NO;, with the
remainder producing ClO and NO, (see DeMore et af. [5], Table 40). Oxidation of
CIONO, by the stratospheric radicals such as OH, O, and Cl becomes important
above about 35 km, and is the dominant loss process of CIONO, near the
stratopause.

HCl 1s converted to Cl, in the reaction

HCf + OH —> CI + H,0 (4.16)

The pathway for conversion of HOCI to Cl, is photolysis,
HOC1 + hv—— OH + (I (4.17)

with a minor contribution (less than 1 %) from oxidation,
HOCl + OH — H,0 + CIO (4.18)
In addition to the gas phase reactions discussed above, there are several hetero-

geneous reactions occurring on the surfaces of sulfate aerosols that involve members
of Cl.. The sticking coefficients of these reactions are strong functions of temperature,
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and in general these reactions are important only for an enhanced sulfate acrosol sur-
face area density (SAD), such as that found immediately after a volcanic eruption,
or at temperatures below ~200 K. These conditions are rarely found in the strato-
sphere, and therefore these heterogeneous reactions can be generally ignored. There
are, however, certain circumstances where these reactions can have an impact [88].
We will discuss the role of these heterogeneous reactions in Chapters 6 and 7.

Figure 4.6 shows vertical profiles of the various members of C1. The figure shows
CCl, decreasing rapidly with altitude, consistent with its destruction through photo-
lysis. At the same time, Cl, increases with altitude. It should be noted that the total
chlorine content (the sum of CCl, and Cl,) is approximately constant throughout the
stratosphere, This is true because the rate of change of CFCs in the troposphere s
small compared to the rate at which air is transported through the stratosphere (a few
years, see Chapter 5).
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Figure 4.6 Measurements of the major components of stratospheric chlorine versus pressure.
Data were measured in November 1994 and between 20°N and 49°N [89].
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Over the entire stratosphere, HCI is the dominant form of Cl,. In the lower and
mid-stratosphere, CIONQ, makes up most of the remainder of Cl,. In the upper strat-
osphere, ClO is the second most abundant form of C1,. HOCI makes up at most a few
percent of ClI, while the abundance of Cl atoms makes up a negligible fraction of
Cl.

Figures 4.7 through 4.10 show meridional cross-sections of Cl,, €10, CIONO,,
and HCI. The abundance of Cl, increases with both altitude and latitude, consistent
with the mean overturning circulation (discussed in Chapter 5) combined with the
rapid destruction of CCl, in the mid- and upper-stratosphere.

The HC! distribution (Figure 4.8) has a shape similar to the distribution of Cl,,
with the abundance of HCI increasing with both altitude and latitude. The abundance
of CIONQ, (Figure 4.9) increases with altitude in the lower stratosphere, reaches a
maximum in the mid-stratosphere, and decreases at higher altitudes. Further, the
abundance of lower-stratospheric CIHONO, as a fraction of Cl, is greater in the win-
ter hemisphere than in the summer hemisphere [90]. And as one might expect, lower-
stratospheric HCI shows the opposite seasonal cycle (Figure 4.8).

- — 40

Pressure (hPa)
() apnuy Srewxosddy

-60 -30 0 30 60
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Figure 4.7 Contours of Cl, abundance (ppbv) for December. Values are from the Goddard
two-dimensional climatological circulation model [73]. Based on a model run to the steady
state using CFC emission levels for 1990.
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Figure 4.8 Contours of zonally averaged HCl abundance (ppbv). Plot made from both sun-
set and sunrise measurements (version 18) by the Halogen Occultation Experiment (HALOE)
on the UARS between February 4 and March 16, 1994,

The abundance of ClO is plotted in Figure 4.10. Because [C1] = [CIO], this
quantity can also be considered the abundance of ClI. The figure shows ClO
abundance increasing with altitude throughout the stratosphere. In the lower strato-
sphere this increase is due to increasing Cl, abundances. In the mid- and upper
stratosphere, it is due 1o increasing loss rates of CIONO, and HClI compared to the
loss rate of ClO. During winter, the polar region experiences 24 h of darkness every
day—this is known as polar night. In this situation, all photolysis reactions cease,
and loss of ClO through reaction with NO, to reform CIONQ., or through reaction
with other ClIO radicals to form CIOOCI, continues unabated. As a result, the
abundance of CIO during polar night is approximately zero. The chemistry of the
polar night region will be discussed at length in Chapter 7.

Based on our discussions up to this point, we present the following general pic-
ture of the partitioning between the major components of Cl.: Cl,, CIONO,, and HCL
During the day, the members of Cl,, C1 and ClO cycle rapidly with each other. On
time-scales that are long compared to the lifetimes of Cl, and CIONO,, but short
compared to the lifetime of HCI, Cl, is consumed to produce CIONO,, and
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Figure 4.9 Contours of zonally averaged daytime CHONO, abundance (pptv) for December
1992, derived from UARS CILAES data (version 8).

photolysis of CIONO, reforms Cl,. On time-scales that are long compared to the }ife-
times of HCI, CI, is converted to HCI, and HCl is destroyed to reform CI..

Because of the different time-scales, we can divide the problem of CI, partition-
ing into three separate parts: the partitioning between Cl and ClO, the partitioning
between Cl, and CIONQ,, and the partitioning between HCl and the sum of Cl,_ and
CIONO, (Figure 4.11).

The partitioning of Cl, was discussed at length earlier in this section, and we will
not repeat it here. The partitioning between Cl, and CIONO, can be seen in Figure
4.12. The abundance of Cl, rises just after sunrise due to the initiation of CIONO,
photolysis (reaction (4.15)) and, in the upper stratosphere, CIONO, oxidation. The
abundance of Cl, increases until the rate of formation of CIONQ, (reaction (4.10))
balances the rate of destruction of CIONG,. At this point, the Cl ~CIONQ, system is
in photochemical steady state {69], and the relative abundance of CIONQ, and CI,
can be written as

€] €0l Jaowe,
[CIONO;]  [CIONO,|  K¥00u0,INO,

(4.19)
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Figure 4.10 Contours of zonally averaged daytime CIO abundance (pptv) for December
1992, derived from UARS MLS data (version 4).

During the daytime, this ratio is ~0.1-0.2 during the day in the lower stratosphere,
rising to 20-100 in the upper stratosphere. After sunset, the Cl, abundance decreases
as CIO reacts NO, to reform CIONOQ,. In the lower and mid-stratosphere, this process
rapidly depletes Cl,, and throughout most of the night the abundance of Cl, is essen-
tially zero. In the upper stratosphere, the recombination reaction (4.10) is slow due to

Figure 4.11 Schematic of Cl, partitioning among its major members. The cycles are grouped
by time constant.



76 4 Chemical Families and Partitioning

the low pressure found there. As a result, Cl, decays slowly throughout the night, and
can still maintain an appreciable concentration at sunrise of the next day.

We next consider the partitioning between [HCI] and the sum of [CIONO,} and
[CL). In the lower and mid-stratosphere, {CIONQ,] 2 [Cl], and the ratio
([CIONQ,] + |CL DAHCI] = [CIONO,]J/{HC1). We next expand this ratio in terms of
the ratios of constituents that are directly related by chemical reactions [90}:

[CIONO,] _ [CIONO.] [CIO] [C]]
[HCN [CIO]  [Cl] [HCl

(4.20)
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Assuming steady-state conditions, Equation (4.20) can be rewritten as

[CIONO,] _ Kcioexo,[NOo 5 ko O] kyenonl OH] a0
[HCI} I cionon (ker0.0lO1 + Aero,80 NOD kel CHyl -

In the lower and mid-stratosphere, kg0l NOT 2 k¢6.0O]. And substituting the
steady-state relation (k_\:(,m}[ O] + kNOb(_w,“lClO})/.an? for [INO,|/INO}, we obtain the
expression
[CIONO;] - koo, % (k('m);kmunilozll + k(‘*l;();kxm('m[ClO][O:])
(HCH J(‘IUNU: Kcioeno JN();
kyenon[OH
% _H_L_.ir()il[ |

=l (4.22)
kel CHL)

In the lower stratosphere, k(-um,‘l\'!\(,,“][()_;]2 is several orders of magnitude larger
than &cpo3knocol CIOHO; ], decreasing to about five times larger in the mid-strato-
sphere. Thus, the ratio in Equation (4.22) is approximately quadratically dependent
on |0,], linearly dependent on [OH] and {CH,}, and less sensitive to changes in
[CIO}. Note that we have neglected chlorine-activating heterogencous reactions,
which are generally unimportant.
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Figure 4.12 Diurnal cycle of the components of Cl, derived from a model incorporating the
reaction set of JPL 94 [91]. The model run is at 45°N on March 21, {996 and using back-
ground acrosol abundances. “Upper stratosphere” is the 3.16 hPa level of the model, *mid-
stratosphere” is the (4.7 hPa level, and “lower stratosphere™ is the 57.0 hPa level.
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Note that the lifetime of HCI is sufficiently long that we do not expect Equation
(4.22) to be satisfied at any particular instant in time but only when the abundances
and other parameters are averaged over the lifetime of HCIL.

In the upper stratosphere, during the day [Cl] » [CIONQ,], and the ratio
[CLIIHCI] is the important partitioning parameter. Following the logic used for
[CIONO,L/[HCL], we rewrite the ratio [Cl }/{HCI] in terms of the ratios of con-
stituents that are directly related by chemical reactions:

[CL] _[CIO] [cl0] [Cl]

[HCl] IHCI]  [cy [HCY

(4.23)

Using a photochemical steady-state relation between Cl and HCI and Equation (4.9),
the photochemical steady-state relation between Cl and ClO, we get

[CL] ~ k(:1+<’)3[.01] kueson OHJ
HCI  keiomolNO] + keio.0l O] keyy, o [CH,]

(4.24)

Owing to the reasonably short lifetime of HOCI, over most of the day HOCI is in the
photochemical steady state with Cl,. The relative abundance of HOCI and Cl, can be
written [92] as

ICI\] [CIO] _ ‘Ill()('l + kil()('l+()}([0}“ (425)

[HOCH  [HOCH  Keyguuo,[HOA]

where we utilize the approximation [Cl,} =~ [ClO]. The ratio is near unity in the
lower stratosphere, rising to 10-20 at 1 hPa. Both production and loss cease at sun-
set, leaving the concentration of HOC! to hold steady throughout the night. Despite
its relatively short lifetime throughout the stratosphere, HOC! shows little diurnal
cycle.

Finally, it should be noted that the behavior of the abundance of a species dur-
ing the day is constrained by its lifetime. If the species has a lifetime longer than
a day—HCI, for example—then its abundance can exhibit only small changes dur-
ing a day. Species with lifetimes shorter than a day can exhibit significant diurnal
variations (Figure 4.12). The abundance of ClO, for example, rises rapidly in the
morning, remains elevated throughout the day, and then decreases significantly after
sunset. It should be noted, however, that short-lived species are not guaranteed to
exhibit large diurnal variations. HOCI, which has a lifetime comparable to or
shorter than Cl, for example, shows little diurnal change. In this case, the pro-
duction rate and loss frequency of HOC! vary diurnally so that the ratio P/L
remains approximately constant throughout the day, leading to an approximately
constant abundance of HOCL
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Another aside: how do we know that CFCs are responsible for stratospheric chlorine?

In the last aside, we explained CFCs are expected to reach the stratosphere despite
being heavier than air. In this brief aside, we present evidence that CFCs actually
make it and are responsible for most of the chlorine found there:

(1) CFCs have been detected in the stratosphere [93]. And since they have no
sources other than the surface, this proves they must be transported there from
the troposphere.

(2) HF has been detected in the stratosphere [84]. The only source of stratospheric
HF is the breakdown of CFCs, so its presence in the stratosphere is positive
proof that CFCs are being destroyed in the stratosphere, and their chlorine and
fluorine are being released.

(3) The abundance of total chlorine in the stratosphere (~3.6 ppbv in the mid-1990s)
corresponds well to the tropospheric abundance of CFCs and other long-lived
halogenated organic molecules.

Combining these lines of reasoning, it is indisputable that CFCs are the main source
of stratospheric chlorine.

4.2.3 Loss of Cl,

There are no chemical loss processes for the Cl, family in the stratosphere. Instead, the
concentration of Cl, in an air parcel increases until all of the CCl, has been destroyed.

4.3 Odd Nitrogen—NO,
4.3.1 Source

Much like CFCs, nitrous oxide (N,0O) is a stable molecule with a tropospheric
source, which, because of its stability, is transported into the stratosphere. Once in
the stratosphere, destruction of N,O creates NO,.

N,O is thought to be primarily of natural origin, although significant anthro-
pogenic sources do exist (sece WMO [13], Section 2.5) [94]. In the mid-1990s, the
tropospheric concentration of N,O was 310 ppbv (see WMO [13], Section 2.5), and
had been growing at 0.5-1.2 ppbv/year [94], about 0.16-0.39% per year.

The major stratospheric loss process for N,O is photolysis:

N,O+hv—> N, + O (4.26)

which accounts for ~90% of the loss (sce WMO [13], Section 2.5). Because of its
strong triple bond, N, is essentially inert in the lower and middle atmosphere; as a
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result, N, is not included in NO,. Therefore, reaction (4.26) does not produce NO..
Other loss processes include [95]

N,O + O('D) —— N, + O, (4.27)
N,O + O('D)y——> NO + NO (4.28)
N,O + hv—— NO + N(-S) (4.29)

Reaction (4.27) dees not produce NO,. Reaction (4.28), while a minor loss process
for N,O, is the major source of NO, in the stratosphere. Reaction (4.29) is also a
source of NO,, but it is much less important than reaction (4.28).

NQ, 1s also formed in the stratosphere from dissociation of N, caused by collisions
with solar protons, galactic cosmic rays, and associated electrons [96]. In addition,
NO, produced in the mesosphere and thermosphere {rom photolysis of N, and pre-
cipitating clectrons dissociating N, can be transported into the stratosphere [97].
These NO, sources. however, are minor compared to the oxidation of N,O.

4.3.2 Partitioning
Odd nitrogen, NO,, is defined to be

[NO,| = IN] + [NOJ + [NO,] + [NO:} + 2 > [N,O] (4.30)

+ [CIONQ,] + [BrONO,] + [HNO,] + [HO,NO,] '
Thus, NO, represents the abundance of N atoms that are not bound up in either N,
or N,O. This is analogous to the definition for Cl,, which contained all of the Ci
atoms that were not in a CFC or other organic molecule.

There are three other points of note. First, the concentration of N,O; in Equation
(4.30) is multiplied by 2 to account tor the fact that each N.O; molecule contains two
N atoms. Second, CIONO,, which is a2 member of the Cl, family, is also a member
of the NO, family. This shows that the various chemical families are coupled—i.e.
changes in the partitioning of one family can affect the partitioning of another. Third,
m the stratosphere, N and HO,NO, make up a small fraction of NO, species, and
play a limited role in stratospheric chemistry. '

Figure 4.13 shows typical lifetimes for the NO, species. Following the pattern set
in our discussion of the CI, family, we group the short-lived species NO, NO,, and
NQO, together and define their sum to be NO_:

INQ,] = [NOJ + [NO-} + [NO4] (430

NO, includes the members of the NO, family that participate in catalytic cycles that
destroy ozone-—in other words the “active™ components of NO,.



4.3 Odd Nitrogen—NO, 81

Lifetime (hours)

0.001 0.0 0.1 1 10 100 1000
1 i i ] ; | I ] i
; |- 45
2+ NO, NO
= 40,
4 : 3
. ‘ g
6+ ; | =
£ : %3
@ = ®
5 10 2
@ —30 =
1] NO- =
&, ’ i &
2 " NOX e
o 25 3§
1 .
o] : L 20
h !
B
100 T ] T T ] T
10° 10" 107 10° 10* 10° 10° 107
Lifetime (s
Lifetime (days)
0.01 0.1 1 10 100
1~ E | Ll[lJ_l] i Llll!l!’ i 1 Il\ll!‘ i i I|Illll i i |Illl|'
L as
2- CIONO,
3 ) 40
Ny NO,
£ ’ — 35
£ I
¢ 10
>
2 |- 30
@
I BrONO,
34 HNO, - 25
A4
54 NzOs
o L- 20
74
B
100“' T T l']lf! T ¥ ll(]I“ T ‘l‘ T ll'l([ T T ‘ITl.ll] T TT lT"TI
10° 10° * § 10° 107

o
Lifetime (s}

Figure 4.13 Litetime of NO, and its components, calculated for 45°N equinoctial conditions based
on daytime-average constituent abundances and photolysis rates: Trg ~ kool ClO+ &noa0,105]
+ koo JHO:D, o, ~ Ylno, + £no,.0l O, Tao, ~ Mo Tao, ~ INOUAR w0l OHIING, | +
o [BIOIINO, ] + K10, | CLOINO, | + 2k%5, 10 INOLINOLD, Toone, ~ 1 cono, +
kmc'umuz[ol + kmm:umoglonbv Tiono, ™ ]/(JUION(), K pei)s Ti ey 1/ war, anu‘u)u[OH”



82 4 Chemical Families and Partitioning

Figure 4.14 shows the major interconversion pathways of NO,. NO is converted
to NQ, in the reactions

NO + O;—— NO, + O,
CIO + NO—— CI + NO,

(4.32)
Note that the second reaction (reaction (4.6)) is also an important reaction for parti-
tioning Cl,. In the upper stratosphere, the reaction with HO, becomes important:
NO + HO, — NO, + OH (4.33)
NOQ, is converted back to NO through the reactions

NO, + hv— NO + O 4.34)
NO, + 00— NO + 0O, (4.35)

NO, is formed trom NO, in the reaction
NO, + 0,—— NO; + O, (4.36)
NO, is converted to NO and NO, through photolysis:

NO; + hv—— NO, + O (4.37)
NO, + hv—> NO + O, (4.38)
About eight times as many NO, molecules photolyze to form NO, and O as form NO

and O, (see DeMore et al. [5], p. 158).

photolysis

ﬁ(}_t_qysis\A photolysis, O

NQOs NO-2 NO
L N

O3 O3, CIO, HO»2

Figure 4.14 Schematic of the partitioning between NO, NO,, and NO, (the sum of which is
NO,). Each arrow is marked with the reactants that facilitate the conversion.
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As with any chemical family, the reactions that interconvert NO, NO,, and NO,
(reactions (4.32)~4.38) and (4.6)) have no effect on the abundance of NO. NO,
15 only fost when NO, NO,, or NO, is converted to HNQ,, CIONQ., BrONO,, or
N.O..

Figure 4.15 shows how the composition of NO, changes throughout the day.
During daytime, NO, is almost entirely composed of NO and NO,, with the abun-
dance of NO, practically zero. Because of the short lifetimes of both NO and
NO,, these species are generally assumed to be in photochemical steady state
during daylight. The daytime ratio of the abundance of NO to NO, can be
approximated:

{NO| _ o, + kool O)
INO,) koo 1051 + kno-cinl CO]

(4.39)

This has been well verified by atmospheric observations |98-100].

At sunset, the reactions that convert NO, to NO cease, allowing the reaction
between NO and O, to convert virtually all NO to NO,. As a result, at night, the vast
majority of NO, is in the form of NO,.

During the day, the abundance of NO, is set by a steady-state balance between loss
of NO; through photolysis (reactions {(4.37) and (4.38)) and formation of NO,
through NO,+0, (reaction (4.36)). Because of the extremely fast photolysis of NO,,
this turns out to be small: typical stratospheric daytime abundances of NO; are tens
to hundreds of parts per quadrillion by volume (parts in 10"), After sunset, the abun-
dance of NO, rises as production of NO, from NO,+O, (reuction (4.36)) is unop-
posed by photolysis. In the lower and mid-stratosphere, the abundance of NO, builds
up until a steady-state balance is achieved between production of NO, through
NO,+0; (reaction (4.36)) and loss of NO, through reaction with NO, to form N,O;
(reaction (4.40));

ke 010
INO, 0 = ,1-;9_1_3_1 (4.40)

“NOA+NO3

Note that Figure 4.15 shows NO, rising as a fraction of NO, throughout the night.
This occurs despite a constant abundance of NO, because the abundance of NO,
decreases throughout the night as it is converted to N.Os.

In the upper stratosphere, the rate of reaction between NO,; and NO, to
form N,O; (reaction (4.40)) is slow enough that the system never reaches
steady state; instead, NO, builds up throughout the night. Typical night-time
values of NO, are a few parts per trillion by volume in the lower strato-
sphere, rising to a few tenths of a part per billion by volume in the upper
stratosphere.
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Figure 4.16 shows a schematic of the interconversion pathways for the major
members of NO,. NO, species interconvert rapidly compared to the time-scale with

which NO, is produced or destroyed, but slowly compared to the time-scale with
which the members of NO, interconverts.

Formation of reservaoirs from NO,  NQ, is converted to the various reservoir species
primarily in three-body reactions. N,O; is produced by the reaction

NO, + NO, -2 N0, (4.41)
Because of the extremely low abundances of NO, during the day, this process is
important only at night. This reaction consumes two NO, molecules for each N,O,
created. HNO, is produced from NO, by the reaction

OH + NO, - HNO, (4.42)
CIONQ, is formed from NO, in the reaction (4.10):

ClO + NO, - CIONO,
BrONO, is formed in an analogous reaction:

BrO + NO, > BrONO, (4.43)
Formation of NO, from reserveirs The destraction of these NO, reservoirs
reforms NO,. N,O; is destroyed by photolysis and thermal decomposition to

reform NO,:

N,O; + hv——> NO, + NO, (4.44)
N.Os+ M ——> NO, + NO, + M (4.45)
Thermal decomposition (reaction (4.45)} makes up ~1% of the loss of N,O; in the

lower and mid-stratosphere, and as much as 10% in the upper stratospherc, owing to
the warmer temperatures and lower pressure found there,

Figure 4.15 Fraction of NO, in the form of NO, NO,, and NO, derived from a mode] incor-
porating the JPL. 94 reaction set [91]. Note that the NO, scale is on the right, “Upper strato-
sphere™ is from the 3.16 hPa level of the model, “mid stratosphere™ is [4.7 hPa, and “lower
stratosphere”™ is 57.0 hPa. The model run is at 45°N on March 21, 1996 and using background
aerosol abundances.
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N205 ——__
aerosol
photolysis NO,+NO4
photolysis,
CIO+NQ, OH+HNO3

CIONO:Z__ " NOx X T HNOs

photolysis OH+NO,
BrO+NO, photolysis /

aerosol

BrONO:—

Figure 4.16 Schematic of the NO, family. Arrows indicate conversion pathways between
species.

HNO, is destroyed by photolysis and oxidation by OH:
HNO, + hv—— OH + NO, (4.46)
HNO,; + OH — NO. + H,0 (4.47)

These two processes make comparable contributions to HNO, loss in the lower
stratosphere. As the altitude increases, photolysis becomes progressively more
important, until, in the upper stratosphere, it dominates.

CIONQO, and BrONQ, are converted back to NO, via photolysis and, at high alti-
tudes for CIONQ,, oxidation. (See the discussions of the odd chlorine (Cl,) and odd
bromine (Br_y) families for more about these processes.)

Interconversion among NO, reservoirs  An important feature of the NO, family is
the existence of reaction pathways that directly convert the reservoir species N,O,
BrONQ,, and CIONQO, into HNQ;, These reactions all take place on sulfate aerosol
surfaces. As a result, these reactions will be most important in the lower stratosphere,
with diminishing importance in the mid-stratosphere and essentially no importance
in the upper stratosphere, and the efficacy of these reactions will depend on the sul-
fate aerosol SAD available for reaction. The SAD is highly variable in both time and
space, and thus the effect of these reactions will also be variable.

The most important heterogeneous reaction in the stratosphere is the hydrolysis of
N,O; on aerosol surfaces to form HNO, {101]:

acrosol

N,O; + H,0 25 2HNO, (4.48)
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The sticking coefficient ¥ for this reaction is ~0.1, with a very small dependence on
temperature (see DeMore ef al. [S], note 17 of Table 64).

The hydrolysis of CIONGO, and BrONQ, are generally less important. The stick-
ing coefficient of the hydrolysis of CIONOQ, is a strong function of temperature, and
in general these reactions are important only for enhanced SAD, such as that found
immediately after a volcanic eruption, or at temperatures below ~200 K. These
conditions are rarely found in the stratosphere, and therefore these heterogeneous
reactions can be generally ignored. There are, however, certain circumstances where
these reactions can have an impact [88]. The sticking coefficient for the hydrolysis
of BrONO, is quite large (~0.8, independent of temperature [102]), but due to the
small abundance of Br in stratosphere this reaction has little impact on NO,
partitioning. Again, the exception is during times of high SAD, such as that found
after a volcanic eruption (this will be discussed further in Chapter 6).

Figure 4.17 shows vertical profiles of total NO, and its major stratospheric com-
ponents. In the lower and mid-stratosphere, HNO, makes up most of NO,. In the
upper stratosphere, NO, 1s the dominant component. The plot also shows that the
N,O, abunduance is higher at sunrise than at sunset. This is consistent with N,O;
being formed at night and destroyed during the day.

Figures 4.18-4.21 show zonal mean cross-sections of NO,, NO_, HNO,, and N.O..
Cross-sections of the other important NO, species, CIONO, and BrONQO,, are shown
in Figures 4.9 and 4.35. Much like Cl,, the abundance of NO, increases with both
altitude and latitude over most of the stratosphere, consistent with the mean
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Figure 4.17 Measurements of the major stratospheric components of odd nitrogen versus
pressure. Data were measured at sunset, except for N,Os, for which both sunset (8S) and sun-
rise (SR) data are shown. Data were measured on September 25, 1993 over Fort Sumner, New
Mexico (35°N). (After Sen ef al. [103).)
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Figure 4.18 Contours of NO, abundance (ppbv) for December. Values are from the Goddard
two-dimensional climatological circulation model [73]. Based on a model run to steady state
using N,O emission levels for 1990. The model likely overestimates upper-stratospheric NO,
by a few parts per billion by volume [104].
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Figure 4.19 Contours of NO, abundance (ppbv) for December. Values are from the Goddard
two-dimensional climatological circulation model {73]. Based on a model run to steady state
uxing N, emission levels for 1990.
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Figure 4.20 Contours of zonally averaged daytime HNO; abundance (ppbv) for December
1992, Data are from the UARS Reference Atmosphere Project (W, J. Randel, personal com-
munication, 1998).

1
2~
3 b
=
44 °
B i) S
£ 7 ﬁ
Q 3 [e]
5 104 P
a =
@ =
gz f g
0. 24 %
=
34 3
4 ~4
5
[
100—‘] T I T T | T T l T T l 1] H ] T T
-60 -30 0 30 60
Latitude

Figure 4.21 Contours of daytime-average N.O, abundance (ppbv) for December. Values are
trom the Goddard two-dimensional climatological circulation mode} {73]. Based on a model
run to steady state using N,O emission levels for 1990.
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overturning circulation (discussed in Chapter 5) combined with the rapid destruction
of N,O in the mid- and upper stratosphere. Unlike the distribution of Cl,, however,
the abundance of NO, reaches a maximum in the upper stratosphere and decreases
at higher altitudes. This decrease is due to the reaction

N+NO—N,+0 (4.49)

which is a significant loss pathway for NO, in the upper stratosphere {104]. The Cl,
distribution, in contrast, does not show a similar decrease because there is no
comparable loss pathway for Cl,.

The abundance of NO_ (Figure 4.19) increases with altitude throughout most of
the stratosphere due to increases in both the abundance of NO, and the ratio of
[NO,J/INO,] with altitude. The increase of the ratio of [NO,J/INO,] with altitude
results from an increase in the formation rate of NO, from NO, reservoir species
(typically from photolysis reactions) relative to the loss rate of NO| to form NO,
reservoir species (typically through three-body reactions). In the upper stratosphere.
NO, is composed almost entirely of NO,, so the decrease in NO, in the upper strat-
osphere is mirrored by a similar decrease in NO,. Note that in the polar night region
the abundance of NO, is low because, in the absence of photolysis, the reaction
between NO, and NO, to form N,O; depletes NO..

The abundances of HNO, (Figure 4.20) and N,O (Figure 4.21) both increase with
altitude in the lower stratosphere, rcach a maximum in the mid-stratosphere, and
decrease at higher altitudes. This pattern occurs because of the competition between
two factors. First, the ratios [HNO,[/[NO,| and [N,O;]/[NO,] both decrease with alti-
tude over most of the stratosphere—for the same reason that the ratio [NO,J/{NO,]
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Figure 4.22 Diurnal cycle of the major components of NO, derived from a model incorpo-
rating the reaction sct of JPL. 94 [91]. The model run is at 45°N on March 21, 1996 and using
background acrosol abundances; “‘upper stratosphere” is from the 3.16 hPa level of the model,
“mid stratosphere” is 14.7 hPa, and “lower stratospherc™ is 57.0 hPa.

increases with altitude. Second, the abundance of NO, increases with altitude in the

stratosphe

the ratios

re. In the lower stratosphere, the abundance of NO, increases faster than
[HNOJ/INO,] and [N.Os}/INO,] decrease. As a result, the abundances of

HNO, and N,O; increase with altitude in the lower stratosphere. In the mid- and
upper stratosphere, the decrease in the ratios [HNO,}/[NO,] and [N,O:}/[NO} dom-

inates the
dances of

changes in NO, with altitude, lcading 1o an overall decrease in the abun-
HNQO, and N,0..
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Both HNO, and N,O, also display strong latitudinal gradients, with their abun-
dances increasing as one moves from the summer pole to the winter pole. As dis-
cussed previously, N,Os is formed at night and destroyed during the day. In the
summer polar region, which experiences 24 h of sunlight every day, the N.O; for-
mation rate is approximately zero, so the steady-state abundance of N,O. is close to
zero. In the winter polar region, which experiences 24 h of darkness every day, the
photolysis of N,O; ceases, and the abundance of N,O; can build up to several parts
per billion by volume. In between these two extremes, the average abundance of
N,Os is a function of the length of night.

HNO, is formed both during the day (reaction (4.42)) and at night (reaction
(4.48)). In the winter hemisphere, photolysis rates are low and the lifetime of HNO,
is long. Continued production of HNO; in this region from N,Os hydrolysis there-
fore leads to a build-up of HNQO; in the winter hemisphere.

Typical diurnal cycles of the components of NO, are shown in Figure 4.22. Because
the lifetime of NO, is comparable to or longer than a day throughout the stratosphere
(see Figure 4.13), instantancous production and loss of NO, will, in general, not bal-
ance. Instead, during the day, there is a net production of NO, and a net loss of NO,
reservoirs. At night, the reverse occurs: there is a net loss of NO, and a net production
of NO, reservoir. But the system is in diunal steady state, so that over 24 h, production
and loss of the constituents of NO, will approximately balance {105]. BrONO, is not
shown because its abundance 1s so small (a few parts per trillion by volume}).

During the day, photolysis and oxidation of CIONO, produces NO,. At the same
time, NQO, is consumed as the reaction between ClO and NO, reforms CIONO,. The
net production of NO, during the day from the net loss of CIONO; is

/:hymnx? (J(‘u)\;()z[ClONO:I - Ii*(:n)wo?[C]O”NozDdf (4.50)

This net increase in NO, is accompanied by an equal net production of Cl, between
sunrise and sunset. At sunset, the abundance of Cl, is nonzero, and the reaction between
Cl10O and NO, to reform CIONQO, is a net night-time sink of NO,. The magnitude of this
night-time sink of NO, is approximately equal to the daytime source of NO, trom
CIONQ, destruction, As a result, the net decrease in CIONQO, during the day is bal-
anced by production at night, so over 24 h the net change in CIONO, abundance is
approximately zero. Figure 4.23 plots the contributions of CIONO, chemistry to NO,
production during the day and NO, loss during the night. At all altitudes, the source
and sink due to CIONO, are a few percent of the total source and sink of NO..

During the day, photolysis and oxidation of HNO; (reactions (4.46) and (4.47))
produce NO,. At the same time, NO, is consumed in the reaction between OH and
NO. (reaction (4.42)). which reforms HNO,. The net production of NO, from HNQO,
during the day is the difference between these processes:

S Urno [HNOS] + &yino ol HNOJTOH] = &%,y 1, [OH]NO, Ddt 4.510)
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Figure 4.23 Contributions of reactions involving N,O;, CIONO,. and HNO, to net
production of NO_. The net contributions are divided into daytime and night-time contri-
butions. Over 24 h, net production is approximately zero. Calculated for 45°N on March 21,
using the background aerosol SAD.

As shown in Figure 4.23, these HNO; reactions contribute 40-50% to the total NO,
production in the lower and mid-stratosphere and smaller amounts in the upper strat-
ospherc. Production of HNO, through reaction (4.42) and loss of HNO; through
photolysis and oxidation all cease at sundown, so HNQ, is neither a source nor a sink
of NO, at night.

During the day, photolysis and thermal decompaosition of N,O (reactions (4.44)
and (4.45)) produces NQO,. Due to the cxtremely low values of NO; during the day,
there is essentially no formation of N,O; from NO, (reaction (4.41)). Thus, the net
production of NO, trom N,O, during the day is:

2 Jitne Ungon NLOS]+ il NOSIIM el (4.52)

where the factor of 2 accounts for the fact that two NO, molecules are produced
for each N,05 destroyed. As shown in Figure 4.23, N,O; contributes about 50%
to the total NO, production in the lower and mid-stratosphere and a few percent
in the upper stratosphere.

At night, when NO; photolysis ceases, the concentration of NO, increases, and the
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reaction between NO, and NO, (reaction (4.41)) converts NO, to N,O, at night. As
shown in Figure 4.23, this reaction is responsible for the vast majority of the loss of
NO, at night,

Note that in the lower and mid-stratosphere, ~90% of the NO, lost at night goes
into N,Os, while only half of the NO, produced during the day comes from N,O,
with most of the rest coming from HNO,. This apparent mass imbalance is
accounted for by the hydrolysis of N,O; on the surface of stratospheric aerosols
(reaction (4.48)). This reaction converts enough N.O; into HNO, to ensure that there
is. in general, no net production or loss of NO,, HNO, or N,O; over 24 h [106].

Because of the relatively small amount of bromine in the stratosphere compared
to NO,, bromine reactions generally produce and consume a negligible amount of
NQ.. Bromine reactions can, however, have an important impact during periods of
both extended sunlight and high aerosol loading, such as that found in high-latitude
summer after volcanic eruptions [107].

4.3.3 Loss of NO,
NO, is lost in reaction (4.49):
N+NO—> N, +0

This reaction is important only in the upper stratosphere and mesosphere owing to
the low abundance of N atoms at lower altitudes [104]. As discussed previously, this
loss process in the upper stratosphere and mesosphere causes the abundance of NO,
to peak in the upper stratosphere (Figure 4.18).

Considering the stratosphere as a whole, the abundance of NO, is determined by
a balance between stratosphere production from N.O oxidation, chemical loss of
NO, in the upper stratosphere, and transport of NO,-rich air out of the stratosphere
and into the troposphere, with transport into the stratosphere being generally minor.

4.4 Odd Hydrogen—HO,
4.4.1 Production
Odd hydrogen, HO,, is defined to be
[HO,] = |HO,] + [OH] + [H]} (4.53)
This family contains only active species, i.e. radicals that are involved in catalytic

cycles that destroy O,, and no reservoir species. This is consistent with the Cl, and
NO, subfamilies, which also contain O,-destroying species.
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HO, is derived primarily from the oxidation of H,O. There are three ways that
H,O can be oxidized to produce HO .. The most important is the gas phase oxidation
of an H,O molecule to form two HO, molecules:

H.O + O('D) — OH + OH (4.54)

O('D) is a product of O, photolysis, which implies that the tlux of ultraviolet radia-
tion is an important factor in determining the production rate of HO,. As we show
later, the abundance of stratospheric HO, is strongly dependent on the solar zenith
angle (SZA).

Hydrolysis of N,O, on sulfate acrosols followed by photolysis of the HNO,
product also leads to the net production of HO, in the lower stratosphere:

NO, + NO, —% N,O,

N,O, + H,0 ¥2% 2HNO,

2 X (HNQ, + iv——> OH + NO,) (4.55)
NO, + Oy —— NO, + O,

net: H,0 + O, ——> OH + OH + O,

Note that formation of N,O, occurs only at night, while photolysis of HNO, requires
sunlight. Therefore, this cycle requires alternating periods of day and night.

Hydrolysis of BrONO, followed by photolysis of HOBr and HNQO, also leads to
net production of HO:

BrO + NO, - BrONO,

BrONO, + H,0 “2*% HOBr + HNO,
HOBr + iv-—> OH + Br

HNO, + hv —— OH + NQO,
Br+0O,—— BrO+ O,

net: O+ O, ——> OH+ OH + O,

(4.56)

Unlike the N,0; cycle, the BrONQO, cycle runs during the day because the formation
of BrONO,, unlike N,Os, occurs during the daytime. At night, photolysis stops, and
s0 therefore does this cycle. Hydrolysis of CIONQO, can also lead to production of
HO, through a series of reactions analogous to the BrONO, cycle. This pathway is,
however, negligible due to the generally slow rate of CIONOQ, hydrolysis, and will
not be discussed further.

HO, can also be formed during the gas phase oxidation of CH,:

CH, + O('D) — CH, + OH (4.57)
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Subsequent oxidation of the CH; radical yields another OH molecule, so reaction
(4.57) can be considered to produce two HO, molecules. Oxidation of CH, also leads
to the production of carbon monoxide (CO) [108-110]. In the lower stratosphere,
transport from the troposphere is also an important source of CO. The primary sink
of CO in the stratosphere is oxidation by OH [111]:

OH+CO— CO, +H (4.58)

Oxidation of H, by O('D) will also lead to the production of two HO, molecules
[112-114]. Finally, at high SZAs, such as at sunset or sunrise, photolysis of HO,NOQ,
is a potentially important source of HO, [115].

In the mid- and upper stratosphere, the gas phase oxidation of H,O (reaction
(4.54)) is the dominant source of HO,. Oxidation of CH, and H, combine to con-
tribute ~10-15% to HO, production, with the exact amount varying with latitude and
altitude. Due to the low aerosol SAD in this region, HO, production through the
N,O, and BrONO, cycles is negligible in this region.

In the lower stratosphere, the fraction of HO, production attributable to each of
these HO, production mechanisms is a function of, among other things, altitude,
SZA, length of day. and the aerosol SAD. As in the upper stratosphere, gas phase
oxidation of water vapor (reaction (4.54)) is the dominant source of HO,. The N,O,
cycle (cycle (4.55)) is responsible for around 10% of HO, production in the lower
stratosphere for background amounts of aerosol SAD. The production of HO, from
this cycle initially increases as the acrosol SAD increases. Above an aerosol SAD of
~5 um cm * (about five times the background SAD), however. the hydrolysis of N,O
“saturates” [ 116}, meaning that increases in the aerosol SAD beyond this point have
little effect on the rate of N,O, hydrolysis and therefore little effect on the rate of
HO, production.

The BrONO, cycle (cycle (4.56)) is responsible for a percent or less of HO, pro-
duction in the lower stratosphere for background amounts of the aerosol SAD.
Unlike the N,0O; cycle (reaction (4.55)), however, this cycle does not “saturate”
[102]; instead, the rate of HO, production from this cycle increases linearly with
increasing SAD, even at extremely high aerosol SADs. As a consequence, this cycle
can become important for large surface area abundances, such as those found after
large volcanic eruptions. And as discussed previously, the BrONO, cycle runs when
exposed to sunlight, and is therefore more important for regions of the atmosphere
that are exposed to long periods of daylight, such as the high-latitude summer
stratosphere [ 107]. N,O; and BrONQO, hydrolysis reactions are discussed in detail in
Chapter 6.

Oxidation of CH, and H, combine to contribute about 209% to HO, production in
the lower stratosphere, with the exact amount dependent on latitude and altitude.

Finally, HO, is also produced throughout the stratosphere from the destruction of
refatively short-lived species such as HOCI, HOBr, and H,0,. Usually, destruction
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of these species is not counted as #et HO, production because their formation con-
sumes HO,. In other words, it is only those reactions or cycles that break an O-H
bond in water, a C~H bond in methane, or a H-H bond in H, that are considered net
HO, production. It should be noted that this definition of HO, production, while
widely made in the field, is somewhat arbitrary. Depending on the situation, other
definitions of HO, production might be appropriate.

4.4.2 Partitioning

In Equation (4.53), we defined HO, to be the sum of HO., OH, and H. In the strato-
sphere, however, H atoms are a negligible component of HO, owing to the rapid con-
version of H atoms to HO, in the three-body reaction

H + 0. - HO, (4.59)

The lifetime of a H atom with respect to this reaction is about 107 s in the lower
stratosphere, rising to about 0.1 s in the upper stratosphere. This short lifetime for H
atoms translates into small abundances: the ratio [H)/[HO ] ranges from 10 * in the
lower stratosphere to (.01 in the upper stratosphere.

As a result of this, one can ignore H in the stratosphere, and HO, can be approx-
imated by the sum of HO, and OH. Further, one can assume that the production of
a H atom in a reaction is equivalent to the production of an HO, molecule.

Figure 4,24 shows the conversion pathways between OH and HO,. OH is con-
verted to HO. primarily through the reactions

OH + 0, —— HO, + 0, (4.60)
OH + 0 —— H + 0, - HO, (4.61)
OH+CO—— H+CO,

H +0, ¥ HO, (4.62)

Reaction (4.60) dominates the conversion from OH to HO, in the lower and mid-
stratosphere. In the upper stratosphere, where O atoms are abundant, reaction (4.61)
dominates. Reaction (4.62) is generally minor, except near the tropopause, where it
can make a significant contribution.

HO. is converted to OH primarily through the reactions

HO,+0,— OH+ 0, + O, (4.63)
HO, + NO—— OH + NO, (4.64)
HO, + O—— OH + O, (4.65)
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Figure 4.24 Schematic of the partitioning between OH and HO, (the sum of which is HO,).
Each arrow is marked with the reactants that facilitate the conversion indicated by the arrow.

In the lower stratosphere, reactions (4.63) and (4.64) contribute approximately
equally to the conversion of HO, to OH, with virtually no contribution from reaction
(4.65). In the mid-stratosphere, reaction (4.64) dominates, with smaller contributions
from the other reactions. In the upper stratosphere, reaction (4.65) dominates. The
lifetimes of HO, and OH with respect to these reactions are shown in Figure 4.25.
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Assuming photochemical steady state, the ratio [OH]/IHO,] can be approximated
by the expression

[OHJ — kHO«,&U}[,O,‘\] + kH();—‘N()lANO} + k]|()2+()[,o]
HO,L  koua0,[04] + AouiolO] + kool COJ

(4.66)

This simple equation for HO, partitioning agrees well with measurements in the
lower stratosphere [74,117]. Figure 4.26 shows a model estimate of the [OH}/|HO,]
ratio.

OH and HO, also react to form the short-lived species HOCI, HOBr, and H,0,.
HOCI and HOBr are formed in the gas phase reactions

ClO + HO, —— HOCL + O, (reaction (4.14))
BrO + HO, —— HOBr + O, (4.67)

and are destroyed by photolysis and oxidation to form OH (reactions (4.17), (4.85),
and (4.86)). Due to their reasonably short lifetimes (see Figures 4.3 and 4.29), HOCl
and HOBr are in the photochemical steady state during the day (e.g. see Equation
(4.25) and the accompanying discussion). As a result, over most of the day the loss
of HO, from formation of HOCI and HOBr is balanced by production of HO, from
destruction of HOCI and HOBr. These species do not, therefore, usually represent
net sources or sinks of HO ..
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Figure 4.26 Annually averaged daytime-average [OH|/{HO,| ratio. Values are from the
Goddard two-dimensional climatological circulation model {73].
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The formation of HOC! and HOBr consumes HO,, while destruction of HOCI and
HOBr produces OH. Thus, while there is no net change in HO, when these species
are in photochemical steady state, there is a net change in the partitioning of HO,.
In other words, measurements of OH and HO, reveal slightly more OH relative
to HO, than is predicted by the simple partitioning model in Equation (4.66). A
more exact calculation of the [OR/[HO,] ratio must include terms to account for
this [117].

H.O, is formed primarily in the reaction

HO, + HO, —%5 H,0, + O, (4.68)

Photolysis (to produce two OH radicals) is the dominant loss mechanism throughout
the stratosphere, H,Q, is also destroyed by reaction with OH:

H,0, + OH —— H.O + HO, (4.69)

The lifetime of H,0, is about a few days in the lower stratosphere, decreasing to a
few hours in the upper stratosphere. As with HOCI and HOBr, production of H,0,
consumes HO. while destruction of H.O, produces OH. However, HO, cycles slowly
enough through H,0, that its production/destruction has little effect on the parti-
tioning of HO,.

Model estimates of the OH and HO, abundance are plotted in Figure 4.27. Global
measurements of HO, species in the middle and upper stratosphere have not yet been
made, but profiles can be found in the literature [92,118—123]. In the lower strato-
sphere, there is a large database of HO, measurements. Measurements of lower-
stratospheric OH obtained at a range of altitudes, latitudes, and NO,. O;, and H,0
abundances are shown in Figure 4.28 plotted against the SZA. Surprisingly, the
measurements show a strong correlation with the SZA, implying that variations of
the other geophysical parameters have little affect on the OH abundance [74]. In gen-
eral, current photochemical models of HO, reproduce the stratospheric HO, meas-
urements reasonably well [74,123-1251].

443 Loss of HO,

To be consistent with our definition of HO, production, we define HO, loss to be
those HO, reactions that reform an H,0 molecule. The primary loss reaction for HO,
is the reaction between OH and HO,, which destroys two HO, molecules:

OH + HO, — H,0 + O, (4.70)

The rate that this cycle destroys HO, is 2koy.40,IOH}[HO,). In the mid- and upper
stratosphere, virtually all of the HO, loss is from this reaction.



4.4 Odd Hydrogen—HO, 101
x 251// ,,-/
2_!’180 160 »
K=}
3 140 40 g
—_ 4 120 g
£ ] 60 8 2
2 10 N
2 40 30 =
w =
o 2 5
I N s e Sl I
10 =
5 5 3
6 5 — 20
1003 - 05—, "
T [ T 3 I T T I T T l H T | T ]
-60 -30 0 30 60
(a) Latitude
15 ~— -
M 500 //
24
0 >
3—\ 2003‘(1_’_””/— . —E
S 100 £
& 54 X,
£ 50 5
£ 104 20 -
3 10 -%0 2
@ 4 5 c
a 2 3 &
3..\ / =
g‘\___\ 1 ,// é
GHX\—_\ 05 ——/_ 20
3 0.2
100 T T T T T T T T /l/-’_—l T T T T T T
-60 -30 [4} 30 60
(b) Latitude

Figure 4.27 (a) Annually averaged daytime-average HO, abundance (pptv). (b) OH
abundance (pptv). Values are from the Goddard two-dimensional climatologicual circulation

model {73].

In the lower stratosphere, HO, is also destroyed catalytically by NO_:

OH + NO, -5 HNO,

{reaction (4.42))

HNO, + OH — NO, + H,0
OH + OH + NO, — NO, + H,0

(reaction (4.46))

4.71)
As with all catalytic cycles, the catalyst (in this case NO,) is not consumed in the
reaction. The rate-himiting step of this catalytic cycle is reaction (4.46), the reaction
between HNQ, and OH. Each trip through this cycle destroys two HO, molecules,
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Figure 4.28 Lower stratospheric OH number density measured by the Harvard HO, instru-
ment [126] during the 1994 ASHOE-MAESA (black) and 1997 POLARIS (gray) missions
(T. F. Hanisco, personal communication, 1998). The solid line is 3x 10%(95 — ISZAD.
Negative SZAs correspond to times before local noon.

so the rate that this cycle destroys HO, is 2kyno,.onl HNO,JIOH]. The reaction
between OH and HNO, can also be an important HO, loss pathway. Finally, the reac-
tion of OH with HCI (reaction (4.16)) is a non-negligible HO, loss pathway. In the
lower stratosphere the importance of these various HO, loss terms are variable. No
single term dominates at all tirses, and all have their moment in the Sun (so to
speak).

Finally, it should be noted that at sunset the formation of HO, ceases. Net loss of
HO, as well as the formation of short-lived HO, reservoirs such as HOCL, HOBr, and
H,0, continue, however. The result is that HO, is rapidly removed after sunset, and
the abundance of HO, can be considered zero during the night.

4.5 Odd Bromine—Br,
4.5.1 Source

Odd bromine, Br,, shares many similarities with the odd-chlorine family. Like
chlorine, bromine atoms enter the stratosphere as components of long-lived organic
molecules. The three main bromine-containing source gases for the stratosphere are
CH.Br (methyl bromide), CBrCIF, (halon 1211), and CBrF, (halon 1301). The
tropospheric abundances of these species in the mid-1990s was 10-15 pptv for
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CH,Br (see WMO {13}, Table 6.3) {127], 3.5 pptv for CBrCIF, [128], and 2.3 pptv
for CBrF, [128]. Including small contributions from other species. total organic
bromine entering the stratosphere at that time was ~15-20 pptv [129,130]. All of the
halons and about half of the CH,Br are anthropogenic i origin. Thus, about two-
thirds of bromine in the stratosphere originated from human activities.

4.5 2 Partitioning

Once in the stratosphere, these organic bromine molecules are destroyed by oxida-
tion and photolysis. As bromine atoms are released from the molecules, reactions
convert them into one of several inorganic molecules, the sum of which we define to
be Br,:

[Br,] = [BrO} + {Br] + [BrONO,] + [HBr] + [HOBr| + [Br(l] 4.72)

Several minor species, such as BrONO and Br,, have been neglected in Equation
(4.72). The abundance of inorganic bromine Br,. as a function of other long-lived
species, is provided by Wamsley et al. [130].

Figure 4.29 plots daytime-averaged lifetimes of the various members of Br, as a
function of altitude. Owing to the larger size of bromine atoms compared to chlorine
atoms, molecules containing bromine tend to have weaker intramolecular bonds. and
are therefore shorter lived than the chlorine-bearing version of the same molecule.
For example, the lifetime of HBr in the lower stratosphere is about a day, while the
lifetime of HCI in the same region is about a month. In fact, the lifetimes of the Br,
species are so short (a day or less) that the partitioning of Br, is almost entirely deter-
mined by photochemistry, with little contribution from lrarisp()n.

In analogy 10 the Cl,, we define Br, to contain the short-lived components of Br,:

[Br,] = [BrO] + [Br] 4.73)
Like Cl,, Br, thercfore contains the species involved in the catalytic loss cycles that
destroy O, (e.g. the “active” members).

Figure 4.30 shows the interconversion pathways of the components of Br,. BrO is
converted to Br in the reactions

BrO+ hv—— Br+0 (4.74)
BrO + NO—— Br + NQ, 4.75)

In the upper stratosphere, the reaction with O atoms becomes important:

BrO+ 00— Br+0, (4.76)
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Figure 4.30 Schematic of the partitioning between BrQ and Br (the sum of which is Br)).
Each arrow is marked with the reactants that facilitate the conversion indicated by the arrow.
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To complete the cycle, Br is converted back to BrO in the reaction
Br + O;—— BrO + O, (4.77)

Using reactions (4.74)~(4.77) and assuming photochemical steady state, the ratio
[Bri/{BrO] can be written as

{Br] - kool NOT + Jy + ki,0l O]
{BrO] LSPRLON |

(4.78)

Figure 4.31 plots the related quantity [BrO}/|Br,], the fraction of Br, that is in the
form of BrO ([BrO}/[Br,] = /(1 + {Br)/{BrO})). BrO makes up the vast majority of
Br, in the lower stratosphere, and about 50% in the upper stratosphere. This can be
contrasted to the CI, family, in which ClO makes up the vast majority of Cl, through-
out the stratosphere.
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Figure 4.31 Fraction of Br, in the form of BrO. Calculated for 45°N equinoctal conditions
based on daytime-average constituent abundances and photolysis rates.
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Figure 4.32 shows a schematic of the partitioning between Br, and the Br,
TESErvOIr species.

Formation of reservoirs from Br, Bromine nitrate, BrONQ,, is formed from Br, in
the three-body reaction (4.43):

BrO + NO, 5 BrONO,
HOBr is formed from Br, in reaction (4.67):

BrO + HO, — HOBr + O,
HBr is formed from Br, primarily in the reactions

Br + HO, — HBr + O, (4.79)
Br + CH,0 —— HBr + HCO (4.80)

In the lower stratosphere, both reaction (4.79) and (4.80) can be important. In the
upper stratosphere, reaction (4.79) dominates. There is also some speculation of an
HBr product channel for the reaction between BrO and HO, [131,132]:

BrO + HO, —— HBr + O, (4.81)
The primary source of BrCl is reaction (3.22a}) between BrO and CIO:

Cl10 + BrO —-» BrCl + O,

B rO N 02 BrO+NO> HBr+OH

N\ AN HBr+O
/’__\
photolysis H B r
B rX \___/
aerosol Br+HOz
Br+CH0
BrO+HO2 photolysis,
HOBr+Q

HOBr

Figure 4.32 Schematic of the Br, family. Arrows show conversion pathways between
species.
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Note that BrCl production is just one product channel of the reaction between C1O
and Br(; the other products are CIOO + Br and OCIO + Br (reactions (3.22b) and
(3.22c)).

Formation of Br, from reservoirs BrONQ, is converted back to Br, through the
photolysis reaction

BrONO, + hv—— Br + NO,

—— BrO + NO, (4.82)
About 29% of the BrONO, molecules photolyze to produce Br and NO,, with the
remaining 71% producing BrO and NO, (see DeMore ef al. |5], p. 199). Loss of

BrONOQ, via oxidation is not important.
HBr is converted back to Br, in the reaction

HBr + OH — Br + H,0 (4.83)

In the upper stratosphere, the reaction between HBr and O atoms becomes
important:

HBr + O—— Br + OH (4.84)

The primary pathway for conversion of HOBr back to Br, is photolysis below
~25 km,

HOBr + hiv——> OH + Br (4.85)
and oxidation by O atoms at higher altitudes,

HOBr + O —— OH + BrO (4.86)
Br(lis rapidly photolyzed and destroyed by oxidation (T, < | min) [131] to reform
Br.. In general, under normal sunlit conditions the abundance of BrCl is negligible.

At night in the upper stratosphere, BrCl can become an important Br, reservoir.

Interconversion among Br, reservoirs The heterogeneous hydrolysis of BrONQO,
on aerosol surfaces,

BrONO, + H,0 “% HOBr + HNO, (4.87)

is an important reaction for bromine partitioning in the lower stratosphere [133]. The
sticking coefficient ¥ for this reaction is ~0.8, independent of temperature [102].
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There is an analogous hydrolysis reaction involving CIONO, on sulfate aerosol sur-
faces. The sticking coefficient 'y for this CIONQ, reaction, however, shows a strong
temperature dependence, and the reaction turns out to be important only at extremely
low temperatures (< 200 K} or at high SADs such as those found after volcanic erup-
tions. These hydrolysis reactions will be discussed more thoroughly in Chapters 6
and 7.

There are relatively few measurements of bromine species in the stratosphere.
Those measurements that exist, however, generally show reasonable agreement with
models [132,134]. Figures 4.33-4.36 show cross-sections of Br, and its important
components, Br,, BrONO,, and HOBr.

Br, (Figure 4.33) increases rapidly with altitude in the lower and mid-stratosphere,
with no increase above ~30 km. This occurs because organic bromine molecules are
reasonably weak. and so are destroyed in the lower and mid-stratosphere—by the
time an air parcel reaches the mid-stratosphere all of the organic bromine molecules
have been destroyed. This can be compared to Cl, (see Figure 4.7), which increases
with altitude throughout the stratosphere owing to the stronger bonds and therefore
slower destruction rates of organic chlorine molecules.

Figure 4.34 shows a model simulation of Br, mixing ratio. As one can see, the
abundance of Br, increases rapidly with altitude due to an increase in both Br, and
in the ratio [Br,J/[Br,] with altitude. Figure 4.35 shows a cross-section of the abun-
dance of BrONO,. The distribution of BrONO, is similar to that of CIONO,: in the
lower stratosphere the rapid increase in Br, with ahitude causes the abundance of
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Figure 4.33 Contours of Br, abundance (pptv) for December. Values are {rom the Goddard
two-dimensional climatological circulation model [73]. Based on a model run to steady state
using CFC and halon emission levels for 1990.
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Figure 4.35 Contours of BrONQ, abundance (pptv) for December. Values are from the
Goddard two-dimensional climatological circulation model {73]. Based on a medel run to
steady state using CFC and halon emission levels for 1990.

BrONQ, to increase with altitude. In the upper half of the stratosphere the Joss of
BrONO, increases much faster than production, and Br, 1s no longer increasing with
altitude, so the abundance of BrONQO, decreases with altitude. Figure 4.36 shows a
cross-section of the abundance of HOBr. As with BrONO,, the rapid increase in Br,
with altitude causes the abundance of HOBr to increase with altitude. In the mid- and
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Fignre 4.36 Contours of HOBr abundance (pptv) for December. Values are from the
Goddard two-dimensional climatological circulation model [73]. Based on a model run to the
steady state using CFC and halon emission levels for 1990.

upper stratosphere, the abundance of HOBr decreases as partitioning of the Br,
family shifts toward Br,. '

In the lower-stratospheric polar night region (high northern latitudes in Figs
4.34-4.36), the partitioning of Br, is in a unique state. Because photolysis rates are
approximately zero, the reaction between BrO and NO, rapidly depletes Br, by
converting it to BrONO, (reaction (4.43)). The BrONQ, is subsequently converted to
HOBTr in a time-scale of a few hours through hydrolysis on aerosol surfaces (reaction
(4.87)). When exposed to temperatures befow about 210 K (common in the lower-
stratospheric wintertime polar regions), the reaction

HC! + HOBr “Z%  BrCl + H,0 (4.88)

converts all of the HOBr into BrCl in a few days or less. The net result is that the
vast majority of Br, in the lower stratosphere polar night region is in the form of
BrCl. '

Figure 4.37 shows typical diurnal cycles for the members of Br, at mid-latitudes.
Br, declines after sunset, and is zero for most of the night throughout the strato-
sphere. At sunmise, destruction of BrONO, through photolysis leads to a rapid
decline in BrONQ, and a concomitant increase in Br,. Much like HOCI, HOBr
shows little diurnal variation despite its relatively short photochemical lifetime. BrCl
is important in the upper stratosphere, where significant abundances of CIO and BrO
survive well after sunset, leading to a buildup of BrCl.
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In the lower stratosphere, the hydrolysis of BrONO, (reaction (4.87)) causes the
abundance of BrONO, to decrease and HOBr to increase throughout the night (bot-
tom panel of Figurc 4.37). As a result, HOBr is an important Br, night-time reser-
voir, especially at high acrosol loading, such as after a volcanic efuption. At sunrise,
the rapid photolysis of HOBr leads to a burst of HO, [74,115].

A comparison between the diurnal cycles in Figure 4.37 and the CI, cycles plot-
ted in Figure 4.12 shows important differences between these two families. Most
importantly, the fraction of the Br, family in the form of the O -destroying BrO rad-
ical (which is the rate-limiting reactant of the bromine catalytic cycles) is ~40-30%
throughout the stratosphere. In contrast, only a few percent of Cl, is in the form of
ClO in the lower stratosphere, rising to ~10-20% in the upper stratosphere. In addi-
tion, the rate constant for the reaction between BrO and HO,, which rate limits the
most important O -destroying bromine catalytic cycle. is five to six times greater
under stratospheric conditions than the rate constant for the reaction between CIO
and HO,, the rate-limiting step of the comparable chlorine catalytic cycle. As a
result, on a per mole basis, bromine atoms released into the stratosphere are 4050
times more effective at destroying O, than chlorine atoms [13,135,136]. This sug-
gests that despite the small abundance of Br, (~15-20 pptv), it can still be an impor-
tant catalyst for O, loss.

4.5.3 Loss of Br,

There are no loss processes for the Br, family. Instead, the concentration of Br, in an
air parcel increases until all of the bromine-bearing organic molecules have been
destroyed.

4.6 Other Halogen Families
4.6.1 Fluorine

As their name implies, CFCs generally contain fluorine atoms in addition to the
chlorine atoms discussed earlier. Thus, the transport of CFCs into the stratosphere
followed by their breakdown serves as a source of F atoms for the stratosphere [137].
The abundance of tropospheric fluorine bound in stable organic molecules—and
therefore bound for the stratosphere—was 1.82 ppbv in September 1993 [138].

By analogy to Cl, and Br,, we can define the odd fluorine family, F,, to be the sum
of the abundances of HF and other F species such as FONQO,, HOF, FO, and F.
Further, we expect the FO radical to rate limit catalytic cycles that destroy O..

F atoms released in the stratosphere can react with H,O or CH, to form HE. Owing
to the small size of the F atom, the HF molecule is extremely stable (compared to
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HCl and HBr). In fact, the HF molecule is not photolyzed or oxidized in the
stratosphere, and can therefore be constdered chemically inert. As a result of this,
virtually all F, is in the form of HF, and very little is in the form of FO. This can be
contrasted to the chlorine and bromine families, in which a few percent and a few
tens of percent of Cl, and Br,, respectively, are in the form of active O,-destroying
radicals. Because of this, fluorine is not expected to contribute to O, loss in the
stratosphere.

Figure 4.38 shows vertical profiles of HE, the major F, reservoir molecule in the
stratosphere. Also shown are profiles of COF, and COFCI, two species that are
formed from partially decomposed CFCs created during the oxidation of the CFCs.
About 70-80% of stratospheric fluorine not attached to an intact CFC is in the form
of HF, with the remainder in COF, and COFCL

While fluorine chemistry is unimportant in the stratosphere, the inertness of HF
makes it useful as a tracer of atmospheric motion [139].

As with the other halogen families, Cl, and Br,, there are no loss processes for
inorganic fluorine. Instead, the concentration of HF in an air parcel increases until
all of the fluorine-bearing organic molecules have been destroyed.
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4.6.2 lodine

The chemistry of iodine and its implications for stratospheric O, loss are less well
known than those of the other halogens discussed in this chapter (chlorine, bromine,
and fluorine). Because the lifetime of iodocarbons, the iodine source gas, is a few days
in the troposphere—compared to tropospheric lifetimes of years for CFCs—it has
generally been assumed that these molecules do not survive long enough to be trans-
ported into the stratosphere. It has been speculated, however, that iodine source
molecules, such as methyl iodide (CH,l), might be transported into the stratosphere
in convective events. Should this iodine be released in the stratosphere, catalytic cycles
involving iodine could catalyze O, loss in the stratosphere. (See Solomon ef al. [140}
for a review of the tropospheric sources and stratospheric chemistry of iodine.)

The importance of iodine can be seen in Figure 4.39, which shows what fraction
of the chlorine, bromine, and iodine families are in the active O,-destroying form. As
the size of the halogen atom increases, the associated reservoir molecules (HX,
XONO,, HOX) become more weakly bound. Attendant with the weakening of the
reservoir species, a greater fraction of the family exists in the O,-destroying forms
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Figure 4.39 Ratio of active members of the chemical family to the total abundance of the
chemical family. Values are from a two-dimensional model; solid lines represent the parti-
tioning at 50°N, and the dotted line represents the partitioning at 8°N. (After Solomon ¢/ al.
[140], Figurc 1.)
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XO and X—making the chemical family more effective at destroying O,. One can
see that virtually all of the inorganic iodine in the stratosphere is in the form of the
I and IO radicals. At the other extreme 1s fluorine, which, owing to the stability of
the HF molecule, has an ([FO} + [F})/[total F} ratio of approximately zero through-
out the stratosphere—and is therefore unimportant for O, loss.

Ground-based measurements of 10O absorption imply total stratospheric iodine
abundances of 0.2 {+0.3/~0.2) pptv. This result, combined with recent laboratory
measurements of the rate of the reactions of 10 with other halogen species, suggests
that 10dine chemistry is not responsible for the observed reductions in lower stratos-
pheric O, during the last several decades [141].

An aside: environmental engineering

As evidence mounts that human activity is changing the atmosphere, it is becoming
increasingly clear that mankind has the power to intentionally engineer the climate.
Is this a good idea?

Leaving aside the legal and ethical questions, imagine that we live on an Earth-
like (class M) planet that is a bit too cool, and we want to warm it. We might try
releasing CFCs. These molecules are nontoxic, have large infrared cross-sections,
and absorb in regions of the spectrum (the “window™ region, 812 pm) that the
atmosphere is largely transparent to. As a result, even in parts per trillion by volume
abundances, these species are potent greenhouse gases [142], and their release would
be expected to warm the planet.

Up to the mid-1980s, it was generally agreed that this was the end of the story.
Since then, however, we have learned much about the atmospheric effects of CFCs.
As we have shown, the release of CFCs leads to an increase in stratospheric chlorine
and a reduction of O, in the lower stratosphere. O, however is itself a powerful
greenhouse gas. It turns out that the reduction in lower-stratospheric O, can offset
much if not all of the anticipated warming duc to CFCs [143,144|. Thus, it is not
clear how much, if any, surface warming would actually result from the release of
CFCs.

The lesson here 1s that any attempt at environmental engineering must be under-
taken with care, Our knowledge of the atmosphere is often incomplete and unknown
factors might not only cause the desired outcome to not occur: it might cause the
opposite outcome to occur!

Problems

1. What is the lifetime of C!, with respect to conversion into HCL and CIONO,? Over
these lifetimes, how many O, molecules does a Cl, melecule destroy? Express your
answer in terms of rate constants and concentrations.
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2. Imagine that Jyno, suddenly increases. Describe qualitatively what would
happen to the abundance of HCI in the lower and upper stratosphere?

3. HOCl is generally a minor component of the Cl, family. Consider the following
reactions involving HOCl:

CIQ + HO, —— HOCI + O, ()
HOC! + hv——> OH + Cl 2)
HOC! + OH —— H.,0 + CIO (3

{a) Assume the photochemical steady state. Write an expression for [Cl [/{HOCI].
Make any assumptions that you make explicitly clear.

(b) The loss lifetime of HOCI (1/L) is about an hour. Is this system in the strict
photochemical steady state where production equals loss at all times? Explicitly
state what time constants you are comparing and their approximate magnitudes.

4. Assume that the NO, family is in photochemical steady state. Write an expression
for [NOJ[HNQ;] (in terms of rate constants, photolysis frequencies, and the
abundance of other species) assuming gas-phase-only reactions. How does the
hydrolysis of N,O; affect the partitioning?
5. Ozone loss from BrONO, phototysis. Consider the following bromine reactions:

BrO + NO, -~ BrONO,

Br+0,— BrO + O,

NO, + hv—— NO + O,

NO + 0, —— NO, + O,

Given these reactions, show that if BrONQ, photolyzes to form Br and NO, then this
will lead to a catalytic odd-oxygen loss cycle, but if the photolysis products are BrO
and NO,, then no net loss occurs. Feel free to include other reactions discussed in
this chapter.



Chapter § Transport

In general, the abundance of a constituent at a fixed point in space is determined by
a combination of chemical production, chemical loss, and transport of the con-
stituent. To highlight the effects of transport of O on the O, distribution, we estimate
the O, abundance in the stratosphere in the absence of transport. In this case, the con-
tinuity equation for O, is:

AOd . p, 1,0 5.1
ot
where P, is the production rate (molecules cm s 1y and L, is the loss frequency

(1 sy of O Using daytime-averaged P, and L, from a model and assuming that
the time rate of change of O, ([0, ]/8[) is u]U"tl to zero, we can solve for
[0}, = Py, /Lo and thereby obtam an estimate of the “steady-state” abundance of O,
in the absence of transport of O,. Figure 5.1 plots annually averaged [O,],,, which we
will call the “no transport” case. It should be noted that only transport of O, has been
neglected; the effects of transport of other species, such as NO,, Cl,, and other long-
lived species, are included in P, and Ly, . In addition, P, and LO are both functions
of the distribution of O Figure 's.1 is caleulated using P() and L(, that incorporate
realistic background abundances of O,.

Figure 5.2 shows the annually and zonally averaged “transported” O, distribu-
tion—by “transported” we mean that O, is subject to the full continuity equation,
including transport. This distribution is quite similar to the satellite-derived distribu-
tion shown in Figure 1.2a in Chapter 1.

Figure 5.3, a plot of the difference between Figures 5.1 and 5.2, shows the influ-
ence of the transport of O,. Above about 30 km there is virtually no difference between
the O, fields. At these altitudes the rate of transport of O, is negligible compared (o
the chemical production and loss rates, and the system is in either diurnal or
photochemical steady state. It should be noted that transport is still important insofar
as it affects the abundances of CI,, NO,, etc., that regulate the loss rate of O.

Below ~30 km (~10 hPa), however,'thc difference between the “transported” and
“no transport” O, fields is significant, demonstrating the role that transport plays in
determining the O, distribution. There are positive values in the tropical lower and
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Figure 5.1 Estimate of O, distribution (ppmv) in the absence of transport of O —the “no
transport” case. The contours were calculated from annually averaged P, and L, obtained
from the Goddard two-dimensional climatological circulation model [73].
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Figure 5.2 Model calculation of the annually averaged O, field—"transporied” O,—from a
calculation incluging the effects of the transport of Q,. Calculated from the Goddard two-
dimensional climatological circulation model [73].
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Figure 5.3 Difference (ppmv) between Figures 5.1 and 5.2

mid-stratosphere, meaning that the transport of O, lowers the O, abundance in this
region of the atmosphere, i.e. there is a net transport of O, out of this region. There
are negative values at mid- and high latitudes, meaning that the transport of O, acts
to increase the O, abundance in this region of the atmosphere, 1.¢. there is a net trans-
port of O, into this region. In other words, ), production exceeds loss in the tropics,
and O, loss exceeds production in the mid- and high latitudes. Transport evens out
this imbalance by transporting O, out of the region of excess production into the
region of excess loss.

Thus. transport plays an important role in regolating lower- and mid-stratospheric
0O,. We present in this chapter a short discussion of the salient features of the stratos-
pheric circulation, with an emphasis on the transport of O, in the stratosphere. The
interested reader can find in-depth treatments of the circulation of the stratosphere
elsewhere [56,145,146].

5.1 Transport Into and Qut of the Stratosphere

The stratosphere is not a closed system but exchanges mass with its neighbors, the
troposphere (below) and mesosphere (above). We will discuss these interactions in
this section.

Since the late 1940s, when it was recognized that troposphere-to-stratosphere
transport was important for regulating the abundance of water vapor in the strato-
sphere [ 147], stratosphere—troposphere exchange (STE) has been a subject of great
interest in stratospheric science. Recent research into the loss processes of O, has
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emphasized the need for understanding STE because the vast majority of the
precursors of the O -destroying radicals (such as chlorofluorocarbons (CFCs) and
N,O) originate in the troposphere and are transported into the stratosphere. STE is
also important because it leads to the injection of O,- and NO _-rich stratospheric air
into the troposphere, affecting the chemistry of that region. Our present under-
standing of STE is reviewed in detail by Holton er al. [148].

Following the nomenclature of Hoskins [149], we divide the atmosphere into
three regions: the “overworld,” “middleworld,” and “underworld” (Figure 5.4). The
overworld is defined to be the region above the ~380 K potential temperature surface
{about 16 km altitude), and contains surfaces of constant potential temperature
{(isentropes) that are within the stratosphere at all latitudes. The middleworld is
defined to be the region between the ~380 and ~310 K potential temperature
surfaces, and contains isentropes that are in the troposphere at low latitudes and in
the stratosphere at high latitudes. The stratospheric part of the middleworld is often
called the “lowermost stratosphere”. The underworld is defined to be the region
below the ~310 K potential temperature surface, and it contains isentropes that are
within the troposphere at all latitudes.

Mass flux into the stratosphere occurs on some combination of the three paths
shown in Figure 5.4. Path A is the mean meridional circulation, often referred to as
the Brewer-Dobson circulation [147,150]. It consists of air rising through the
tropopause into the stratosphere at low latitudes and descending back into the
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Figure 5.4 lLatitude-height schematic cross-section of the atmosphere. The heavy line is the
tropopause. Overworld-middleworld and middieworld-underworld boundaries are shown as
dotted lines. The middleworld stratosphere is hereafter referred to as the “lowermost strato-
sphere.” See text for details about paths A, B, and C. (After Dessler ¢f al. [164). Figure 1)
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troposphere at mid- und high latitudes. Associated with these vertical motions is a
poleward mass flux.

Brewer [ 147} and Dobson {150] envisioned the flux into the stratosphere along
path A as slow, large-scale upwelling through the tropical tropopause. It was later
argued that the tropical tropopause was generally too warm to explain the
extremely dry stratosphere [151]. Based on this, the region where air slowly
ascends into the overworld was further narrowed to those regions and times in
which the tropical tropopause is much colder than average: in the western tropi-
cal Pacific, northern Australia, and Indonesia during the November to March
period and over the Bay of Bengal and India during the monsoon. This tempo-
rally and spatially limited region has become known as the “stratospheric foun-
tain”. Recent measurements of water vapor {152} and CO, [153] show that air
enters the stratosphere throughout the entire year; this has persuaded many that
the temporal restrictions of the “stratospheric fountain™ theory are likely wrong.
An analysts using improved data sets re-examined the spatial restriction and found
that it too did not stand up upon further investigation [154]. At the present time,
it is unclear if there are any preferred locations for transferring mass from the
troposphere to the overworld.

General objections to the slow-ascent theories of troposphere-to-overworld trans-
port have also been ratsed. It was argued that large-scale uplift would cause thick
cirrus decks to form in the upwelling regions, which is not the case [155]. However,
the recent observations of widespread subvisible cirrus clouds near the tropopause
[156-158] have lessened this criticism. Another problem is that no theory can
definitively explain how air slowly ascending into the overworld can he dehydrated
to the very low humidity observed in the stratosphere [159,160].

An alternative to slow ascent is that energetic convection, originating at the
surface, overshoots the tropopause and mixes with stratospheric air, thercby
transferring mass from the troposphere into the overworld (see Danielson [161]. and
the STEP collection of papers {162] and the references therein). During the injection
process, the air mass is dehydrated to stratospheric abundances. While theories of the
dehydration process exist [163], there is currently not enough data to validate these
theories with any certainty.

It should be noted that both slow-ascent and direct convective injection are almost
certainly both occurring. The real question is the relative importance of these two
processes. At the present time the answer to this question is unknown.

Path B is isentropic transport between the troposphere and the lowermost strato-
sphere. Ordinarily, air parcels arc prevented from crossing the tropopause on an
isentrope by the large gradient in potential vorticity (PV) at the tropopause [148].
Synoptic-scale waves, however, can transport material from the tropical troposphere
to the mid-latitude stratosphere and vice versa by means of wave breaking. Path C is
mid- and high-latitude convective transport of air from the troposphere to the lower-
most stratosphere.



122 5 Transport

Much of our understanding of the relative contributions of the different paths is
provided by measurements of water vapor. As an air parcel cools below the frost
point (the temperature at which the relative humidity with respect to ice is 1009%),
condensation of water vapor and subsequent sedimentation of particles dehydrates
the air mass. If the temperature of the air parcel subsequently rises, the water vapor
volume mixing ratio (VMR) remains unchanged, and continues to reflect the previ-
ously encountered minimum temperature.

This last fact, combined with the fact that the minimum saturation VMR is most
often encountered at the tropopause, makes the water vapor abundance a useful
indicator of where air crosses the tropopause. Figure 5.5 shows the distribution of
temperature, pressure, and saturation water vapor abundance along the tropopause.
Air following path A, which goes through the tropical tropopause, typically encoun-
ters temperatures of 195 K or below, and therefore carries only a few parts per
million by volume of water into the stratosphere. Paths B and C, however, which
transit the extratropical tropopause, encounter far warmer temperatures (~210-
225 K) than the tropical tropopause, and can carry tens of parts per million by
volume of water vapor into the stratosphere.
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Figure 5.5 Temperature, pressure, and saturation water vapor abundance of the tropopause.
Data are zonal and monthly averaged for January 1994,
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Figure 5.6 shows several mid-latitude profiles of water vapor covering the region
between the upper troposphere and overworld. The abundance of water vapor in the
overworld is a few parts per million by volume. Only at the tropical tropopause are
the temperatures low enough to dehydrate air to such a low abundance (Figure 5.5).
Additional support for the tropical tropopause as the entry point of air into the over-
world comes from observations of a correspondence between the seasonal cycle of
the abundance of water entering the stratosphere and the seasonal cycle of tropical
tropopause layer temperature {1521, as well as measurements of other tracers [165].
As a result, it is generally believed that all of the air in the overworld transited the
tropical tropopause.

Measurements suggest that, on an annual average, air enters the overworld with
~3.85 ppmv of H,O [166], 1.7 ppmv of CH, [167}, and 0.5 ppmv of H,
[114,168,169]. Once in the stratosphere, the CH, and H, are slowly oxidized to form
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Figure 5.6 Mid-latitude profiles of water vapor (solid line} and temperature (light dashed
line) vs. potential temperature (K). The heavy dashed line indicates the location of the
tropopause; the heavy solid line indicates the 380 K surface, the boundary between the over-
world and lowermost stratosphere. (After Dessler er al. {164, Figure 2.)
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additional water vapor [110,112-114]. Complete oxidation of CH, and H, would
form an additional 2x 1.7 + 0.5 = 3.9 ppmv of water vapor. In agreement with this
simple constraint, stratospheric H,O abundances greater than 8 ppmv are never
observed, with typical observed abundances between 4.5 and 7 ppmv [170].

Figure 5.7 shows typical cross-sections of H,O and CH,. As one can see, the
decrease in CH; (due to oxidation) is mirrored by an increase in H,O. H, is also
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Figure 5.7 Latitude-height cross-sections of H,0O and CH, for December 1992, Data were
measured by instruments onboard the UARS; in the UARS Reference Atmosphere Project
(W.J. Randel, personal communication, 1998). (Sce Randel er ¢f. [ 174] for details of the plots.)
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oxidized to form H,O, but it is also produced in the stratosphere as a by-product of
CH, oxidation. These two processes are approximately equal, so the abundance of
H, remains constant at ~0.5 ppmv throughout the lower and mid-stratosphere,
decreasing to lower values in the upper stratosphere | 171]. (For more discussion on
the hydrogen budget, see Dessler er al. [172} and Hurst ef al. [173].)

Between the mid-latitude tropopause and the overworld lies the lowermost strat-
osphere. Figure 5.6 shows that in this region the abundance of water vapor is
variable but can reach several tens of parts per million by volume, We know that
some of the air in this region has descended from the overworld via path A as
part of the Brewer—Dobson circulation. This air, however, carries 4-8 ppmv of
water vapor, and so cannot be the only source of air for the lowermost strato-
sphere [164]. 1t is concluded, therefore, that some of the air must have followed
a path that crossed the extratropical tropopause—thereby allowing the air to carry
more water vapor into the stratosphere. It is generally agreed that isentropic trans-
port of air into the stratosphere (path B) is responsible for much of this transport
[175,176].

While mid- and high-latitude convective transport into the stratosphere (path C)
has been shown to occur {177], it is presently unknown how important this path is
for the global budget of STE. It should be noted that this pathway likely only trans-
ports air into the lowest few kilometers of the lowermost stratosphere [177,178].
Mid- and high-latitude convection is simply not energetic enough to reach overworld
potential temperatures.

To summarize, the stratosphere can be thought of as being made up of two sepa-
rate but related regions. The overworld is the region of the stratosphere above 380 K
potential temperature. Air enters this region exclusively through the tropical
tropopause, and the water vapor abundance in this region is set by the cold temper-
atures encountered there. The lowermost stratosphere—the mid- and high-latitude
stratosphere between 380 K and the tropopause-—is made up of a mix of overworld
air that has descended from above and air that has gone through the extratropical
tropopause. Air crossing the extratropical tropopause experiences higher tempera-
tures than air crossing the tropical tropopause, allowing higher water vapor in the
lowermost stratosphere (tens of parts per million by volume) than in the overworld
stratosphere (a few parts per million by volume).

Most of the ozone in the stratosphere resides in the overworld. As a result, the
focus of this book is almost exclusively on the overworld, and we use the terms
“stratosphere” and “overworld” interchangeably. This loose notation is not problem-
atic, however, because most of the concepts presented also apply to the lowermost
stratosphere.

Finally, the stratosphere also exchanges mass with the mesosphere. By almost any
measure this exchange of mass is less important than exchange with the troposphere,
but there are aspects of it worthy of note. Probably the most important is the trans-
port of NO, formed in the mesosphere and thermosphere into the stratosphere. This
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can be a potentially important source of NO, for the upper stratosphere, especially
following severe solar proton events [97].

5.2 The General Circulation

The existence of winds can be attributed to differential heating of the atmosphere—
the fact that the tropics receive more solar energy per unit area. on an annual aver-
age, than the poles (see Hartmann [179], Figure 2.7). This differential heating causes
a pressure gradient between the pole and equator, which drives a strong zonal flow
with typical velocities in the stratosphere of [0-100 m s!. Dissipation of planetary
waves in the stratosphere and above leads to meridional and vertical flow; this cause-
and-effect relationship has become known as the “wave-driven pump” [148]. The
meridional flow typically has zonally averaged velocities of tens of centimeters per
second, and is therefore weaker than the zonal flow. The vertical flow typically has
zonal average velocities of the order of millimeters per second, smaller than both the
zonal or meridional velocities.

While flow in the atmosphere is obviously three-dimensional, strong zonal flow
means that the stratosphere tends to be well mixed in the zonal direction. Thus, air
at different longitudes but the same latitude and altitude tends to be similar. For this
reason, we have often relied in this book on plots in which the data from the same
latitude and altitude but different longitudes have been averaged together 1o form a
“zonal average” plot. Using this same logic. two-dimensional (2D} models of the
stratosphere have been developed that take advantage of this fact and represent the
atmosphere in only two dimiensions: latitude and height (see WMO [15]. Chapter 12).

It should be remembered, however, that important longitudinal asymmetries do
exist in the O, field. As Figure 1.3 shows. column O, varies with the synoptic
weather pattern (1.e. the pattern of high and low pressure). This occurs because high-
pressure systems push up the tropopause. This causes convergence of tropospheric
air into the bottom of the column and a divergence of stratospheric air out of the
upper parts of the column. Since tropospheric air has a much lower O, content than
stratospheric air, this causes the total column abundance to decrease. Low-pressure
systems have the opposite effect.

Despite these longitudinal asymmetries, many of the important facets of the trans-
port of O, can be understood by examining the 2D circulation of the atmosphere. In
the next section we examine this circulation. Then, we will discuss how it affects the
distribution of trace gases, especially Q,, in the stratosphere.

5.2.0 The 2D circulation

The 2D circulation of the stratosphere in the meridional plane can be divided into
two parts: the Brewer—Dobson circulation, a mean overturning circulation, and
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guasi-horizontal meridional eddy transport. The Brewer—Dobson circulation was
introduced earlier in this chapter in our discussion en STE. It comprises upwelling
in the tropics and downwelling in the extratropics, and is shown schematically as
path A in Figure 5.4. Figure 5.8 shows streamlines of the circulation during northern
hemisphere winter, while Figures 5.9 and 5.10 show estimates of the horizontal and
vertical components of the Brewer—Dobson circulation. Upwelling in the tropics is
primarily compensated for by downwelling in the winter hemisphere [180,181]: the
meridional circulation in the summer hemisphere is much weaker. Most mass enter-
ing the stratosphere rises into the lower stratosphere, is transported poleward, and
descends out of the stratosphere, with only a small fraction of the mass rising to high
altitudes. Finally, the Brewer-Dobson circulation in the northern hemisphere during
its winter is stronger than the circulation in the southern hemisphere during its win-
ter. This arises from differences in the layout of continents and mountain ranges in
the two hemispheres [146,148].

The second part of the 2D circulation is the quasi-horizontal transport arising from
longitudinally asymmetric processes such as planetary-scale wave breaking.
Because there is no longitude coordinate in the 2D zonally averaged framework,
these processes must be parameterized in terms of other variables, and how this para-
meterization is implemented remains a central problem in the implementation of a
2D framework. This class of processes is generally referred to as “eddy transport”.

Eddy transport is relatively fast, transporting and mixing material on horizontal
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Figure 5.8 Stream {unction (arbitrary units, but proportional to mass flux) in January, from
the Goddard two-dimensional climatological circulation model [73]. The velocity fields used
to derive this figure, as well as Figures 5.9 and 5.10, are a “transformed Eulerian mean” cir-
culation, in which the canceling effects of eddy transport have been removed from the mean
meridional circulation (see WMO [15], Chapter 12 and Andrews er al. [145], Chapter 3).
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surfaces on time-scales of weeks. There are latitude ranges, however, where eddy
transport is stow. These regions are referred to as “transport barriers” because hori-
zontal mixing through these regions is slow {59]. This can be seen in Figure 5.11,
which shows strong gradients in N,O located at 20°N and S and at 65°N. Such strong
gradients in a constituent with a lifetime of weeks or longer can be maintained only
if meridional mixing is slow; otherwise, mixing would wipe out the gradient.
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Figure 5.9 Vertical velocity (cm s7') during January. Positive values correspond to air rising,
and negative values correspond to air sinking. (See the caption of Figure 5.8 for more infor-
mation about this plot.)
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Figure 5.10 Horizontal velocity (cm s ') during January. Positive values correspond to north-
ward flow, and negative values correspond to southward flow. (See the caption of Figure 5.8
for more information about this plot.)
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Figure 5.11 N,O abundance on February 20, 1992, at 800 K potential temperature versus
equivalent latitude. N,O was measured by the CLAES on the UARS. The equivalent latitude
was determined using UKMO meteorological fields from that day.

The barriers at 20°N and S isolate the tropics [152,182-184]. Thus, air ascends in
the tropics as part of the Brewer—-Dobson circulation in relative isolation from the
mid-latitudes—this has become known as the “tropical pipe™ [185]. The barrier at
65°N exists only in the northern hemisphere winter. A similar barrier exists in the
southern hemisphere during its winter. These polar barriers slow mixing between
the mid-latitudes and the polar regions [186,187] and play an import role in the
formation and maintenance of the ozone hole (discussed in Chapter 7).

As a result of these transport barriers, air in the tropics, mid-latitudes, and polar
region can have very different chemical compositions [185.188]. These transport
barriers, therefore, have a profound impact on the distribution of gases in the
stratosphere and their subsequent chemistry.

Finally, just as there is a seasonal cycle in the Brewer--Dobson circulation, there
is also a seasonal cycle in the eddy transport. In fact, it is now understood that the
Brewer—Dobson circulation and the eddy processes are physically related, and that
it would be mmpossible to have one without the other. A thorough discussion of this
1s outside the scope of this book, but this point is discussed in detail elsewhere
{146,148].

It is easy to see how the 2D circulation creates the observed distribution of long-
lived trace gases in the stratosphere (Figure 5.12). The Brewer-Dobson circulation
lifts the lines of constant mixing ratio (isopleths) of CH; in the tropics and pushes
the isopleths down at mid- and high latitudes (indicated by the solid arrows in Figure
5.12). Thus, as one moves from the tropics to the poles at a constant altitude, the
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Figure 5.12 Cross-section of CH, from Figure 5.7. Solid arrows indicate the effects of the
Brewer-Dobson circulation: lifting the isopleths up in the tropics and pushing the isopleths
down in the extratropics. Dashed arrows indicate the isopleth-flattening cffect of quasi-hori-
zontal eddy transport.

abundance of CH, decreases. Eddy processes. on the other hand (dashed arrows in
Figure 5.12), transport constituents quasi-horizontally and attempt to remove any
horizontal gradients. In other words, eddy processes tend to flatten the isopleths,
opposing the isopleth-steepening effects of the Brewer—Dobson circulation. The
actual slope of the isopleth observed in the atmosphere is a result of the competition
between these two processes.

As we have already said, air enters the stratosphere primarily through the tropical
tropopause. By a combination of the Brewer—Dobson circulation and quasi-
horizontal eddy transport, the air then moves poleward and eventually exits the
stratosphere by descending back across the tropopause at mid- and high latitudes.
As the air travels through the stratosphere, the abundances of Cl, Br,, and NO, build
up as the source molecules for these species (CFCs, halons, and N,O) are photdlyzed‘
The abundance of Cl, Br,, and NO, in an air parcel is therefore determined by the
total exposure of the air parcel to radiation and oxidizing species [ 146].

The mean age of air in the stratosphere is shown in Figure 3.13, where age is
defined as the number of years since the air crossed the tropopause. In general, the
air in the stratosphere s a few years old, with the average age increasing with both
altitude and latitude in a way that is consistent with the general 2D circulation. “Age
of air’” is actually a fairly complex subject; it is discussed more thoroughly elsewhere
[82,189].



5.2 The General Circulation 131

Pressure (hPa)
(wy) epnuyy ajeWiXoddy

-30

Latitude

Figure 5.13 Avcrage age of air (years) from a model. (Adapted from Waugh e af. [189].)

5.2.2 Effect of transport on atmospheric constituents

In this section we discuss the effects of the general circulation of the stratosphere on
0, and long-lived constituents.

Odd oxygen We can derive time constants with respect to transport for O, using a
“replacement time” formalism: T = £, /(transport rate in VMR per second), where f;,
is the VMR of O,. We further subdivide the total transport lifetime into lifetimes with
respect to vertical and horizontal transport {190}

L S CRNC . Y

rw s - —f;)‘, [“ b4 + (12 (K avz )] (5.2)
%, 2

Thoril - w_ﬂ)‘ [‘ ‘iy + (1)' (va\' dv )] (5.3)

where v and w are the horizontal and vertical wind velocities. Eddy transport is often
parameterized as a diffusion process (see WMO [15], Chapter 12, for more
discussion of this). In Equations (5.2) and (5.3). K, and K_. represent the diffusion
coefficients for horizontal and vertical diffusion, respectively. Note that, in the
stratosphere, K is generally negligible. Both Equations (5.2) and (5.3) are made up
of two terms: the first one (e.g. v df,, /dy) is the rate of transport due to advection by
the Brewer—Dobson circulation, the second one (e.g. d(K,, of;, /Ay)[dy) is the rate of
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transport due to eddy transport. It is important to recognize that the transport time
scales defined in Equations (5.2) and (5.3) contain the spatial derivatives of the tracer
abundance. As a result, the transport time-scale is a function of the spatial distribu-
tion of the tracer, and two tracers that have different spatial gradients will therefore
have different transport time-scales.

Figure 5.14 shows profiles of 1., and 1, for O, at the equator, 30°N, and 60°N
(at the equator, Ty, > 1000 days). Also shown are estimates of the lifetime of O,
with respect to production (T = [O,1/P, } and 1oss (T, = 1/Ly ). Solid lines repre-
sent processes that increase O, while dashed lines represent processes that decrease
0.. Production always increases O, so it is a solid line in all three panels. Loss
always decreases O,, so it is a dashed line in all three panels. Transport can either
increase or decrease Q,, depending on the wind field and the spatial gradients of O,,
and therefore appears in Figure 5.14 as both solid and dashed lines.
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Figure 5.14 Lifetime of O, with respect to production, loss, and vertical and horizontal trans-
port at the equator, 30°N, and 60°N. Solid lines represent processes that increase Q; dashed
lines represent processes that decrease O,. (After Ko er al. [190], Figure 4.}

At all latitudes, above 30 km the lifetime of O, with respect to production and loss
is very much shorter than the transport lifetimes. As a resuit, the distribution of O, is
controlled entirely by chemical production and loss. In the lower and mid-
stratosphere, the distribution of O, is controlled by a combination of production,
loss, and transport—the exact combination is a function of altitude and latitude. This
1s consistent with the picture presented in Figure 5.3, where it was shown that
transport of O, had little impact on the O, distribution above ~30 km but plays an
important role below ~30 km.

It must be remembered that the net of production, loss, and transport in the lower
stratosphere 1s not necessarily zero at any instant in time; instead the balance occurs
only when these terms are averaged over a sufficiently long time. Because of seasonal
and interannual variations, this “sufficiently long time” can be a year or longer.

Long-lived tracers  Of special interest to the stratospheric chemist are the so-called
“long-lived tracers”: constituents such as nitrous oxide (N,Q0), methane (CH,), and
the CFCs that have long lifetimes (T > years) in the troposphere and lower strato-
sphere but are destroyed rapidly in the middle and upper stratosphere. We stated ear-
lier (e.g. see Figure 5.12) that the distribution of these species is heavily influenced
by transport.

It has been noted that scatter plots of one long-lived tracer against another often
show tight one-to-one relationships between the data-—even when the species are
completely unrelated chemically. Figure 5.15 shows a good example of this tight
correlation.

Because these correlations exist, a knowledge of the abundance of one long-lived
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Figure 5.15 N.O abundance versus CH, abundance, measured between 400 and 450 K
potential temperature and between 72.4°S and 68.4°N. Data measured by the shuttle-borne
ATMOS instrument [191] on the ATLAS 1, 2, and 3 missions.

tracer provides mformation about other long-lived constituents in an air parcel. This
is extremely useful when one does not have measurements of all of the constituents
needed for an analysis. For example, if one knows that the N,O in an air parcel is
175 ppbv, then from Figure 5.15 it can be inferred that the CH, abundance is 1.2 ppmv.

To understand why the abundances of long-lived species correlate, one must first
understand the concept of slope equilibrium. In regions of the atmosphere where the
photochemical lifetime 1/L of a constituent is much longer than the time-scale for
horizontal eddy transport (a few months), it was shown by Plumb and Ko [192] that
the slopes of the isopleths are functions only of the circulation of the atmosphere
[192]. This situation is known as slope equilibrium.

If two species both obey slope equilibrium, isopleths of the species will therefore
be coincident, as is shown in the lower stratosphere of Figure 5.16. How one samples
this region of the stratosphere is irrelevant [192]. Concentration Al will always be
associated with concentration B1, A2 with B2, and A3 with B3. A scatter plot of the
concentrations will therefore yield a “compact relation”: one where the abundance
of tracer A is a unique function of the abundance of another tracer B, i.e. [A] =f(|B]).
with no dependence on other variables such as altitude or latitude. The condition
where both constituents obey slope equilibrium is often called the “compact relation
regime”.

Now, assume that constituent A has a shorter lifetime than constituent B. There is
some altitude range in the atmosphere over which constituent A is not in slope
equilibrium, but because of its longer lifetime, constituent B is. As a result, the
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Figure 5.16 Tracer correlation schematic. Solid black lines are isopleths for tracer A, and
gray dashed lines are isopleths for tracer B. Thin dashed lines are paths in the atmosphere
over which the tracers are sampled.

isopleths of constitucnt A are shallower than those of constituent B. This situation is
shown in the upper stratosphere in Figure 5.16, Because the isopleths are not
coincident, there is not a single compact relation between constituents A and B.
Instead, the correlation obtained depends on how the atmosphere is sampled. To
illustrate this, Figure 5.16 also has four thin dashed lines on it—two vertical and two
horizontal. Consider the two vertical lines first and imagine that one is measuring A
and B along these two paths. On the equatorward line, one sees that concentration
A5 is assoctated with B4. On the poleward line, A5 is associated with B6. Sampled
this way. there appears to be a latitude dependence to the tracer relation [185]. Now
consider the two horizontal lines and imagine measuring A and B along these two
paths. On the lower altitude line, concentration A4 correlates with B4, and AS
correlates with B6. On the higher altitude line, concentration AS correlates with B4,
and A6 correlates with B6. Sampled this way, there appears to be an altitude
dependence to the tracer relation.
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Problems

L. Imagine that the Brewer--Dobson circulation and the horizontal eddy transport
both speed up.

(a) What will happen to the mean age of air in the stratosphere?

(b) What will happen to the total amount of Cl;, NO,, and Br| in the stratosphere?

2. Water vapor budget of the stratosphere.

(a) What is the mass of the stratosphere?

(by Assuming a lifetime of stratospheric air of 2 years, what is the mass flow out of
the stratosphere (in kg s 1)?

(c) The “small comet” hypothesis. Virtually all of the hydrogen in the stratosphere
is transported there from the troposphere. However, it was suggested at one
point that 20 comets hit the Earth every minute, and that each comet contained
30 tonnes of H,O. If this water is deposited in the stratosphere (and then well
mixed throughout the stratosphere), then how much water vapor in the strato-
sphere would be attributable to this source?

(d) Tropospheric sources of total hydrogen match the observed stratospheric total
hydrogen abundance to within a few percent. How much of a missing source of
water vapor can therefore be accommodated? Is the small-comet hypothesis
consistent with this uncertainty? How could one modify the small-comet
hypothesis to be consistent with these calculations?

3. DIY (“debunk it yourself”). Explain why this is wrong:

A new study reports measurements by a satellite that indicate a localized and nat-
ural source of BrQ, a known ozone-depleting substance, in the Arctic troposphere,
especially over the Hudson Bay area. The measurements show a springtime
“plume” of bromine, which destroys ozone in the Arctic troposphere. If this
naturally produced chemical mixes into the polar stratosphere it could be the
source of the stratospheric “ozone hole”, found in polar regions during springtime,
instead of man-made refrigerant chemicals (as is currently believed).

4. Help Mark 5. calculate column Ox:

(a) Given the O; VMR as a function of pressure, derive an expression for the
column abundance in Dobson units.

(b} Assuming that the VMR of O, is zero in the troposphere and § ppmv in the
stratosphere, what is the column abundance? Assume the tropopause is at
200 hPa.

(c) Now assume that a weather system causes the tropopause to rise to 150 hPa.
What is the column abundance?

(d) Franco asks Mark to explain why the column changes. Help Mark out.



Chapter 6 Volcano!! Effects of the 1991 Eruption of
Mount Pinatubo on the Stratosphere

In Chapters 1-5 we discussed the processes that produce, destroy, and transport O,.
Together, these processes determine the distribution of O, in the stratosphere. In this
chapter we study the effect of a perturbation to the stratosphere——in this case, a large
increase in SO, abundance following a major volcanic eruption.

The focal point of this discussion is the eruption of Mount Pinatubo in the
Phillipines (15°N, 120°E) on June 15, 1991. This eruption injected ~20x 10" g
(20 Mt) of SO, into the tropical stratosphere {22,23]. Figure 1.9 shows that in the
years after the eruption, global average column O, declined significantly (see also
[24-26]). There 15 now a general consensus that this decrease in O, was causally
linked to the injection of SO, into the stratosphere by Mount Pinatubo. In this
chapter, we will discuss the theories about how this injection of SO, led to the
reduction of stratospheric O This exercise will demonstrate the subtlety and com-
plexity that makes ozone such an interesting constituent.

It should be noted that volcanic perturbations to the stratosphere are not rare
events but occur on average every few years [193]. Between 1984 and 1996, for
example, there were at least three eruptions besides Mount Pinatubo that perturbed
the stratosphere [194}. And just prior to that time frame, in March and April 1982,
there was a major eruption of El Chichdn (17.3°N), which is also believed to have
reduced stratospheric O, [195].

6.1 Evolution of the Aerosol Surface Area from 1985 to 1997

As discussed in Chapter 2, a volcanic eruption can significantly increase the stratos-
pheric aerosol surface area density (SAD) of the stratosphere. Figure 6.1 shows two
views of the evolution of the lower stratospheric SAD between 1985 and 1997.
Between 1985 and mid-1991 the lower-stratospheric SAD gradually decreased from
~3 10 ~1 pm® cm™ as the aerosol from the eruptions of El Chichén in 1982 and
Nevado del Ruiz in November 1985 was flushed from the stratosphere. The eruption
of Nevado del Ruiz can be seen in both parts of Figure 6.1 as the increase in the
SAD in late 1985 and early 1986 over the equator. In mid-1991, Mount Pinatubo
erupted, and the effects on the stratosphere were dramatic [ 196]. The acrosol SAD
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increased within months to about 30 times its abundance prior to the eruption [45].
In the years since the eruption, the aerosol SAD has decreased, and, by 1999, the
aerosol SAD was nearing the background.

The maximum enhancement of the SAD from a volcanic eruption generally
occurs in the lower stratosphere (e.g. see Figure 2.3) because the vast majority
of the volcanic effluent is only energetic enough to reach this level of the strat-
osphere.

In addition to the changes in the aerosol SAD, the size distribution and the related
properties of the particles (e.g. effective radius, optical depth) making up the aerosol
cloud also varied after the eruption of Mount Pinatubo [48,197]. No other species of
importance to stratospheric chemistry, in particular HCl, appear to have been
injected into the stratosphere by the eruption [198,199].

6.2 Effect of an Increase in Aerosol Abundance

The increase in the aerosol SAD due to a volcanic eruption affects the chemistry,
radiation field, and circulation of the stratosphere. We will discuss each effect in
turn.

6.2.1 Chemical effects due to heterogeneous chemistry

As discussed in Chapter 2, the rate constant for the first-order loss of a constituent
in a heterogeneous reaction can be written (Equation (2.21)):

where V is the thermal velocity of the reactant molecule, A is the aerosol SAD, and
v is the reactive uptake coefficient (the fraction of collisions between X and the par-
ticle that result in a reaction).

The increase in the SAD following an eruption leads to an increase in the rate con-
stants of the heterogeneous reactions. As we will show, this in turn leads to changes
in the partitioning of the chemical families relative to the nonvolcanic state. If these
changes include changes in the abundances of O,-destroying radicals, then changes
in the abundance of O, may result. Finally, because the increase in SAD due to a vol-
cano occurs primarily in the lower stratosphere, the major impact of heterogeneous
chemistry occurs there.

N,O; hydrolysis  The most important heterogeneous reaction in the stratosphere is
the hydrolysis of N,Os. During the night, N,O; is formed in the reaction between
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NO, and NO, (reaction (4.41)). This N,O; is subsequently converted to HNO, via
hydrolysis (reaction (4.48)) [ 101]:

N,O, + H,0 &% 2HNO,

The increase in the aerosol SAD after volcanic eruptions increases the rate constant
K0 <raermsas Which, in general, increases the rate at which N,Oy is hydrolyzed and
HNﬂ()'3 is formed. Because the rate at which HNO, is converted back to NO, is
unchanged, the abundance of NO, relative to HNO, decreases [116].

Figure 6.2 shows the [NO,[/[NQ,] ratio in the Jower stratosphere as a function of
the SAD in three different seasons. Consistent with our previous discussion, this fig-
ure shows that an increase in the SAD is generally accompanied by a decrease in the
abundance of NO,. Additionally, the abundance of NO, (relative to NO,) increases
from winter to equinox to summer. This occurs because of the decreasing length of
night (during which NO, is converted to HNO, via N,0O hydrolysis) and increasing
photolysis rates of the NO, reservoirs HNO,, N,O;, and CIONO, (whose photolysis
produces NO,).

Interestingly, changing the aerosol SAD has the largest effect on the [NO,J/[NO,]
ratio at low SADs. Above ~5 pm’ cm™, changes in the SAD have little effect on the
NO,/NO, ratio [116,200]. Note that the background SAD in the lower stratosphere,
~1 pm” cm %, is in the region where the [NO [/[NQ,] ratio shows a large sensitivity
to changes in the SAD.

The small sensitivity to changes in the aerosol SAD seen in Figure 6.2 when the
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Figure 6.2 Daytime-averaged steady-state lower-stratospheric {NO,l/ING,] ratio versus the
acrosol SAD (um® con™) from a model. Model run for 45°N, 220 K, and 50 hPa.
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surface area is greater than ~5 um” cm” is often referred to as “saturation™——i.e. the
atmosphere is satorated with respect to N,O; hydrolysis, so further increases in
surface area have no effect on the NO, abundance. Saturation occurs when the life-
time of N,O; with respect to hydrolysis (1/H;Ok'y,.,,) is much shorter than the
length of the night. When this 15 true, every N,O, formed during the night is
hydrolyzed to form HNO,. In this case, the rate at which NO, is converted to HNO;
through hydrolysis is limited by the rate at which N,O; is formed. and not by the rate
of N,O; hydrolysis. Additional SAD does not increase the rate of N,O4 formation,
and therefore does not affect the rate of conversion of NO, to HNO..

There is a subtle point here. The addition of aerosol SAD always increases the
rate constant for the heterogencous reaction. However, the rate of the reaction is the
rate constant times the concentration of the reactant. For N,O; hydrolysis, once sat-
uration is reached, further increases in the rate constant are accompanied by
decreases in the concentration of N,Qs, so that the product of these is unchanged.

BrONQO, hydrolysis Another hydrolysis reaction is the hvdrolysis of BrONO,
(reaction (4.87)):

BrONO, + H,0 % HOBr + HNO,

There are two fundamental differences between the hydrolysis of N,O; and that of
BrONQO,. First, because formation of N,Og occurs only at night, the effectiveness of
the hiydrolysis of N,O; increases as the length of the night increases. BrONO,, on the
other hand, is formed during the day. In air exposed to sunlight, the following cycle
converts NO, and H,0 to HNO, and OH:

BrONO, + H,O =% HOBr + 1HNO,

HOBr + iv—— OH + Br

Br + Oy —> BrO + O, (6.1)

BrO + NO, —%- BrONO,

net: NO, + H,O + Oy — HNO, + OH + O,

After sunset, photolysis ceases, bringing the cycle to a halt. As a result, the effec-
tiveness of this cycle increases with the length of day.

Second, BrONQO, hydrolysis cycle does not saturate with increasing aerosol abun-
dance [102]. Assuming that BrONO, is in the photochemical steady state, we can
write its abundance as

K* 0480, BTOIINO, |

[BrONO,| = (6.2)

18
Jiono, T K Bronoy1n,0
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Multiplying Equation (6.2) by k"souopm,0 Yields an  expression  for
K somoy,0l BTONO, |, which is the rate of reaction (4.87), the hydrolysis of
BrONO,:

(&* BiONO, +1 !3())/"* BrOw N(‘;:[B"O] [NO,]

kHlvm‘)Nl)ZoH:(l{BrONOz] = (6.3)

5]
"Br()N()z +k BEONO+H0

Since "'H‘UN(L)Q > ka()N()zmz()’ the denominator -/zmm>2 + k“Hr()N()ZMI 0= Ju«)w.;z and the
rate of BrONO, hydrolysis scale linearly with the rate constant &' Brono,11,0~—Which,
as we discussed previously, is linearly proportional to the aerosol SAD. It should be
noted that the condition Jyono, > k”,mmr“ Lo is satisfied even for the high aerosol
SAD found after the eruption of Mount Pinatubo [102].

Thus, the importance of the hydrolysis of BrONQO, increases with increasing
length of day and with increasing aerosol SAD. This can be contrasted with the
hydrolysis of N,Os, which becomes less important as the exposure to sunlight by an
air mass increases and exhibits a saturation condition where continued addition of
aerosol abundance does not increase the rate of N,O; hydrolysis.

Low-temperature heterogeneous reactions ‘The hydrolysis reactions of N,O; and
BrONO, have large, temperature-independent reactive uptake coefficients (H.o.i,0
= 0.1, Yaonopmo = 0.8), and therefore can be important under many conditions.
There are several other reactions that occur in/on sulfate aerosols, but are important
only at cold temperatures:

CIONO, + H,0 ™% HOCI + HNO, (6.4)
CIONO, + HCIZ2% 1, + HNO, (6.5)
HOCI + HCI £2%  CL, + H,0 (6.6)
HOBr + HC1™  BrCl + H,0 (6.7)

These four reactions convert chlorine from the long-lived reservoir species HCI and
CIONO, to the more labile species Cl,, HOCL and BrCl. When exposed to sunlight,
Cl,, HOCI, and BrCl are rapidly photolyzed to produce Cl,. Thus, all of these reac-
tions increase the abundance of Cl, at the expense of Cl, reservoir species. The reac-
tions involving CIONO, alse produce the less labile species HNO,, which reduces
NO.,.

Figure 6.3 shows the reactive uptake coefficients y for reactions (6.4)—(6.7) as
functions of temperature for typical lower stratospheric conditions. In general, the
reactive uptake coefficients y are functions of water vapor abundance, particle radius,
ambient pressure, and the abundance of other trace species {29,33]. As one can see,
the reactive uptake coefficients for these reactions are strongly temperature-



6.2 Effect of an Increase in Aerosol Abundance 143

10% 5
10 E
_—
3 107 -
£ E
(1] o
[o3 4
O -l
>
£ 10° 4
L 3
2 ]
10"
] CIONO,+HCI
107 | ] I ]
190 195 200 205 210

Temperature (K)

Figure 6.3 Reactive uptake coefficients ¥ for vanious reactions of stratospheric importance as
a function of temperature. v is for first-order loss of CIONO,, HOCL, and HOBr. Conditions
are typical of the lower stratosphere: 60 hPa. 5 ppmv H,0, and aerosol radius 0.2 pm. {HCl}
is 1.3 ppbv, except for the CIONO,+H,0 reaction, where [HCI] is zero. The CIONO,+HCl
and CIONO,+H,0 formulations arc from Hanson and Ravishankara [30] and Hanson [201],
the HCI+HOC! formulation is from Donaldson ef af. [202], and the HCI+HOBr formulation
1s from D). R. Hanson (personal communication, 1998).

dependent. At temperatures typical of the lower stratosphere (> 210-220 K), these
reactions have reactive uptake coetficients that are so small that the reactions are
negligible. At extremely low temperatures (below ~200 K), such as those found in
the lower stratosphere at high latitudes in winter, these reactions have reactive uptake
coefficients that are large enough for the reactions to become important. For tem-
peratures between these extremes (200-210 K, the reactive uptake coefficients are
such that these reactions are negligible for the background SAD, but potentially
important for an enhanced SAD. such as that found immediately after a volcanic
eruption.

Net cffect of the increase in heterogeneous reaction rates The primary direct
result of the cruption of Mount Pinatubo was the decrease in the abundance of
NO, in the lower and mid-stratosphere compared to the pre-eruption atmosphere
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[46,106,107,116,200,203]. Because the partitioning of each chemical family gen-
erally depends on the partitioning of other chemical families, this direct effect
led to changes in the partitioning of the other chemical families.

Let us first investigate the effect of changing NO, on Cl,, with all other
atmospheric parameters fixed. Cl, is almost entirely composed of the species
CIONO,, HCI, and C1,. Because of the short lifetimes of Cl, and CIONO, com-
pared to HCL, a change in NO, initially drives changes in Ci, and CIONQO,, and a
new equilibrium between these two species is established within a few hours.
Assuming the photochemical steady state, the relative abundance of CI, and
CIONO, can be written as

(€]  [€10] I cono,
[CIONO,] [CIONO,]  £*ci0.na,INO:]

(6.8)

Note that this ratio is proportional to 1/[NO,}]. Assuming that the reduction in NO,
leads to a reduction in NO.,, CI, will increase at the expense of CIONQO,. This inverse
relationship has been verified by observations [70]. It should be noted that because
the abundance of CIONO, in the lower and mid-stratosphere is 5-20 times the
abundance of ClO, large fractional increases-—¢.g. factors of 2-3——in CIO are
accompanied by small fractional changes in the abundance of CIONQO,.

On time-scales longer than the lifetime of HCI (weeks in the lower stratosphere),
the abundance of HCI adjusts to the reduced abundance of NO, and the new parti-
tioning between ClO and CIONQO,. As discussed in Chapter 4, HCI is produced pri-
marily from the reaction between Cl and CH, (reaction (4.11)) and is destroyed by
the reaction between HCl and OH (reaction (4.16)). Assuming photochemical
steady state, the abundance of HCI is therefore a function of the OH, CH,, and ClI
abundances:

k('flp(?ll CH,JICt)

[HCl] =
kucronlOH]

(6.9)

Note that the assumption of the photochemical steady state for HCI is not necessar-
ily correct owing to the long lifetime of HCI in the lower stratosphere (weeks). We
expect, however, that Equation (6.9) gives an accurate indication of how [HCI] will,
on average, change as the abundance of other constituents changes.

According to Equation (6.9), the abundance of HCI is proportional to the
abundance of Cl atoms. As discussed above, the abundance of CI, is proportional to
1/INQ,}, so the decrease in NO, causes the abundance of Cl, to increase. At the same
time, however, the decrease in NO, changes the partitioning between Cl and ClO.
Equation (4.9) says that {Cl1}/[CIO] is proportional to {NOJ: so while CI, is increas-
ing, the decrease in NO, also causes Cl to make up a smaller component of C1. If
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the ratio of [NO] to [NO,] remains fixed, then these two effects cancel, and [Cl]
remains unchanged.

In the lower and mid-stratosphere the ratio [NOJ/[NG,] (Equation (4.39)) can be
approximated:

[NO]  Jxo,

= (6.10)
[NO,I  Axoio,lO4]

If there is no change in O, or Jy,,, the ratio [NOJ/[NO,] will be unchanged by a
reduction in NO,. Thus, the abundance of Cl atoms will remain unchanged—despite
a significant increase in Cl. Reiterating, this occurs because the increase in
|CLI=[ClO] + |Cl} driven by the decrease in NO, is exactly compensated for by a
decrease in the [C1)/{CL,] ratio driven by the decrease in NO. Because [Cl]} does not
change, we expect little change in [HCL] from the direct effect of decreases in NO,.

Thus, a reduction in NO,, holding everything else constant (OH, CH,, and O, rate
constants, photolysis frequencies), increases Cl, at the expense of CIONQO,, while
leaving HCI unchanged. In reality, of course, the response of Cl, partitioning will
depend on the changes in all of the geophysical parameters. It turns out, however,
that the decrease in NO, is the dominant effect and can explain most of the changes
in the partitioning of Cl..

Observations verify that the eruption of Mount Pinatubo in 1991 did indeed
have a dramatic effect on the partitioning of Cl. Concomitant with the decrease
in NO_, CIO (which accurately approximates Cl,) was observed to increase
[46.70,116,204}, with little change observed i HCI [205]. Models [206-209] esti-
mate that, in the years following the eruption of Mount Pinawbo, Cl, increased
by thirty to scveral hundred percent, depending on the latitude, time of year, and
aerosol abundance.

Next we turn to the HO, family. We saw in Chapter 4 how the hydrolysis of N, Oy
and BrONO, followed by the photolysis of HNO, produces HO, {cycles (4.55) and
(4.56)). The increase in the aerosol SAD after a volcanic eruption therefore leads to
an increase in the rate of HO, production, which tends to increase the HO, abun-
dance. The increase in production rate due to hydrolysis reactions can be significant:
at high surface areas, production of HO, from the hydrolysis of BrONQO, competes
with the direct gas phase oxidation of H,0O (reaction (4.54)) | 102}]. Additionally, the
decrease in NO, slows the loss of HO, due to formation of HNO, (reaction (4.42)),
which further tends to increase HO,. Models [206-208] estimate that, in the years
following the eruption of Mount Pinatubo, HO, increased by 20-100%, depending
on the latitude, time of year, and aerosol abundance.

In addition to affecting the total abundance of HO,, NO, also plays a role in par-
ttioning HO,. Equation (4.66) indicates that the ratio [OH}/[HO,] is proportional to
the abundance of NO, so a reduction of NO leads to increased HO, relative to OH,
an effect verified by lower-stratospheric observations of HO, | 74]. This is potentially
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important because it is the HO, radical that rate limits the most important O, loss
cycles: increasing HO, at the expense of OH will increase the loss rate of O, attrib-
uted to HO, chemistry. It should be noted, however, that becanse the abundance of
HO, generally exceeds OH by a factor of 5, significant increases in the ratio are
accompanied by modest increases in the absolute abundance of HO,,

The net effect of heterogeneous chemistry on odd-oxygen abundance As we have
discussed several times, the total loss rate of O, is twice the sum of the rates of
the catalytic cycles. For the NO, catalytic cycle the rate of O, loss is proportional
to the abundance of NO,. The increase in the aerosol SAD leads to a reduction
in NO, and therefore a decrease in the loss rate of O, due to the NO, cycle. This
same reduction in NO,, however, leads to an increase in the rate of O, loss due
to the Cl, and HO, catalytic cycles. These two effects oppose each other, and the
sign as well as the magnitude of the net effect depends on which of these changes
is largest.

In the case of the eruption of Mount Pinatubo, in the lower stratosphere the increase
in the rates of the Cl_and HO, catalytic cycles dominated the decrease in the rate of
the NO, catalytic cycle [74]. As a result, the total O, loss rate increased with decreas-
ing NO,, leading to a decrease in lower-stratospheric O,. In the mid-stratosphere, on
the other hand, the decrease in NO, dominated the increase in Cl, and HO . As aresult,
the total O, loss rate decreased with decreasing NO_, leading to an increase in mid-
stratospheric O, [203]. This is shown schematically in Figure 6.4.

Because the abundance of NO, is very sensitive to changes in the SAD when the

Lower Mid
Stratosphere Stratosphere

Halogens

O, Loss Rate

HO

NO,

Figure 6.4 Schematic of the contributions of the various catalytic cycles to the rate Q, loss
as a function of NO, abundance. The solid vertical lines represent the situations in the lower
and mid-stratosphere. (Modified from Wennberg er af. [74]. Figure 7.)
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SAD is near background amounts, even small increases in the SAD above back-
ground can lead to important changes in the chemistry of the stratospheric O,. As a
result, an energetic volcanic eruption like Mount Pinatubo can perturb the heteroge-
neous chemistry of the stratosphere over almost the entire globe. And the chemistry
will remain perturbed until the SAD is back to near background, which takes several
years,

Finally, it should be pointed out that the response of the atmosphere to Mount
Pinatubo was possibly unique in the history of the Earth. It has been argued that for
stratospheric total chlorine abundances consistent with only natural sources—about
0.6 ppbv-—the decrease in O loss caused by the decrease in NO, would have
dominated increases in HO, and Cl, [210]. As a result, O, would have increased
throughout the stratosphere after a Pinatubo-like eruption.

6.2.2 Effects due to changes in photolysis rates

In addition to modifying heterogeneous chemistry, aerosols also absorb and scatter
ultraviolet, visible, and infrared radiation. Thus, a change in the number, composi-
tion, or sizes of aerosol particles can modify the radiation field of the atmosphere
[211,212]). This can lead to changes in the photolysis frequencies of molecules in the
stratosphere, leading to changes in the chemical composition of the stratosphere. For
Mount Pinatubo. the greatest impact was in the tropics, where the SO, was injected,
and immediately after the cruption, before the cloud had a chance to disperse. After
about a year, the aerosol cloud was sufficiently dispersed that it had a negligible
effect on the photolysis frequencies.

In the tropical lower and mid-stratosphere, abundances of NO,, Cl, and Br, are
low. Consequently, the most important photolysis frequencies are J,, and J,,,, the
dissociation frequencies of O, (reaction (3.1)) and O; (reaction (3.4)), respectively.
After the eruption, J,,, decreased by a few tens of percent in the lower stratosphere
as a result of direct and diffusive beam attenuation due to the aerosol cloud |213}.
This slowed the production of O, which tended to decrease the abundance of lower-
and mid-stratospheric O,.

1y, the photolysis frequency of O,, on the other hand, increased by several per-
cent in the lower stratosphere. This increase occurs because the peak O, absorption
occurs at wavelengths longer than ~250 nm, where multiple scattering plays an
important role in distributing the solar radiation. At these wavelengths the increasc
in scattered radiation due to the aerosol particles dominates the attenuation of the
direct beam by the acrosol particles [213]. The increase in J,, increases the abun-
dance of O atoms, which increases the rate of destruction of Q.. This in turn tends to
decrease the abundance of O,.

Thus, changes in Jo, and Jo, both tend to decrease O, in the lower and mid-
stratosphere.
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0.2.3 Changes in the circulation of the atmosphere

Another consequence of the perturbation of the radiation field by aerosols can be
seen in Figure 6.5. This figure shows clearly that the aerosols from the Mount
Pinatubo and El Chichon eruptions caused a rise in the temperature of the lower
stratosphere {214,215} (Figure 6.5). This warming is collocated with the volcanic
cloud, so for both El Chichdn and Mount Pinatubo most of the warming took place
at Jow latitudes.

This heating resulted in a strengthening of the Brewer—Dobson circulation—
enhanced rising motion in the tropics and enhanced downwelling at mid- and high
latitudes [209,214-216]. As discussed in the last chapter, the circulation of the strat-
osphere plays an important role in determining the distribution of stratospheric O,.
Changes in the circulation can therefore be expected to effect the distribution of
stratospheric O..

In the tropical lower stratosphere, the air has low abundances of NO,, Cl, and Br,,
so chemical loss of O, is negligible compared to production and transport (see Figure
5.14). Horizontal transport can be neglected because of a combination of weak
horizontal mass transport into the tropics [182,184] combined with the small hori-
zontal gradient of O,. It should be noted that for some species, such as N,O or F11,
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Figure 6.5 Globally integrated (65°S-N) and area-weighted temperature anomaly in the MSU
channel 4 data, which provide a measure of the weighted mean temperature in the 150-50 hPa
layer. The anomaly is calculated as differences from a seasonally varying pre-Pinatubo average
calculated over the 4 vears 1987--1990. The dotted lines marked “El Chichén™ and “Pinatubo™
show the times of the eruptions. Quasi-bienmal oscillation effects have been removed.
(Adapted from Randel er o. [25}], Figure 15, but using updated MSU data W. J. Randel, F. Wu,
personal communication. 1998.) Tick marks represent January | of each vear.
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the gradient between the tropics and mid-latitudes is large enough that horizontal
transport cannot be neglected [182].

Based on this, O, in the tropical lower stratosphere (below ~24 km altitude) can
be modeled simply. We can write the continuity equation for O, in this region [{217]
as

a{0,] d[0,]
Jt * Jz

(6.11)

where P, is photochemical production rate and w is the vertical velocity.
Assuming‘production is unchanged, at steady state an increase in vertical veloc-
ity w will be accompanied by a decrease in the vertical gradient of O, (9]0,]/dz).
Assuming that [O] at the tropopause does not change, a decrease in the vertical
gradient means that there is less O, at each altitude above it [217]. Thus, the
strengthening of the Brewer—Dobson circulation decreased column O, in the
tropics {215,218}

At mid- and high latitudes the O, abundance is set by the more complicated inter-
play between production, loss, and transport. Model simulations indicate that the
increasing strength of the Brewer—Dobson circulation after the eruption of Mount
Pinatubo led to the transport of more O, into these regions, leading to an increase in
column O, [207,209,214,216].

6.3 The Net Effect

The net change of O, following a volcanic eruption is determined by the combina-
tion of the three effects discussed in this chapter: the increase in the rate of hetero-
geneous reactions, changes in the photolysis frequencies, and changes in the
circulation of the stratosphere.

The dominant effect is the increase in the rate of heterogeneous reactions. Models
[207-209] suggest that this effect by itself led to significant decreases of O, after the
eruption of Mount Pinatubo (as well as atter El Chichon [195]). The effect is most
pronounced at mid- and high latitudes during the winter and early spring. Here the
enhancement of N,O; hydrolysis is most effective because of the long nights found
there.

Additionally, in regions of cold temperatures (high latitude, wintertime, lower
stratosphere), the heterogeneous chilorine reactions (reactions (6.4) to (6.7)) become
important due to the enhanced SAD. These reactions convert the relatively unreac-
tive Cl, reservoir species HCI and CIONO, into more easily photolyzed species such
as Cl, and HOCI, thereby increasing Cl..

Models predict that the heterogeneous-chemistry perturbation alone reduced
lower stratospheric O, by 20—40% at mid- and high latitudes during winter and carly
spring, leading to a ~10% decrease in column O, At other times of year,



150 6 Volcano!! Eruption of Mount Pinatubo

extratropical column decreases were a few percent. In the tropics, the heteroge-
neous-chemistry perturbation had Jittle effect. consistent with the general lack of
importance of chemical loss for O, in this region. Predicted changes in tropical col-
umn O, from the heterogencous-chemistry perturbation were a percent or less
throughout the year.

The models predict that the effect from changes in the photolysis frequencies is
small. The maximum effect occurs in the tropics, where changes in the photolysis
frequencies decreased column O, by at most a percent or so.

Finally, the models predict that changes in the strength of the stratospheric circu-
lation reduced column ozone in the tropics by a few Dobson units, i.¢. a few percent.
This low-latitude decrease is accompanied by an increase in extratropical O, of about
the same magnitude.

Column O, measurements do indeed show substantial decreases in column
ozone (of the order of 5-10%) over large regions of the globe following the
eruption of Mount Pinatubo (Figure 6.6) [25]. The largest losses were observed
in northern hemisphere middle and high latitudes during winter—spring of each
year (largest in 1992-1993), over southern hemisphere high lattudes in spring
1993, and episodically over the tropics during 1991-1993. In general, these
changes are consistent with model simulations of the post-Mount Pinatubo
stratosphere.
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Figure 6.6 Globally integrated (65°S—-N) and area-weighted TOMS column ozone anomaly.
The anomaly is calculated as differences from a seasonally varying pre-Pinatubo average
calculated over the 4 years 1987-1990. The dotted lines marked “El Chichdn” and “Pinatubo”
show the times of the eruptions. QBO effects have been removed. (After Randel ¢/ al. |25],
Figure 15.)
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Problems

1. Would a volcano erupting at high latitude have as significant global effect on
stratospheric chemistry as one erupting near the equator?

2. Because Jy on0, 2 K gronoaanor the rate of BrONO, hydrolysis scales linearly with
aerosol surface area density. How would it scale if Jpong, <€ k”]mxnynzu‘-’

3. In steady state the abundance of HCI is proportional to the abundance of Cl atoms.
Derive the ratio [CH}/(|CL] + [CIONO.}) in terms of rate constants, photolysis
frequencies, and the abundances of other trace species. Assume steady state applies.
How do you expect HCI to change if NO, changes (you can assume the ratio
[NOJ/INO,] does not change)?

4. It turns out that the reactive uptake coefficients for reactions {6.4)—(6.7) increase
with increasing water vapor abundance. If water vapor were to increase (but other
geophysical parameters remained the same), would that make a Pinatubo-like erup-
tion have a greater or lesser impact on stratospheric 0,? Explain your answer.



Chapter 7 Polar Chemistry

7.1 The Antarctic

The discovery of the Antarctic “ozone hole” by Farman et al. [12] was a watershed
in atmospheric science. Prior to this discovery, the idea that human activity could
affect stratospheric O, was theoretical and the effect was expected to be relatively
small. In the years after the discovery, it was firmly established that chemical com-
pounds emitted by human activities at the Earth’s surface could cause spectacular
changes of stratospheric O,. In this chapter, we will discuss the scientific evidence
linking the emission of chlorofluorocarbons (CFCs) at the surface with winter and
springtime ozone loss in the high latitudes of both hemispheres.

7.1.1 Observations

The term “Antarctic ozone hole” refers to the annual decrease of column O, at high
southern latitudes in late winter and early spring. Its formation follows a similar
pattern every year. Starting in mid-August, corresponding to the return of sunlight to
the polar region, a region of low column O, develops, centered approximately over
the South Pole. In subsequent weeks, the area and depth of the low column O, region
increases, reaching a maximum in early to mid-October. Thereafter, column O,
increases, leading to a reduction in the size of the low-O, region. By the beginning
of December, column O, is approximately back to normal, and the ozone hole is
gonc until the next year.

Figure 7.1 shows the area of the Antarctic ozone hole as a function of time. In
1980, the area of the ozone hole was small; in fact, it is generally agreed that the
Antarctic ozone hole did not exist prior to the late 1970s. By the mid-1990s the
ozone hole covered ~25 million km?, or about 10% of the area of the southern hemi-
sphere. The uncertainty in the data in Figure 7.1 is quite small; year-to-year fluctua-
tions in the area are caused by year-to-year meteorological variability.

One can also measure the “depth” of the ozone hole—how low the column O; gets
within this region of low O,. Figure 7.2 shows a time series of October-average
Antarctic column Q,. Prior to the mid- to late 1970s, high-latitude column ozone was

152
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Figure 7.1 Area of the Antarctic ozone hole between October 1 and October 15 of each year
versus year. By convention, the size of the ozone hole is defined to be the average area
enclosed by the 220 DU contour. Column O, data are version 7 TOMS data.

above 300 DU in October. During the 1980s and 1990s, column O, decreased
rapidly. By the mid-1990s, column O, in this region was only about one-third of its
1950-1960s value.

Figure 7.2 also shows that the increases in size and depth of the Antarctic ozone
hole correspond well with the growth of the tropospheric abundance of CFC Fil
(CCLF), which is a primary contributor to stratospheric Cl. Farman et al. [12] used
this correlation to suggest correctly that the ozone hole was the result of the build-
up of chlorine in the stratosphere.

Figure 7.3 show the anatomy of the Antarctic ozone hole. The distribution of early
spring ozone shows the same overall shape in all years: there is a maximum in col-
umn ozone around 55°S (the “subpolar maximum’), with column ozone decreasing
toward the pole. This overall distribution, a subpolar maximum surrounding a polar
minimum, is caused by the circulation of the southern hemisphere and is not related
to O, chemistry.

In October 1979, considered representative of the atmosphere prior to the ozone
hole. the subpolar maximum in the column O, is ~370 DU, while the polar minimum
is ~300 DU. By the mid-1990s, the subpolar maximum had decrcased little, if any,
but the polar minimum had decreased to 150-170 DU, a decrease of nearly 50%.
And individual measurements of column ozone of ~100 DU or less were observed
[14]. Thus, we see that the Antarctic ozone hole is a deepening of an already exist-
ing polar ozone minimum.
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Figure 7.2 High-latitude southern hemisphere column O, observed in October versus year.
Solid symbols are satellite measurements, and are the value of the minimum grid point of the
October monthly average column O, fields. Circles are Nimbus 7 and METEOR TOMS: tri-
angles are Nimbus 4/BUV. Crosses are the October averages from the British Antarctic
Survey's Dobson instrument at Halley Bay. The solid line is global average tropospheric F11
{CC1,F) abundance (from NOAA CMDL).
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Figure 7.3 Column O, versus equivalent latitude averaged over October 1 to 15, 1979, 1992,
and 1996. Equivalent latitude 1s calculated from NCEP balanced winds on the 465 K poten-
tial temperature surface. Column O, measurements are version 7 Nimbus 7/TOMS data for
1979 and 1992 and EPTOMS data for 1996.
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In the rest of this chapter we discuss the physical processes that lead to the for-
mation of the ozone hole. We will initially focus on the Antarctic, and then turn our
attention to polar O, loss in the Arctic.

7.1.2 The vortex

The first step in the formation of the Antarctic ozone hole 13 the formation of the
polar vortex {187]. During the winter the Antarctic region experiences 24 h of dark-
ness every day. There is no heating by absorption of solar ultraviolet radiation dur-
ing this time. Emission of thermal radiation, however, continues, causing the
Antarctic lower stratosphere to cool (Figure 7.4). The resulting cold polar tempera-
tures coupled with relatively warm temperatures in the mid-latitudes causes a strong
pressure gradient to form between the polar and mid-latitude regions. Because of the
coriolis force. this north-south pressure gradient creates a zonal (east-west) wind.
Figure 7.5 shows contours of the zonal wind velocity. Note the region of high
wind velocities near 60°S. Such a region of high wind velocity is often referred to as
a “jet”, and the jet near 60°S is known as the “polar night jet”. The polar mght jet
extends vertically from about 100 hPa to the upper stratosphere, reaching a
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Figure 7.4 Arca covered by temperatures less than 195, 189, and 185 K at 465 K potential
temperature (~20 km) in the southern hemisphere. Temperatures are from the UKMO
assimilation system.
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Figure 7.5 Contours of the zonal average of the zonal wind velocity (n s} on August 21,
1995. Positive values represent westerly winds, Winds are from the UKMO assimifation
system.

maximum velocity of nearly 100 m s'! in the middle stratosphere between 30 and
35 km.

The term “polar vortex™ refers to the region poleward of the polar night jet.
Scientific analyses of the vortex, however, generally use a definition of the vortex
edge based on the maximum gradient in potential vorticity (PV) [219]. This defini-
tion is superior to a definition based on maximum wind speed because PV is con-
served by atmospheric transport (on time-scales of a month or less) in a manner
similar to trace gases. Thus, defining the vortex using PV better captures the effects
of vortex isolation on the trace gas distribution. In 1992, the Antarctic polar vortex
covered ~35 million km?, encompassing virtually all of the southern hemisphere
poleward of about 60°S. While the vortex is subject to normal meteorological vari-
ability, there is no evidence that the overall properties of the Antarctic polar vortex
have changed over the last 18 years.

It is important to note that the polar vortex and the Antarctic ozone hole are dif-
ferent entities. The ozone hole 1s the region covered by low values of column O,,
while the polar vortex is defined by the meteorological conditions. Between 1980
and 1996 the area covered by the polar vortex remained roughly constant. During
this same time the size of the Antarctic ozone hole increased dramatically (see
Figure 7.1). By the mid-1990s the ozone hole covered about two-thirds of the vortex.
As we will discuss, the increase in areal extent of the ozone hole is due almost
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entirely to the increase in stratospheric chlorine over this time period, and not to
changes in meteorology [220].

The Antarctic polar vortex has two important properties without which the for-
mation of the Antarctic ozone hole would not occur. First, the temperatures in the
vortex are cold (see Figure 7.4). This allows the formation of polar stratospheric
clouds (PSCs), which play a pivotal role in the chemistry of the ozone hole. We will
discuss PSCs in detail in the next section. Second, as mentioned in Chapter 3, the
edge of the polar vortex is a mixing barrier that isolates the Antarctic polar strato-
sphere from the mid-latitudes over the altitude range between ~425 and ~1000 K
{~18 and 35 km) [186,188,221,222]. To show the isolation of the vortex, in Figure
7.6 we plot O; measured on the 465 K potential temperature surface (~20 km, in the
lower stratosphere) as a function of equivalent latitude. There is a strong gradient in
ozone collocated with the edge of the polar vortex at 60°S. A strong gradient in a
constituent with a lifetime of weeks or longer can be maintained only if mixing is
slow; otherwise, mixing would wipe out the gradient.

As we will show, the chemical composition of the polar vortex is very different
from the chemical composition of the mid-latitudes. As a result, the isolation of the
vortex from mid-latitude air is crucial for the development and maintenance of the
Antarctic ozone hole. Without it, mixing of polar vortex and mid-latitude air would
short circuit O, loss, and prevent the formation of the whole.

Ozone (ppmv)
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Figure 7.6 Ozone abundance versus equivalent latitude on the 465 K potential temperature
surface for September 15, 1992, Dots are individual measurements, and the solid line is an
average of the data. Equivalent fatitude is derived from UKMO PV. The vertical line denotes
the edge of the vortex, as determined by the Nash ez al. {2197 algorithm. Ozone data are from
the 205 GHz channel of the UARS MLS (version 4).
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While horizontal transport into the Antarctic polar vortex is negligible between
~425 and ~1000 K (18 and 35 km), vertical descent within the vortex does occur
{186,221,223,224]. This descent is attributable to the mean overturning circulation
of the stratosphere, which features air descending at mid- and high latitudes, as weil
as the fact that the polar lower stratosphere is cooling, and air occupies a smaller vol-
ume as it cools. Figure 7.7 shows a calculation of the descent of air parcels within
the Antarctic polar vortex. The calculation shows that air in the Antarctic polar
region descends rapidly during the fall, with the rate of descent slowing as the region
enters winter. By the middle of winter (late July) the descent in the lower strato-
sphere has virtually stopped, and the polar vortex is close to radiative equilibrium;
in the upper stratosphere, descent is still occurring, but at a greatly reduced rate.

The return of sunlight at the end of winter begins heating the polar vortex, lead-
ing to higher temperatures there (see Figure 7.4). This in turn reduces the latitudinal
pressure gradient, which in turn reduces wind speeds around the vortex. As the speed
of the jet around the vortex is reduced. so too is the stability and isolation of the vor-
tex. The vortex wind system abruptly transitions to the summer wind regime by way
of an event called the final stratospheric warming [222,225-226}, which typically
occurs in late November to late December, depending on altitude. During this final
warming the Antarctic vortex breaks into smaller air masses which then mix with
mid-latitude air [227]. It is this break-up of the Antarctic polar vortex that marks the
end of the Antarctic ozone hole.

Finally, it should be noted that the area covered by, the range of temperatures of,
and the longevity of the Antarctic polar vortex exhibit year-to-year variability (see
WMO [13], Figure 3.3). As will be shown later, the meteorological variability of the
polar vortex has important implications for the size and depth of the ozone hole.

7.1.3 Polar processing

Polar stratospheric clouds At the cold temperatures found within the polar vortex,
water vapor and nitric acid condense to form particles known as PSCs. PSCs are cru-
cial to the chemistry of the polar region because, much like sulfate aerosols, they
provide surfaces on which heterogeneous reactions can take place. The exact tem-
perature at which PSCs form is a tunction of pressure and trace gas abundances, but
a canonical formation temperature, valid near 20 km for typical lower stratospheric
conditions, is ~196 K. Because of the requirement for such low temperatures, PSCs
exist only in the winter and early spring polar regions from the tropopause to alti-
tudes as high as ~26 km (see WMO [13], Figure 3.10).

PSCs are subdivided into two classes, designated imaginatively as type | and type
I1. Type 1 PSCs form at temperatures several degrees above the frost point (where
water vapor condenses into ice). Because of this, it was suggested that type 1 PSCs
were composed of a mixture of water and nitric acid [228-230]. Laboratory work
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Figure 7.7 Potential temperature versus time for air parcels initialized at various potential
temperatures in the Antarctic polar vortex in 1987. The lines show the evolution of potential
temperature of individual parcels. (After Rosenfield er al. [224).)

showed that crystalline HNO,-3H,0 (nitric acid trihydrate or NAT) was thermo-
dynamically stable for stratospheric coaditions below ~196 K [231]. This work,
combined with in situ observations [232], led the field initially 10 identify NAT as
the composition of type [ PSCs.

Subsequent atmospheric observations, however, could not be reconciled with the
NAT co